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Abstract

This work reviews the experimental constraints on the concentrations of volatiles
that can be expected in melts found in the crust and the saturation of such melts
with a separate fluid phase. After presenting evidence for volatile concentrations
in magmatic source regions in the crust and upper mantle and discussing volatile
concentrations in magmatic systems, experimental results on the solubility and
partitioning of H,0, CO,, S, Cl, F and a few other minor volatiles at pressures up
to 800 MPa are summarized. Many of the important models used to predict the
solubility and partitioning of these volatiles are then introduced and two models,
both easily available for use, are compared against experimental data. Finally, a
model of isothermal, closed system ascent of a granitic composition magma with
water, carbon dioxide and chlorine is presented to illustrate the evolution of
volatiles in a crustal magmatic system and to demonstrate how this evolution may

affect the formation of ore deposits and the vesiculation of ascending magmas.
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1. Introduction

Magma ascent from depth to the near—surface, or eruption on the surface, is a
fundamental transport mechanism of the volatiles H,0, CO,, S, and halogens in the
Earth system. Magmas ascending from the mantle transport deeply stored volatiles
to shallow levels and may also extract volatiles (and other components) from the
crust and transport them to near—surface environments or the hydrosphere and
atmosphere during volcanic eruptions. Melt extraction from high—temperature
regions of the lower crust modifies residual rock compositions and removes
volatiles, leaving behind volatile—poor, granulitic residues. Indeed, mantle
volatiles have been proposed as a significant source of Earth’ s atmosphere and
oceans (e.g., Brown, 1949; Rubey, 1951; Dauphas, 2003), and magmatic systems are
the most important mechanisms responsible for mantle degassing. Thus, to fully
comprehend the cycling of volatile elements in the Earth system it is essential
that we understand the capabilities of magmatic systems to store and transport

volatiles such as water, carbon dioxide, sulfur, and halogens.

An understanding of the composition and concentration of the volatiles in magmatic
melts is also needed because of the profound influence of volatiles on melt
properties. The concentrations of volatiles dissolved in silicate melts affect
elemental diffusion (e.g., Baker, 1991) and the viscosities of silicate melts

(e.g., Giordano et al., 2008). The concentration of some volatiles, in particular



water, affect the solubilities or partitioning of other volatiles, such as CO,, Cl,
S (e.g., Holloway, 1976; Carroll and Webster, 1994; Dixon et al., 1995; Burgisser
et al., 2008), and as will discussed in Section 4.8 there are effects of some minor
volatile concentrations on the partitioning of other volatiles. Understanding the
changing concentrations of volatiles in silicate melts during ascent and exsolution
will lead to better modeling of silicate melt properties, which affect both the

rates of reactions in magmatic systems as well as the style of volcanic eruptions.

This review concentrates on the solubilities of volatile components in melts at
crustal pressures and temperatures and the evolution of volatile—-bearing melts and
fluid phases during ascent from the lower crust to emplacement in the upper crust
or eruption at a volcano. The rationale for concentrating on the crust is that
most magmas generated in the mantle undergo fractionation and assimilation at
crustal pressures, and most intermediate to silicic magmas are created in the
crust. Additionally, it is at crustal pressures where the greatest changes in most
volatile solubilities occur, especially between the surface and the first few
kilometers depth. Understanding the effects of pressure, temperature and
composition on the solubilities of volatiles in silicate melts will enhance our
knowledge of processes ranging from the formation of ore deposits to the eruption
of volcanoes. This understanding will improve our ability to model the fundamental

biogeochemical cycles involving volatiles found in igneous systems, such as water,



carbon dioxide, sulfur, chlorine, fluorine, bromine and iodine, many of which

significantly influence the global climate.

2. The volatile budget in upper mantle and crustal lithologies

2.1 The upper mantle

The average upper mantle rock contains low volatile concentrations because of its
depleted nature due to crustal extraction and differentiation. Water stored in
micas and amphiboles is limited by the low concentrations of alkalies in the
average upper mantle, only 100’s (K) to thousands (Na) of ppm (e.g., Salters and
Stracke, 2004), which are necessary for stabilizing these phases at upper mantle
pressures. Calculations of the water concentration by 0’Neill and Palme (1998)
yielded estimates of 250 ppm H,0 in the depleted mantle and 1160 ppm H,0 in the
primitive mantle. Albaréde (2009) estimated a similar value of 150 to 250 ppm
water in Earth’s mantle. Carbon dioxide concentrations in the average upper mantle
are similar to those of water, 230 to 550 ppm (Zhang and Zindler, 1993; Jambon,
1994). Hirschmann and Dasgupta (2009) provided a range of mean mantle C
concentrations of 20 to 300 ppm. Lyubetskaya and Korenaga (2007) estimated the
concentrations of halogens and sulfur in the primitive, undepleted mantle to be
only 18 ppm of F, 230 ppm of S, 1.4 ppm of Cl, 3.6 ppb of Br, and 10 ppb of I; the
depleted upper mantle is expected to contain even lower concentrations of these

volatile elements.



Dunai and Porcelli (2002) summarized measurements of ‘He in upper mantle minerals
from xenoliths and demonstrated that its concentration ranges from 10 to 10° cm®
STP g!, where cm® in the units refers to the volume in cubic centimeters of gas
measured at standard temperature and pressure conditions, STP, from 1 gram of rock,
g'; 1 cem® at standard temperature and pressure conditions is equivalent to 2.6868 x
10" atoms. These 'He concentrations convert to mass values of 0.1 ppt to 1 ppb.
Concentrations of °He are one million times lower. Although Dunai and Porcelli
(2002) do not provide concentrations of heavier noble gases in mantle materials,

they are known to be less abundant than He in almost all the solar system, the

occasional exception is "Ar created by the decay of K (Porcelli et al., 2002).

However, all of these estimates are for the average mantle. It has been known for
many decades that the presence of metasomatized regions in the mantle indicate that
locally larger concentrations of volatiles can be stored in the mantle (e.g.,

Smith, 1981; Smith et al., 1981). Although metasomatized regions are probably
unimportant volatile sources for the dominant igneous systems on Earth, mid-ocean
ridge volcanism, they quite possibly play a fundamental role in intraplate
magmatism, but the spatial extent of metasomatized regions in the mantle is
unknown. Nevertheless, the analyses of Smith (1981; Smith et al., 1981) combined
with the stoichiometry of micas and amphiboles, constrain the volatiles present in

metasomatized regions to be similar to the maximum concentrations in the crust.



2.2 The crust

Middle to deep crustal lithologies are dominated by amphibolites and granulites,
with compositions broadly ranging from anorthositic to metapelitic (Rudnick and
Fountain, 1995; Taylor and McLennan, 1985, 1995; Wedepohl, 1995; Rudnick and Gao,
2003). The middle and lower crust are heterogeneous, with more silicic
compositions found in the upper and middle crust, and more mafic compositions in
the deep crust (Rudnick and Gao, 2003). The concentrations of volatiles in the
crust have been estimated by many authors. Although there is little to no evidence
for a pervasive fluid phase dominated by water and carbon dioxide at depth, in
local regions such a phase may be present (e.g.,Yardley, 1986; Marquis and
Hyndman, 1992). But, in most cases the average volatile concentrations in the

crust are determined by the mineralogy of the rocks.

The dominant volatile—bearing phases in crustal rocks near anatectic temperatures
are amphiboles and micas, which nominally can contain up to approximately 2 and 4
wt. % water, respectively. The water present in hydroxyl sites of these minerals
can be at least partially replaced by halogens. Given a suitable source of
halogens, some of these minerals have the potential to be completely water—free
(e.g., amphibole), however it is extremely doubtful that this occurs in nature.
Additional sources of water and halogens are phosphate minerals (e.g., apatite),

but the low abundance of phosphate in common crustal lithologies results in a very



small contribution of phosphate minerals to the volatile budget of these rocks.
Halide minerals may also contribute to the halide budget of magma systems, but
their low abundance also results in small average contributions, however this does
not eliminate the possibility of significant local contributions. Carbon is found
in the lower crust as graphite and in carbonates, dominantly calcite and dolomite.
The temperature stability of these minerals is similar to crustal melting
temperatures at pressures of 1.5 GPa or less. For example the reaction of
calcitetquartz to produce wollastonite plus CO, occurs at approximately 800 °C at
200 MPa and 1000 °C at 800 MPa, the temperature range in which meta—-pelitic rocks
melt (Vielzeuf and Holloway, 1988). Sulfur is dominantly found as either sulfides,
FeS and FeS,, or as anhydrite, CaS0O,. Nitrogen can substitute into the feldspar
structure and also into micas at NH,” (e.g., Honma and Itihara, 1981), but this

behavior is rarely reported.

Several researchers investigated the bulk volatile concentration of the crust.
Wedepohl (1995) provided an estimate of 2 wt% H,0 and 1990 ppm carbon in the
continental crust, but stated that the water is mostly found in upper crustal
sedimentary rocks. Rudnick and Gao (2003) estimated the concentrations of fluorine
in the crust to vary from 557 ppm in the upper crust, to 524 ppm in the middle
crust and 570 ppm in the lower crust, with an average of 553 ppm for the entire

crust. Chlorine concentrations provided by these authors were 294 ppm in the upper
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crust, 182 ppm in the middle crust and 250 ppm in the lower crust; this yields an
average of 244 ppm (Rudnick and Gao, 2003). These authors also estimated sulfur
concentrations of 621, 249 and 345 ppm in the upper, middle and lower crust,
respectively; their bulk crust contains 404 ppm S. Bromine and iodine were
estimated by Rudnick and Gao (2003) to occur in the bulk crust at concentrations of
0.88 and 0.71 ppm, respectively; they estimated an average crustal concentration of

56 ppm N.

The source of noble gases in the lower crust is most probably due to degassing of
the mantle and radioactive decay (e.g., Drescher et al., 1998). Ballentine and
Burnard (2002) calculated the total production of noble gas isotopes in Earth’s
crust over the 4.5 Ga age of the Earth. Their calculations yield a crust with a He
concentration of 2.5 x 10 em® STP g, a Ne concentration of 3.5 x 10" cm® STP g
! an Ar concentration of 1.2 x 10 cm® STP g!, a Kr concentration of 1 x 10" cm’
STP g, and a Xe concentration of 1.5 x 10" cm® STP g'. When converted into

weight units the sum the concentrations of all of the noble gases is only

approximately 1 ppm.

Rocks with these average volatile concentrations are most probably the source rocks
for the anatectic melts forming in Earth’s crust, however, just as in the upper

mantle, locally the compositions of crustal rocks may be significantly different
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from these averages.

2.3 Melting and volatile extraction

Most of the crust and mantle is considered to be fluid undersaturated, in such a
case volatile—bearing minerals, particularly micas and amphiboles, melt at or near
the solidus releasing their volatiles into the melt and possibly into a separate
fluid phase (with a density near that of silicate melts) at high pressures or a gas
phase (with a density significantly below silicate melts) at low pressures (e.g.,
Olafsson and Eggler, 1983; Clemens and Vielzeuf, 1987; Vielzeuf and Holloway, 1988;
Patifio—Douce and Johnston , 1991; Skjerlie et al. 1993, Wolf and Wyllie, 1991; Rapp
and Watson, 1995; inter alia). However, with increasing degrees of melting most of
the volatile components discussed may be dissolved into the melt. However the
presence of even relatively small quantities of CO, in the source rocks favor the
existence of a separate fluid or gas phase into which all volatile components must
partition at equilibrium conditions. On the other hand, in the absence of a
separate fluid phase at high pressure the volatile components are transported by
the melt to shallower depths where the solubilities become low enough that a
separate fluid or gas phase exsolves from the melt. Detailed modeling of this
process is delayed until section 6 of this paper, after the reader is introduced to

the solubilities and partition coefficients that are necessary for quantitative
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calculations.

3. Volatile components in igneous systems

Studies of melt inclusions trapped in silicate minerals and volcanic gases reveal
that the volatile components in magmatic melts typically are dominated by those
present in the system C-0-H (e.g., Johnson et al., 1994; Symonds et al., 1994;
Hauri, 2002). 1In a C-0-H fluid phase, the species are predominantly H,0 and CO, at
oxygen fugacities near the fayalite—quartz—magnetite buffer, FMQ, although CO, CH,
and H, can be present in the fluid at some conditions of oxygen fugacity (Carroll
and Holloway, 1994). In silicate melts, the components OH, H,0" (molecular water
dissolved in a silicate melt), CO, CO,*, CH,, CH,, and H, may be present (Carroll
and Holloway, 1994). The concentration of total water (the sum of OH and H,0"
species), HJY““, dissolved in terrestrial magmatic melts varies from the order of
thousands of ppm in ocean—floor basalts to many weight percent in some granitic
melts (e.g., Holtz et al., 2001; Hauri et al., 2002). Even some basaltic glasses
from Farth’s moon are estimated to contain 700 ppm total water (Saal et al., 2008).
At low total water concentrations the dominant species is OH, but as water
concentrations increase, the concentration of H,0" rapidly exceeds that of
hydroxyl; the total water concentration at which this occurs as measured in
quenched melts is approximately 3 wt% (e.g., Stolper, 1982; Acocella et al. 1984),

although in—situ measurements demonstrate that ratio of OH to H,0" varies with
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temperature and pressure (Nowak and Behrens 1995, 2001; Behrens and Nowak, 2003).
There is an effect of melt composition on the relative proportions of the two
species (Silver et al., 1990), but that effect remains under investigation and is
complicated by changes in the proportion of the two species during quenching, as
shown by the few in—-situ measurements (e.g., Shen and Keppler, 1995; Nowak and

Behrens 1995, 2001; Behrens and Nowak, 2003).

The concentration of total carbon as C0,'**! varies from only 10’ s of ppm to 10’s
of thousands of ppm in common igneous rocks (e.g., Hauri et al., 2002), but even
greater concentrations are found in carbonatitic, kimberlitic, and associated
alkalic rocks. In basaltic melts near the FMQ buffer, carbon was found as both CO,
and CO,> species (Fine and Stolper, 1985/86), but as melts become more silicic the
CO, species become abundant and C0,> species disappear (Fine and Stolper, 1985;
Fogel and Rutherford, 1990; Brooker et al., 1999, 200la,b). At oxygen fugacities
orders of magnitude below the FMQ buffer where CH, may be present in a coexisting
fluid, the melt dissolves very little or no methane (Jakobsson and Holloway, 1986;

Morizet et al., 2010).

In addition to the species in the C—-0-H system, magmas contain minor amounts (10 s
to 1 000’ s of ppm) of the volatile elements N, F, S, Cl, Br, I, and the noble gases

(He, Ne, Ar, etc.). In some cases melts with these relatively low concentrations
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coexist with fluids that contain substantial concentrations of these elements, up
to 0.5 mole fraction, but more commonly the concentrations are below a mole
fraction of 0.15 (Carroll and Holloway, 1994; Carroll and Webster, 1994; Symonds et
al., 1994; Aiuppa et al., 2009). The concentrations of these minor elements in
melts, especially Cl and S, may in some melts exceed those of C0, (e.g., Wallace,
2005). Although many of these elements are important in ore forming processes and
affect the degassing behavior of silicate melts, we know much less about their

behavior than the C-0-H system.

The concentrations of F and Cl in most igneous rocks are less than 5 000 ppm,
whereas Br and I appear to only be present at concentrations near 100 ppm (Aiuppa
et al., 2009 and references therein). Fluorine appears to substitute for oxygen in
(Si, A1)0,* tetrahedral units or is associated with alkalies in aluminosilicate
glasses, which are presumed to preserve melt structure (Kohn et al., 1991; Schaller
et al., 1992; Zeng and Stebbins, 2000; Liu and Nekvasil, 2001; Mysen et al., 2004,
Kiprianov and Karpukhina, 2006). The dissolution mechanisms of chlorine are poorly
understood, but Cl appears to be associated with network-modifying cations (e.g.,
Na, K, Ca, Mg) in the melt (Chevychelov 1999; Chevychelov and Suk, 2003;

Chevychelov et al., 2003; Sandland et al., 2004).

Sulfur concentrations in igneous rocks range from less than one hundred ppm (e.g.,

15



Jambon, 1994; Wallace, 2005) to many weight percent. Because of the ability of
sulfur to form S-rich phases, such as immiscible sulfide droplets, sulfide
minerals, or sulfate minerals, the concentrations of sulfur in igneous, ore—deposit
rocks can reach values close to those of pyrrhotite, = 37 wt.% S, but such igneous
rocks are clearly cumulate in origin (Naldrett, 1989) and do not represent silicate

melts (although they may very well represent sulfide melts).

Sulfur concentrations in natural silicate melts (as opposed to rocks discussed in
the preceding paragraph) range from 10’s to 1000’ s of ppm (e.g., Jambon, 1994;
Wallace, 2005) and are often controlled by the saturation of the silicate melt with
crystalline or molten FeS (e.g., Haughton et al., 1974). Although the sulfur
species in magmatic fluids are H,S, SO, and S, (see Symonds et al., 1994; Clemente
et al., 2004), sulfur is dissolved in silicate melts predominantly as sulfide, S%,
at oxygen fugacities near the FMQ buffer and below; at oxygen fugacities
approximately 2 orders of magnitude higher, most of the dissolved sulfur is found
as sulfate, SOf’ (e.g., Fincham and Richardson, 1954; Katsura and Nagashima, 1974;
Carroll and Rutherford, 1985, 1987, 1988; Carroll and Webster, 1994; Clemente et
al., 2004; Jugo et al., 2005; Moretti and Baker, 2008; Wilke et al., 2011). At
these high oxygen fugacities, commonly only found in subduction-related magmas, the
concentrations of sulfur can reach the weight percent level before saturation with

anhydrite occurs (Carroll and Rutherford, 1985, 1987, 1988; Luhr, 1990; Carroll and
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Webster, 1994; Clemente et al., 2004; Jugo et al., 2005, Baker and Moretti, 2011).

Many measurements of the isotopic ratios of noble gases in igneous rocks and
meteorites have been made, but the concentrations of the individual gases in
igneous rocks are more rarely reported. This lack of concentration data stems from
the incompatible nature of the noble gases that results in their loss during
crystallization and incorporation into the fluid phase or post—crystallization loss
due to weathering reactions (Porcelli et al., 2002). However rocks which have lost
some of their noble gases can still yield useful noble gas isotope ratios, although
it may be necessary to correct them for fractionation (e.g., Burnard, 2001). Noble
gas isotopic ratios in fluids associated with igneous rocks can also be measured to
constrain the ratios in the rocks (Hilton et al., 2002). Noble gas isotopic ratios
can be extremely useful in the interpretation of petrogenetic processes, but they
are not the subject of this paper; readers interested in this topic are referred
the review edited by Porcelli et al. (2002). The best candidates for analyzing
noble gas concentrations are rapidly cooled basalts quenched at high pressure that
minimize volatile loss, typically found on the ocean floor as both normal mid-ocean

ridge basalts and ocean island basalts.

Although dated, Sarda and Graham (1990) provide a concise summary of noble gas

concentrations in ocean floor rocks. The average concentrations in mid-ocean ridge
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basalts are lowest for '""Xe, with a value of 4.6 x 10 em® STP g'. With
decreasing atomic number the average concentrations increase; the average for “Kr
is 2.4 x 107, for *Ar is 5.3 x 10", for *Ne is 1.6 x 107, and for °He is 1.8 x
107" cm® STP g'. Measurements of these isotopes concentrations in samples of Loihi
seamount demonstrated enrichment in the heavier elements, but depletion in the
lighter ones; noble gas concentrations in the “popping rocks” from the mid—
Atlantic ridge were enriched by factors of 3.8 to 31.6 compared to the mid—ocean
ridge average (Sarda and Graham, 1980). Carroll and Draper (1994) summarize noble
gas analyses of igneous crystals and show that these concentrations vary from
approximately 10™ ppt to the ppb level. Recently Nauret et al. (2010)
demonstrated that rocks from Arctic ocean spreading ridges contained ‘He and Ar
concentrations that varied from 1 to ~9 x 10° cm® STP g, whereas *Ne, *Ar, %Kr,
and "Xe concentrations were typically 3 to 6 orders of magnitude less abundant in

the rocks.

4. Melt/fluid saturation, solubility and partitioning measurements

Before the start of the presentation of experimental measurements on the behavior
of volatiles in silicate melts it is necessary to explain a few terms that are

repeatedly used in the literature.

The first term to consider is saturation. Saturation refers to the condition where
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two phases coexist at equilibrium; a simple example relevant to this paper is a
fluid-saturated melt. Note the use of terms that define phases (fluid and melt)
rather than components (e.g., H,0 and Si0,). (In general fluid will be used in
the following review and discussion to save space, but the reader should realize
that in most cases the term gas can be used at low pressures.) When the fluid is
composed of pure H,0 the melt can be considered water—saturated, or if the fluid is
pure CO, it can be considered CO,~saturated, but this in not the case for a H,0-CO,

fluid. Nevertheless, such a melt is still defined to be fluid—-saturated.

The second term to discuss is solubility. Solubility is the concentration of a
substance that can dissolve into a solvent. This definition implicitly assumes the
presence of two phases, one that is dissolving and the other that is the solvent.
This paper reviews the solubilities of volatile species commonly present in
relatively large concentrations in a fluid or gas (the dissolving phase) in a
silicate melt (the solvent). When the fluid is pure, such as in the examples
above, the solubility value is the same as the concentration in the melt at fluid
saturation, but for impure fluids the solubility will be different than for pure
fluids as demonstrated below. In the case of impure fluids, particularly when the
volatile of interest is present at relatively low concentrations, the term
partitioning is used to describe the behavior of the volatile component in the

fluid and in the melt. This term is closely related to solubility and refers to
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the relative distribution of a component between two phases (usually at
equilibrium). Partitioning is commonly quantified by the Henrian partition, or
distribution, coefficient, D, which is calculated by dividing the concentration of
a species in one phase by its concentration in the coexisting phase.
Thermodynamically, the distribution of each component between the fluid and the
melt is driven by the requirement that the chemical potential of a component in a
system at equilibrium must be equivalent in all phases within that system; this
requirement controls the solubilities of all volatiles in silicate melts and their

partitioning between the melt and the fluid phase.

4.1 Water

The solubility of water in silicate melts has been studied since the 1930’ s, when
Goranson published his studies of water solubility in granitic and albitic
(NaA1Si,0y) melts (Goranson, 1931, 1938). Since that time there have been hundreds
of studies on water solubility in magmatic melts. Unfortunately there is not
enough space to reference all of the available publications on volatile
solubilities in silicate melts. Instead, only selected studies that measured
volatile saturation and solubility in magmatic melt compositions found at crustal

conditions of temperature and pressure will be cited.

Many of the early studies on compositionally simple melts demonstrated that the

saturation concentration of water for silicate melts was linearly proportional to
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the square root of the pressure (e.g., Tomlinson, 1956; Kurkjian and Russell, 1958)
or the square root of the water fugacity. This behavior was interpreted to
indicate the complete disproportionation of water in the melt to hydroxyl species:
H,0™M + Si-0-Si™'" 12 Si-0-H"™", (1)
which implies that we can write the equation for the equilibrium constant, K, of

this reaction as

_ (si—o-Hm™Y
1:}-Ile(l.l)ld (Sl —_0-5Si melt)

(2)

where the parentheses represent the activities of the components and f represents
fugacity. This equation can be approximated by substitution of the concentration
of water in the melt, C, for the activity of Si-0-H™"‘; the equilibrium constant
and (Si-0-Si™'") can be combined into an empirical constant, K, dependent upon the
temperature and composition of the melt, and at high temperatures water can be
approximated as an ideal gas resulting in the equivalence of fugacity and pressure.
These substitutions and approximations can be applied to the equilibrium constant
equation above to yield a simple equation relating the square root of the water

pressure in the fluid with the concentration of water in the melt:
CHZO: K' P

:41/2
Hzoflmd . (3)

This concept of complete water disproportionation into hydroxyl guided experiments
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and theories of water dissolution in silicate melts for many decades until
spectroscopic measurements by Stolper (1982) demonstrated the presence of molecular
water in magmatic silicate melts even at low total water concentrations (discussed

below in section 5.1).

Many studies on the solubility of water in albitic composition melts followed
Goranson’ s classic papers. Albitic melts were often studied as a simple analogue
for granitic, or rhyolitic, composition melts and because these hydrous melts can
be readily quenched to glasses. Some of the important studies on the solubility of
water in albitic melts are those of Burnham and Jahns (1962), Khitarov et al.
(1963), Kadik and Lebedev (1968), Boettcher and Wyllie (1969), Burnham and Davis
(1971, 1974), Bohlen et al. (1982, who included CO, in the fluid phase), Hamilton
and Oxtoby (1986), and Paillat et al. (1992). Romano et al. (1996) investigated
water solubility along the joins between albitic melt and potassium feldspar melts
and between each of these melts and a lithium feldspar composition melt; they were
the first to clearly demonstrate the compositional dependence of water solubility
along each join and found that the solubility decreased as the ionic radius of the
alkali cation increased. Behrens et al. (2001) performed a similar study and found
similar results, although when they substituted the larger rubidium ion for the
potassium ion water solubility increased, rather than decreased. These studies

demonstrated that saturation of these melts in the deep crust and upper mantle
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required greater than 10 to 15 wt% water, and even at relatively shallow depths of
approximately 2.7 km, or 100 MPa, a water concentration of 4 wt% in the melt is
required for saturation (Fig. 1). Although water solubility is only slightly
sensitive to temperature, these studies demonstrated that it is retrograde at low
pressures, i.e., solubility decreases with increasing temperature, and prograde at

high pressures.

The classic study on the solubility of water in Si0, is that of Kennedy et al.
(1962). They identified an upper critical end point in the system Si0,~H,0 that
has been the focus of many studies, most recently a series of papers by Newton and
Manning (e.g., Newton and Manning, 2008). Some of the studies investigating water
solubility in melts formed in the silica—water system have been performed by
Boettcher (1984, who also studied the solubility of H,0+CO, fluids), by Pichavant
et al. (1992) and by Holtz et al. (2000); the latter two studies investigated
quartzofeldspathic melts. These studies demonstrate that the solubility of water
in silica melts is significantly less than in feldspar melts (Fig. 2). This
observation led to various interpretations concerning the mechanism of water
dissolution into silicate melts, the most famous, perhaps, being that of Burnham

(1975, 1979a, 1981) discussed in section 5. 1.

The solubility of water in melts of mafic mineral compositions has also been
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measured, but these studies are much fewer, partially because of the difficulty of
quenching melts of mafic compositions to glasses. Hodges (1974) measured the
solubility of water at the melting temperatures of water—saturated diopside and
olivine melts at 3.0 GPa. Eggler and Rosenhauer (1978) measured the solubility of
water and carbon dioxide in diopside melt by differential thermal analysis to
pressures of 4.0 GPa; Eggler and Burnham (1984) added a few more measurements of
water solubility in diopside melt at 200 MPa and constructed a thermodynamic model
for the prediction of water solubility. There appear to be no other data on the

solubility of water in melts of mafic mineral compositions.

There are many measurements of the water solubility in haplogranitic (synthetic
simplified granite composition) melt compositions, which are dominated by alkali
feldspar and silica components but may be modified by the addition of alkalies or
of alumina. The classic paper by Tuttle and Bowen (1958) investigating the
magmatic origin of granitic rocks studied the solubility of water in haplogranitic
melts. More recently, many studies on the solubility of water in haplogranitic
melts have been performed by F. Holtz, H. Behrens and their colleagues. Holtz et
al. (1993) studied the effects of fluorine, boron and phosphorus on water
solubilities in haplogranitic melts. Holtz et al. (1995) demonstrated that a
haplogranitic minimum melt composition (Qz,Ab.Or,,) saturates with water at

concentrations from approximately 2 wt% at 50 MPa to 10 wt% at 500 MPa, and that
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solubility is retrograde at low pressures and prograde at high pressures (Fig. 3).
Dingwell et al. (1997) measured the effects of peralkalinity and peraluminousity on
water solubility in haplogranitic melts. Schmidt et al. (1999) demonstrated that as
oxygen fugacity decreased, and hydrogen fugacity increased, the mole fraction of
water in the fluid decreased, resulting in a concomitant decrease of water
solubility in a haplogranitic melt. The measured water solubility in most of these
studies was well-explained by the model of Burnham (1975, 1979a, 1981), to be

discussed in section b. 1.

The water solubility in synthetic versions of more basic rock compositions has also
been studied. Benne and Behrens (2003) found that the water solubility in their
haplobasaltic composition was similar to previous measurements in natural basalts
(discussed in this section below), within approximately 0.5 wt%. Keppler (2003)
measured the water solubility in a synthetic carbonatite melt from 25 to 250 MPa at
900 ° C. He found the water solubility significantly greater than that of silicate
melts at similar temperatures and pressures and determined that the water
solubility (in weight percent) could be expressed by the equation: Wt% water in
melt = 8.705 P*®"; the exponent in this equation is remarkably similar to that
observed for the water saturation of silicate melts at low pressures, 0.5, in

Equation 3.
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The water saturation concentrations of silicic composition melts (granitic or
rhyolitic) have been well studied. Many studies of the phase equilibria of
granitic compositions define the water saturation values at the liquidus of the
rock; indeed there exist too many studies of this type to reference, but for an
excellent example of these works the reader is referred to the work of Naney
(1983). Instead, only a selected group of studies whose goals were the measurement
of volatile solubilities at crustal conditions will be discussed (Fig. 4). One of
the first studies was that of Burnham and Jahns (1962) who measured the water
solubility in a melt of the Harding pegmatitic. Shaw (1974) measured water
solubilities at 850 ° C in a rhyolitic melt and demonstrated that they increased
from 1.3 wt% at 10 MPa to 6.0 wt% at 200 MPa. Holtz et al.’s (1993) measurements
of water solubility in peraluminous Macusani rhyolite are very similar to the
results of Burnham and Jahns (1962) on a pegmatitic composition. Moore et al.
(1998) determined water solubilities for normal and peralkaline rhyolitic melts.
Yamashita (1999) was the first to clearly document a =~ 1 wt % decrease in water
solubility in natural rhyolitic melts with increasing temperature from 800 to 1200
° C at low pressures (Fig. 4). Behrens and Jantos (2001) studied the effect of
anhydrous melt composition on water solubility in granitic melts at 50 to 500 MPa,
800 ° C . Tamic et al. (2001) measured water saturation in a rhyolitic melt, which

varied from 6.1 wt% at 200 MPa, 800 ° C to 11 wt% at 500 MPa, 1100 ° C. These

authors also constructed an empirical equation that described water saturation in
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rhyolitic melts. Liu et al. (2005) measured water saturation in silicic melts at
pressures from 0.1 to 25 MPa and confirmed the retrograde solubility documented by
Yamashita (1999), whereas Tamic et al. (2001) demonstrated that by pressures of 500
MPa the solubility of water in rhyolitic melts increased with temperature. The
measurements of water solubilities in various silicic melts demonstrate that at a
given pressure the variation in water solubility at different temperatures is
typically less than 1 wt%, similar to the observations Holtz et al. (1995) made on

haplogranitic melts (Fig. 3).

The water solubility in common intermediate composition melts is less well known
than in silicic ones (Fig. 5). Surprisingly only a few of measurements of water
saturation in common andesitic melts are in the literature (Hamilton et al., 1964;
Moore et al., 1998; Botcharnikov et al., 2006). More measurements have been made
of water solubilities in alkali-rich intermediate melts such as phonolitic (Moore
et al., 1995, 1998; Carroll and Blank, 1997; Schmidt and Behrens, 2008) and
trachytic compositions (Moore et al., 1995, 1998; Di Matteo et al., 2004).
Isobaric solubility measurements for intermediate melt compositions plot within a
narrow band, within approximately 2 wt.% H,0 at its widest. The differences in
water solubilities are due to both temperature and composition effects. Schmidt
and Behrens (2008) demonstrated that the solubility in a phonolitic melt at low

pressures decreases with increasing temperature, as seen in silicic melts. Water
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saturation in these intermediate melts is clearly affected by the alkali
concentration; the phonolitic melts display water solubilities measurably above
those of the andesitic melts determined by Hamilton et al. (1964), Moore et al.

(1998) and Botcharnikov et al. (2006).

The measurement of water solubilities in natural mafic melt compositions has not
been neglected, even if it is generally agreed that few, if any mafic magmas on
Farth are saturated with a pure-water fluid phase. Hamilton et al. (1964)
published the first measurement of water solubility in a basaltic melt (Fig. 6).
Kadik and co—workers confirmed these measurements and extended the data to higher
pressures (Kadik and Lebedev, 1968; Kadik et al., 1971; Khitarov and Kadik, 1973).
The study of Dixon et al. (1995) was a major advance because it provided the data
for their thermodynamic model for water solubility. In the same year, Moore et al.
(1995) published their study of water solubility in various melt compositions,
including mafic ones, together with their empirical model for the prediction of
water solubility; these results were updated in Moore et al. (1998). Pineau et al.
(1998) measured both the water solubility and the D/H fractionation between fluid
and melt for basaltic andesite compositions at 50 to 300 MPa; their solubility
results were similar to those of Hamilton et al. (1964). Berndt et al. (2002)
measured the water solubility in a MORB basalt and further substantiated the

previous solubility measurements on basaltic melts. Recently Shishkina et al.
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(2010) measured the water saturation values of a tholeiitic basalt a pressures from
50 to 500 MPa; their results are consistent with all prior measurements on similar
compositions (Fig. 6). Shishkina et al. (2010) demonstrated that water solubility
in basaltic melts could be related to the pressure by a power law up to 500 MPa;
the power—law exponent was 0.58, quite close to the theoretical value of 0.5

discussed above (Eqn. 3).

Water saturation in a few alkali-rich mafic magmas was measured by Moore et al.
(1995, 1998). Comprehensive studies of water saturation in shoshonitic and latitic
melts were performed by Di Matteo et al (2006), and Behrens et al. (2009) studied
the water saturation of a phonotephritic melt (Fig. 6). The water saturation of
shoshonitic melts was also studied by Vetere et al. (2011) whose results were
similar to previous studies (Fig. 6) and agreed with the empirical equation for
pure water solubility proposed by Tamic et al. (2001). Lesne et al. (2011a)
studied the water saturation of three alkali basaltic melts (one each from
Vesuvius, Etna and Stromboli) and demonstrated that these melts’ water solubilities
were higher than low-alkali basaltic melts (Fig. 6). Curiously, the water
solubilities measured by Lesne et al. (2011a) are higher than some of those found

by other researchers for more alkali-rich mafic melts.

Despite the compositional range in the mafic melts investigated, the water
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concentrations at a given pressure only vary by a maximum of =~ 1.5 wt%. With only
two exceptions, at pressures above 400 MPa, the addition of alkalies to mafic melts
does not have a significant effect on water solubility. The exceptions are the
alkali basaltic melts investigated by Lesne et al. (2011a) at 400 MPa and the
phonotephritic melt studied by Behrens et al. (2009) at 500 MPa. However the
latter authors suggested that their highest pressure results may not be reliable

because of quench problems.

We currently have a good understanding of the water solubilities in most common
igneous melts ranging from basaltic to rhyolitic, as well as in many more exotic
compositions. The range of isobaric water saturation concentrations in the melts
is rather small considering the varied compositions investigated. These
experimental data form the basis for the various models available to predict the

water solubility in magmatic melts discussed in Section 5. 1.

4.2 Carbon dioxide

Carbon dioxide saturation concentrations at crustal pressures in most silicate
magmas are one to two orders of magnitude below those of water. Consequently,
measurement is much more difficult except at high pressures where the solubility of
CO, becomes significant. The first experiments were at approximately 1.0 to 3.0

GPa and found CO, concentrations in saturated glasses at the weight percent level
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(this early work is summarized and reviewed in Mysen, 1977). However, the
analytical techniques used to measure carbon in some of the early studies in the
1970’ s appear to be problematic (Tingle, 1987). Although Fine and Stolper (1985)
were the first to systematically apply infrared spectroscopy to the study of CO,
solubility in compositionally simple aluminosilicate melts, Stolper and Holloway
(1988) were the first to study CO, solubility in natural basaltic melt compositions
at low pressures using infrared spectroscopy to characterize their quenched glasses

(Fig. 7); this technique is now accepted as the most accurate available.

Infrared spectroscopic measurements indicate that the most abundant species of
carbon in magmatic melts at common igneous oxygen fugacities are molecular carbon
dioxide, €0/, and carbonate, 0,/ ™' (e.g., Fine and Stolper, 1985, 1986/86;
Stolper and Holloway, 1988; Brooker et al., 1999, 200la,b; King and Holloway,
2002). These species abundances can be related through the reactions such as (see
Fine and Stolper, 1985):

COZfluid = CO;"e" (4a)
and

(:c);mh +_c)27mmh = (:()g—qmdt. (4b)

melt

The dominant carbon species in mafic melts is €0, , with very little to no
CO/'"" present, but with increasing silica concentrations the molecular CO, species

replaces carbonate as the most abundant one (Fine and Stolper, 1985, 1986/86;
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Stopler and Holloway, 1988; Brooker et al., 1999, 200la,b; King and Holloway,

2002).

Fogel and Rutherford (1990) measured CO, saturation values in a rhyolitic melt and
discovered concentrations similar to those found by Stolper and Holloway (1988) in
a basaltic melt. Mattey (1991) discovered that CO, solubilities in a basaltic melt
at 1400 ° C were broadly consistent with previous studies and increased from 1600
ppm at 500 MPa to 1.5 wt% at 2.0 GPa. Pan et al. (1991) found that the solubility
of CO, in a tholeiitic melt increased from 543 ppm at 100 MPa to 1.21 wt% at 1.5
GPa. Within their quoted analytical uncertainties of & 15% relative concentration
(Fig. 7), there is no evidence of a temperature effect on CO, solubility between
1400 and 1600 ° C. Pawley et al. (1992) studied the effect of oxygen fugacity on
carbon species dissolution into a mid-ocean ridge basaltic melt at pressures from
50 to 150 MPa. They found that the mole fraction of dissolved CO, was linearly
related to the fugacity of CO, and that at low oxygen fugacities (4 orders of
magnitude below the nickel-nickel oxide buffer, NNO-4) the solubility decreased
because the fluid is dominated by CO and the dissolution of CO into the melt

requires reduction of another species in the melt, unlike CO, dissolution.

Brooker et al. (1999) demonstrated that although the solubility of carbon dioxide

in anhydrous aluminosilicate melts increases with pressure (as known from earlier
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studies), the fraction of dissolved molecular CO, decreases as pressure increases
from 1.5 to 2.5 GPa. In contrast to Pan et al. (1991), Brooker et al. (1999)
demonstrated that total CO, solubility decreased slightly with increasing
temperature at the high pressures investigated. Brooker et al. (2001a)
investigated carbon dioxide solubility under anhydrous conditions in a suite of
simple compositions, as well as in 2 melilititic (one Ca—rich and the other Na-
rich), 2 nephelinitic (one Ca-rich and the other Na-rich), an andesitic, and a
phonolitic composition melt. They found that at saturation with a pure CO, fluid
phase the concentration of total CO, in the natural melt compositions varied from a
low of "1 wt% in the andesite at 2.0 GPa and 1500 ° C to a high of 19 wt% in the
Ca—melilititic composition at 2.0 GPa, 1400 ° C. Brooker et al.’s (2001la) results
for the andesitic and phonolitic melts are plotted in Figure 7; all of the CO,
saturation values for the melilititic compositions plot at higher concentrations
than shown in Figure 7. All natural melt compositions studied at pressures from
2.0 to 2.7 GPa demonstrated retrograde CO, solubility. Brooker et al. (2001a)
demonstrated a positive correlation between the ratio of non-bridging oxygens to
tetrahedral cations (NBO/T) to the carbon dioxide solubility at 2.0 GPa and
proposed a quantitative relationship between this parameter and the concentration
of total CO, dissolved in melts at saturation. Brooker et al. (2001b) used the
same melt compositions as Brooker et al. (200la) to intensively study local melt

structure around carbonate groups by infrared spectroscopy and found that the
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carbonate species in natural melts were preferentially associated with Ca®'

cations, rather than Fe cations.

King and Holloway (2002) compared the solubilities of molecular CO, to carbonate in
anhydrous melts varying in composition from leucititic to rhyolitic with the SitAl
cation fraction in the melts. They corroborated previous results and demonstrated
high concentrations of carbonate in leucititic melts with low Si+Al (or high NBO/T)
and high concentrations of molecular CO, in rhyolitic melts with high Si+Al (or low
NBO/T). The total solubility of carbon dioxide in these two end member melts is
approximately equal, however intermediate melts of basanitic, tholeiitic,
icelanditic and andesitic composition have lower solubilities of total CO,.
Andesitic melts were found to have sub—equal concentrations of molecular CO, and
carbonate species dissolved in them at saturation with a pure CO, fluid phase.

King and Holloway (2002) correlated the fraction of carbon dioxide dissolved as
molecular CO, with the ionic porosity, or free space between the atoms of the melt,

of andesitic and more Sit+Al-rich melt compositions.

Tamic et al. (2001) studied the solubilities of CO, and H,0 in a rhyolitic melt at
200 and 500 MPa at 800 and 1100 ° C.  The extrapolated CO, concentration in the
melt saturated with a pure CO, fluid at 200 MPa is 1100 ppm; no effect of

temperature was measurable. At 500 MPa the effect of temperature was obvious and
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the melt at 1100 ° C exhibited a CO, saturation value of 2750 ppm, whereas at 800
° C the value found was 2500 ppm, but is not well constrained by their data. This
study demonstrates a prograde solubility of CO, in rhyolitic melts, but is the only

one to do so. Nevertheless the results are consistent with those of Fogel and

Rutherford (1990).

Morizet et al. (2002) measured the solubility of CO, in a synthetic Fe-free
phonolitic melt at pressures between 1000 and 2500 MPa and temperatures between
1300 and 1550 ° C. They found that the solubility of CO, follows a positive
correlation with pressure and a negative correlation with temperature. Their
results are in excellent agreement with the CO, solubilities in a phonolitic melt
measured by Brooker et al. (2001b). Morizet et al. (2002) also used bulk CO,
analyses to calibrate infra-red extinction coefficients for carbonate groups, but
concluded that infra-red spectroscopy may not be a reliable method for the analysis

of dissolved CO, in intermediate melt compositions.

Nowak et al. (2004) investigated diffusion of CO, in Fe-free analogues of natural
melts varying in composition from hawaiitic to rhyolitic. Although they could not
directly measure the concentration of cxy”“ species in the more basic
compositions, their diffusion modeling indicated the presence of significant

concentrations of this species in all melts. Behrens et al. (2004) measured the

35



solubility of total CO, by ion microprobe in a dacitic melt with 1.5% H,0 at 500
MPa, 1250 ° C. They found a concentration of 2900 ppm. Botcharnikov et al. (2006)
argued that the similar solubility of carbon dioxide in melts ranging in
composition from tholeiitic to rhyolitic indicates that as the amount of free
oxygen in the melt, ¥ ™ that reacts to produce carbonate in Equation 4b
decreases with increasing Si0, concentrations, the ionic porosity (or free space
within the melt structure) increases enough to accommodate the (0, species
dissolved in the melt. Behrens et al. (2009) studied the solubility of CO, in a
phono—tephritic melt coexisting with a C-0-H fluid and extrapolated their
measurements to fluids of pure C0,. They estimated that the solubility is 3000 ppm
at 1250 ° C, 200 MPa and increases to 8250 ppm at 500 MPa, whereas decreasing the
temperature to 1200 ° C was shown to increase the solubility to 9250 ppm at 500
MPa. The concentrations of dissolved carbon dioxide, CO0,", in the melt are
significantly greater than measured in other melt compositions at similar
conditions of temperature and pressure (Fig. 7). Experiments conducted at 200 MPa,
1200 ° C with high hydrogen fugacities, creating correspondingly low oxygen
fugacities, resulted in a 1000 ppm increase in the CO, solubility, similar to the
temperature effect observed at 500 MPa. Lesne et al. (2011b) investigated the
solubility of carbon dioxide in three alkali basalt melts with approximately 1 wt%
dissolved H,0 at 1200 ° C, and pressures from 26 to 200 MPa; their concentrations

of CO, reached a maximum of 2000 ppm at 200 MPa, only slightly higher than values

36



measured in common, low—to-moderate alkali concentration melts (Fig. 7). However,
they clearly demonstrated that augmenting the alkali concentrations in basaltic
melts increased the solubility of C0,. Vetere et al. (2011) measured the
solubility of CO, in a shoshonitic melt coexisting with a C-O-H fluid at 1250 ° C,
50 to 400 MPa, and estimated that the solubility of pure CO, varied from ~400 ppm

at 50 MPa to 3000 ppm at 400 MPa (Fig. 7).

These measurements of the concentrations of CO, in silicate melts saturated with a
pure CO, fluid are similar for most melt compositions at pressures of 500 MPa or
less. Indeed the maximum difference between the solubility of pure CO, in a
tholeiitic melt and a rhyoltic melt is ~500 ppm, with the rhyolite displaying a
higher saturation concentration. However, many of the measurements of CO,
solubility in rhyolitic and basaltic melts are within uncertainty of each other.
At 500 MPa, or less, increasing the alkali concentration in basic melts, as shown
by the results of Lesne et al. (2011b) on alkali basalt melts and Behrens et al.
(2009) on alkali-rich phono—tephritic melts, increases the concentration of
dissolved CO, (Fig. 7), as does increasing the silica concentration of the melt. At
pressures above 500 MPa the effect of composition is much more evident where the
effect of adding alkalies and lowering the silica concentration enhances CO,

solubilities (Fig. 7).
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Although the earliest studies of CO, saturation concentrations in silicate melts
were performed with a pure, or nearly pure, CO, fluid, during the 1990’ s the focus
of research changed to the investigation of both CO, and H,0 solubilities in
silicate melts coexisting with C-0-H fluids (as exemplified by some of the studies
discussed above). This change occurred because of the improvement of infrared and
ion microprobe techniques that allowed rapid and accurate determination of volatile
concentrations in silicate glasses quenched from melts. But more importantly, the
determination of CO, and H,0 solubilities in melts coexisting with a C-0-H fluid is

a better approximation of Nature than the solubilities of either pure H,0 or CO,.

4.3 Water and carbon dioxide

The importance of mixed volatiles, particularly H,0 and CO,, in the evolution of
magmatic systems was already realized and measured in the laboratory by the early
1970’ s. Khitarov and Kadik (1973) present a summary of their research into the
individual and combined solubilities of water and carbon dioxide in silicate melts.
Holloway (1976) discussed the effect of the low solubility of CO, in melts on the
evolution of a granitic magma containing both H,0 and CO,. And, although Eggler
and Rosenhauer (1978) studied the saturation of diopside melt with a mixed-volatile
fluid phase composed of H,0 and CO,, similar studies on natural melt compositions

at crustal pressures did not become abundant until approximately a decade later.

The first recent study on the solubilities of water and carbon dioxide in a
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silicate melt coexisting with a mixed volatile fluid was that of Blank et al.

(1993) who studied CO, and H,0 dissolution into rhyolitic melts at 75 MPa and 850
°C.  Other notable studies of the behavior of rhyolitic melts and H,0-CO, fluids are
those of Tamic et al. (2001) and Liu et al. (2005). Tamic et al. (2001) studied
the saturation of a rhyoltic melt with a CO0,- and H,0-bearing fluid phase from 200
to 500 MPa and 800 to 1100 °C. Tamic et al. (2001) provide an excellent example of
the effects of a mixed-volatile phase on the solubility of water and carbon dioxide

in silicate melts (Fig. 8).

Figures 8a and 8b, whose design was originally conceived by either Holloway and
Blank (1994) or by Dixon et al. (1995), demonstrates that only if the fluid is
either pure CO, or pure H,0 will the melt contain a single volatile. Similarly, if
the melt contains two, or more, volatiles so must the fluid, as required by the
equivalence of chemical potentials in all phases coexisting at thermodynamic
equilibrium. The curves plotted in Figure 8 for the pressures of 200 and 500 MPa
define the concentration of H,0 and CO, in melts at saturation with a mixed-
volatile fluid phase. At volatile concentrations below the curves the melts are
undersaturated, above the curves a separate fluid phase coexists with the melt at
equilibrium. Note how the total amount of H,0 and CO, necessary to saturate melts
increases with increasing pressure. Beginning with a fluid composed of pure water,

Figure 8 demonstrates that saturation of a rhyoltic melt with H,0"™" at 200 MPa
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occurs at approximately 5.5 wt% bulk water dissolved in the melt. However, if the
fluid is a C0,~H,0 mixture, for example with a mole fraction of water in the fluid
of 0.8, or Xy, " = 0.8, the rhyolitic melt at 200 MPa must contain 4.5 wt% H,0
and ~ 400 ppm CO, at equilibrium. At 500 MPa the rhyolitic melt coexisting with

the same composition fluid will contain 8 wt% H,0 and ~ 1450 ppm €0, (Fig. 8).

A number of other studies investigated the saturation of basic, intermediate and
silicic melts with a H,0-CO, mixed-volatile phase. Some of the notable studies are
those of King and Holloway (2002) who investigated an andesitic melt. They found
that the concentration of CO, species dissolved in an andesitic melt coexisting
with a C-0-H fluid was positively correlated with the mole fraction of CO, in the
coexisting fluid and corresponding total water concentration in the melt, whereas
the carbonate species abundance decreases. Behrens et al. (2004) studied
saturation in the system dacitic melt-H,0-CO,. These authors confirmed the effect
of the mole fraction of CO, in the fluid on the relative fraction of €0,'/C0,""!
seen by King and Holloway (2002); they also demonstrated that €0,”’'/C0,"""! was
positively correlated with the concentration of total dissolved CO,. Behrens et
al.” s (2004) comparison of their results to those of previous studies on CO,
solubilities in rhyoltic melts coexisting with a CO,~H,0 mixed fluid demonstrated
broad agreement. Botcharnikov et al. (2005, 2006, 2007) measured and compared mixed

volatile solubilities in both synthetic and natural ferrobasaltic to rhyolitic
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melts at crustal pressures. Botcharnikov et al. (2007) is notable for its
measurement of the solubilities of H,0, CO, and Cl in an andesitic melt coexisting
with a C-0-H-C1 fluid at 1050 and 1200 ° C , 200 MPa. Vetere et al. (2011)
investigated the solubilities of H,0 and CO, in a shoshonitic melt at 1250 ° C and
pressures from 50 to 400 MPa; their values are similar to those measured by Tamic

et al. (2001), as demonstrated in Figure 8.

Studies on the saturation of a basaltic melts with a mixed-volatile fluid phase
progressed in parallel with studies on silicic and intermediate compositions.

Dixon et al. (1995) measured the solubilities of H,0 and CO, in a basaltic melt at
1200 °C and pressures of 20 to 99 MPa and used those data as calibration points for
their model (discussed in section 5.1). Jakobsson (1997) studied the solubility of
C0, and H,0 in an icelandite (similar in composition to a basaltic andesite) at
1400 °C and 1000 MPa. Behrens et al. (2009) investigated the solubility of H,0-CO,
fluids in a phonolitic melt at pressures to 500 MPa. Shishkina et al. (2010) and
Morizet et al. (2010) measured the solubilities of mixed C0,~H,0 fluids in basaltic
melts at crustal pressures. Shishkina et al. (2010) studied solubilities at
relatively oxidized conditions whereas Morizet et al. (2010) worked at reduced
conditions. The solubilities of CO, and H,0 in the basaltic melt studied by
Shishkina et al. (2010) are quite similar to those found in a rhyoltic melt at

similar conditions of pressure, temperature and oxygen fugacity (Fig. 8). Morizet
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et al. (2010) demonstrate that decreasing the oxygen fugacity results in lower
concentrations of C0,*!in the melt due to lower CO, fugacities in the fluid, as

seen in previous studies.

It 1is 1instructive to wuse the data to calculate simple Henrian partition
coefficients for €0, between the fluid and the melt, D™ to investigate its
variability and applicability. For example, using the data of Tamic et al. (2001)
displayed in Figure 8 the D!t for 0, at 200 MPa varies from 1050 at X, =
0.8 to 900 at Xy, ™* = 0.2. At 500 MPa this value increases from 270 to 350 as

fuid yaries from 0.8 to 0.2. Even for fluids of pure CO, the calculated

XHZO
partition coefficient is 950 at 200 MPa and 360 at 500 MPa (Fig. 8). Although the
pressure effect is evident in the partition coefficients, it is striking that
effects of volatile composition on D™ ™' for C0,""*! are small, less than ~ 10
relative percent. On the other had the D™ for H,0""*' as a function of the fluid
composition varies by a factor of 3x at both 200 and 500 MPa. Thus to a first

approximation the distribution of CO, between fluids and melt can be determined

using a simple Henrian partition coefficient, but that of water cannot.

These studies on the solubilities of H,0 and CO, demonstrated the significant
control of pressure on their concentrations in silicate melts and the weaker effect

of temperature and melt composition. In particular, the solubility studies using
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mixed H,0-CO, fluids have provided the fundamental data needed for the creation and
assessment of complex thermodynamic models that better describe silicate melt-fluid
phase interactions (to be discussed in Section 5, below) than the simple partition

coefficients discussed above.

4.4 Sulfur

Our knowledge of sulfur saturation in melts and partitioning between melts and
geologically important fluids (dominated by H,0 and CO,) remains woefully
inadequate, especially considering the importance of sulfur in ore formation
processes, volcanic monitoring and global climate change. Many studies were
performed on the partitioning of sulfur between slags and C-0-S gases at 1 bar

(e. g., Fincham and Richardson, 1954; Katsura and Nagashima, 1974), but they are not
directly applicable to magmatic systems because of the absence of H,0 in the

system. Additionally, many studies on the saturation of natural silicate melts
with sulfide (either molten or solid) or sulfate (molten or solid) have been
performed (the reader interested in this topic is referred to the review by Baker
and Moretti, 2011), but these sulfide and sulfate saturation studies do not provide
partition coefficients between melts and typical magmatic fluids. Only a few
studies have measured these important values. Because a dedicated review of this
topic was recently published (Webster and Botcharnikov, 2011), only a brief summary

of sulfur partitioning between silicate melts and aqueous fluids will be presented.
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Scaillet et al. (1998) present a summary of partition coefficients for sulfur
between magmatic melts and hydrous gases estimated from measurements of natural
volcanic gases; their summary shows fluid/melt partition coefficients varying from
50 to 2600. In their experiments on a metaluminous rhyolitic melt near 780 ° C,
224 MPa, Scaillet et al. (1998) demonstrated that as the oxygen fugacity increased
from the nickel-nickel oxide buffer (NNO), where S* is the stable sulfur species

in the melt, to approximately 2 log units higher, where SO,” is the stable melt
species, the fluid/melt partition coefficient increased from 1 to almost 1600. The
partition coefficient was shown to decrease with increasing pressure or increasing
temperature at constant oxygen fugacity. Scaillet and MacDonald (2006) expanded on
Scaillet et al. (1998) and studied sulfur partitioning between peralkaline
rhyolitic melts of different compositions and an aqueous fluid phase. All
peralkaline rhyolitic melts studied by Scaillet and MacDonald (2006) had
significantly higher partition coefficients than metaluminous rhyolites, except at
the highest oxygen fugacities studied. They found that the fluid/melt partition
coefficient of approximately 270 was relatively insensitive to pressure for mildly
peralkaline rhyolitic melts, but that the melt with the highest peralkalinity and
iron concentration increased its partition coefficient to in excess of 500 at
oxygen fugacities more that one log unit above NNO. However, over the temperature

range of 800 to 900 °C they found only a weak temperature influence.
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Keppler (1999, 2010) studied the partitioning of sulfur between a haplogranitic
melt and an aqueous fluid phase. In particular, Keppler (2010) studied the
partitioning from 50 to 300 MPa, 750 to 850 °C, at various oxygen fugacities.
Keppler (2010) found that in his iron— and calcium—free melts at 200 MPa, 850 °C as
the oxygen fugacity increased from the cobalt—-cobalt oxide buffer to NNO the
fluid/melt partition coefficient dropped from 468 to 47 and did not change at the
even higher oxygen fugacity of the magnetite—hematite buffer. Note that this
finding of an inverse correlation between the partition coefficient and the oxygen
fugacity is the opposite of that reported by Scaillet et al. (1998) and Scaillet
and MacDonald (2006). At 850 °C and an oxygen fugacity between 0.5 to 1 log unit
above NNO, Keppler measured a fluid/melt partition coefficient of 58 at 50 MPa and
94 at 100 MPa, indicative of a significant positive correlation between pressure
and the partition coefficient, but at 750 °C, 200 MPa the partition coefficient was
51. Some of the differences between Keppler' s study and previous results are no
doubt due to his use of an iron— and calcium—free system, however whether or not

that explains all of the differences remains for future research to discover.

Botcharnikov et al. (2004) studied the partitioning of sulfur between a rhyodacitic
melt and a fluid containing water and chlorine at 850 °C, 200 MPa. These
experiments contained a significant amount of minerals, which made the calculation

of the fluid composition challenging. Their three measurements made in the absence

45



of Cl yield a weight-based, fluid/melt partition coefficient of sulfur at 200 MPa,
850 ° C of 1500 = 400. Alternatively, if each of these experiments is
considered individually the partition coefficient varies from 840 to 1700. (The
effect of Cl on the partitioning of sulfur in this system will be discussed in

section 4.8.)

Few published measurements of sulfur partitioning between hydrous fluids and
basaltic melts are available. Most of these measurements are reported in the
review of Webster and Botcharnikov (2011) and are based upon personal
communications concerning the experimental results of Moune et al. (2009), Lesne et
al. (2011c), Webster et al. (2011) and studies currently only published as
abstracts or a thesis (Beermann et al., 2009; Beermann, 2010). Webster and
Botcharnikov's (2011) compilation of the data demonstrate a strong effect of the
water concentration in the melt on the partitioning of sulfur at 1050 ° C , 300 MPa
and oxygen fugacities within % a log unit of the FMQ buffer (i.e., where sulfide is
expected to be the dominant sulfur species in the melt, see Baker and Moretti,
2011); as the water concentration in the melt increases from 0 to 4 wt% the
partition coefficient of sulfur drops from 500 to between = 50 and 25, and remains
at these values for higher water concentrations. These authors also demonstrated
that decreasing the pressure to 200 MPa does not have a significant effect on the

partition coefficient, however at pressures below 100 MPa and temperatures of 1150
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C they indicate that fluid/basaltic melt partition coefficients for sulfur reach
values of 3000. Webster and Botcharnikov (2011) report that Beermann (2010) found
that at oxidizing conditions of FMQ+3.2 (where the dominant sulfur species in the
melt is sulfate, see Baker and Moretti, 2011) the partition coefficient is 30 to 40
at 200 MPa and 70 at 100 MPa. Two reconnaissance experiments by D.R. Baker at
McGill University have yielded two fluid/melt partition coefficients for sulfur
between an Mt. Etna alkali basaltic melt with 0.15 wt% dissolved H,0 and a hydrous
fluid at 1260 °C, NNO, and 1 MPa: 57 and 52. As Webster and Botcharnikov (2011)
clearly state, many more measurements on the partitioning of sulfur between
magmatic melts of all compositions and hydrous fluids must be performed before we

fully understand this process.

4.5 Chlorine

Because of its importance as a ligand for ore metals, the study of chlorine
partitioning between fluids and silicate melts has been actively pursued by many
research groups. One of the early, if not the earliest, experimental measurement of
chlorine partitioning between magmatic melts and fluids was that of Kilinc and
Burnham (1972). However, over the past 20 years it is J.D. Webster who has made
the single most important set of contributions to our knowledge of chlorine
partitioning between silicate melts and aqueous fluids. Some, and only some, of

the more important papers on this topic by Webster and colleagues are: Webster and
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Holloway (1988), Webster (1992a, 1992b), Carroll and Webster (1994), Webster et al.
(1999), Webster and De Vivo (2002), Webster et al. (2009a, 2009b), Webster and
Mandeville (2007). These papers demonstrate the complexity of the interactions
between chlorine and water in the fluid and melt phases. The most important
complication is that continued addition of chlorine to a system composed of a
silicate melt and an aqueous fluid will eventually result in the saturation of the
system with a Cl-rich brine, similar to what is seen in the simple system H,0-NaCl
(e.g., Chou, 1987), although the exact conditions at which this occurs depends upon
the bulk composition of the system, temperature and pressure (see Webster and
Mandeville, 2007). Because most magmatic systems probably do not contain a
separate brine this review will concentrate on relations between silicate melts and

the Cl-bearing aqueous fluid.

Figure 9a demonstrates how for a given melt composition (e.g., andesitic melt) the
addition of Cl to the melt at low concentrations has little or no measurable effect
on the water solubility; at these conditions a Henrian fluid melt partition
coefficient for chlorine, Dﬂ“M“w“m can be defined (Fig. 9b). However, given
sufficient addition of Cl the fluid phase will exsolve into two phases, a lower
density hydrous fluid and a high density brine (Fig. 9b). The three phases coexist
stably only at one point in these diagrams where a distinct singularity, a kink in

the curve (Fig. 9a), is present. However, for some conditions the fluid phase is
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supercritical and does not intersect a singular three-phase point; in these cases
there is a smooth progression from the low Cl, hydrous fluid to a high-Cl brine as
the bulk Cl concentration in the system is increased, as exemplified by the
basaltic composition in Figure 9a (see Webster et al., 1999, and Webster and
Mandeville, 2007, for further details). Studies by Webster and colleagues
demonstrate that saturation of silicate melts with a Cl-brine at 200 MPa varies
from ~3000 ppm for granitic melts to in excess of 2.5 wt% for basaltic melts.
However, these diagrams are not useful in the portrayal of the partition
coefficients of chlorine between silicate melts containing only 100’ s to 1000’ s of
ppm of Cl and hydrous fluids. Instead, partition coefficients need to be
calculated from the chlorine concentrations of coexisting melts and aqueous fluids

(e.g., Signorelli and Carroll, 2000).

The behavior of Cl in the silicate melt and in the fluid are schematically
illustrated for two cases in Figure 9b, each at constant pressure and temperature.
In the first case the system is at subcritical conditions and in the second case at
supercritical conditions. At low Cl concentrations in both cases the system will
show Henrian behavior and the chlorine partition coefficient between the fluid and
the melt can be defined. However, with increasing addition of Cl at subcritical
conditions the system will eventually saturate in a brine phase creating a three

phase system and further addition of Cl will eliminate the fluid phase (Fig. 9b).
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At supercritical conditions there exists a smooth transition from the water-—
dominated fluid phase to the Cl-dominated brine phase (Fig. 9b). The details of
the behavior depicted in Figure 9 depend upon pressure, temperature and the
composition of the system. Nevertheless, in most magmatic systems experimentally
investigated the chlorine partitioning displays Henrian behavior (i.e., a constant
partition coefficient) at concentrations less than about 5000 ppm in basic to
intermediate melt compositions and less than about 500 ppm in silicic compositions.
This review concentrates on this region of chlorine concentrations because these
are common ranges in magmatic systems (Aiuppa et al., 2009) and measurements of
fluid/melt partitioning of chlorine indicate that at low concentrations a simple
partition coefficient can be defined. However, at higher concentrations of Cl (as
shown in Fig. 9b) the chlorine partition coefficient increases with the Cl
concentration in the melt and in the fluid. All of the studies discussed below
present measurements of fluid/melt partitioning for chlorine at high concentrations
where a constant partition coefficient for Cl does not exist; the reader interested
in such the behavior of chlorine in melts at such high concentrations is referred

to the original sources.

Experimental data from published studies of chlorine partitioning between aqueous
fluids and silicate melts have been compiled and in most cases plotted on figures

similar to Fig. 9b to calculate the chlorine partition coefficient between fluids
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and melts at low concentrations (approximately less than 5000 ppm in basic to
intermediate melts and less than 500 ppm in silicic melts). This technique is
useful for investigating the partitioning of an element at low concentrations where
it follows Henrian behavior, but fails at higher concentrations where the activity
coefficient becomes a complex function of the phase composition. Figure 10
presents the partition coefficients of chlorine between aqueous fluids and silicate
melts as a function of pressure from 1 to 600 MPa. The partitioning measurements
were conducted over a temperature range of approximately 800 to 1250 ° C, but the

results demonstrate only a weak effect of temperature.

Shinohara et al. (1989, see also Shinohara 2009) studied the behavior of a
haplogranitic melt coexisting with hydrous, Cl-bearing fluids and brines at 810 °C
and pressures from 60 to 600 MPa. At 60 and 120 MPa they found evidence that their
melts became saturated with both an aqueous fluid and a chloride brine, but at
higher pressures only a single—phase, Cl-bearing fluid was present in their
experiments. They demonstrated that their fluid/melt partition coefficients
increased with pressure from 3 to almost 250 as the pressured increased from 60 to
600 MPa (Fig. 10). Webster and Holloway (1990) also measured fluid/haplogranitic
melt partitioning of chlorine and found values approximately % of those that can be

estimated from Shinohara et al.’s (1989) data (Fig. 10).
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Kravchuk and Keppler (1994) built upon the work of Malinin et al. (1989) and
Malinin and Kravchuk (1994) and reported experimental results on the partitioning
of chlorine between feldspathic, quarzofeldspathic and haplogranitic melts and an
aqueous fluid. They demonstrated that the method by which chlorine was introduced
into the system had an effect on the partition coefficient at 800 °C, 200 MPa. If
chlorine was added as HCl the partitioning of Cl between the hydrous fluid and
either albitic or potassium feldspar melts behaved in a Henrian manner and the
chlorine partition coefficient between fluid and melt was = 25, although the
partition coefficient in the presence of potassium was a little higher than in the
case of sodium. If the Cl was added as a salt the partitioning depended upon the
amount of salt added. For example, when Cl was added as NaCl to an albite—quartz
melt the partition coefficient of Cl between fluid and melt was = 12 at infinite
dilution of Cl in the fluid and increased to about 200 when ~ 28 mols of Cl/kg H,0
were present in the fluid. Kravchuk and Keppler (1994) found that when Cl was added
as NaCl to the haplogranitic melt the fluid/melt partition coefficient for Cl was
32 at 200 MPa, very similar to the previous results of Webster and Holloway (1990),

as demonstrated in Figure 10.

Métrich and Rutherford (1992) studied the partitioning of Cl between rhyolitic,
phonolitic, pantelleritic, as well as synthetic melts, and hydrous fluids. They

clearly demonstrated saturation of the studied melts with a chloride brine at high
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concentrations, similar to the earlier studies discussed above. The concentration
of chlorine in the brine—saturated melts at 830 to 850 °C, 100 MPa varies from
~3000 ppm in the rhyolitic melt to 7000 in the phonolitic melt to ~9000 in the
pantelleritic melt. They demonstrated that the chlorine concentration in the
brine—saturated, pantelleritic melt increased with pressure. Their measurements at
low chlorine concentrations in the pantelleritic melt can be used to define a
Henrian partition coefficient of 7 at 830 °C, 100 MPa (Fig. 10). Botcharnikov et
al. (2004) measured the partitioning of Cl between a rhyodacitic melt and hydrous
fluids; at 200 MPa, 850 ° C they measured a fluid/melt partition coefficient of 2.
These values of the partition coefficients between fluids and natural silicic melts
are 1/3™ to 1/10™ those measured for haplogranitic melts by Shinohara et al.
(1989) and Kravchuck and Keppler (1994). Webster et al.’ s (2009b) measurements of
chlorine partitioning between a Mt. Mazama rhyodacitic melt with between 2900 and
5700 ppm and hydrous fluid produce a higher partition coefficient of 16 £ 6, in
between the value Botcharnikov et al.’s (2004) results and those determined for

haplogranitic compositions.

Chevychelov (1999), Chevychelov and Suk (2003), Chevychelov et al. (2003) and
Chevychelov et al. (2008a) performed numerous studies on the interaction of
halogens and silicate melts, but only the most recent study will be discussed.

Chevychelov et al. (2008a) measured = 5 000 ppm chlorine in a K-phonolitic melt
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(from Vesuvius) in equilibrium with a Cl-brine at 200 MPa, NNO, and 845 to 860 °C ,
and at 200 MPa, 1000 ° C and NNO+3. 5. Using fluorine—free experiments with
chlorine concentrations in the melt below 5 000 ppm (i.e., not in equilibrium with
a brine) a fluid/melt partition coefficient for chlorine of 7.9 at 845-860 ° C can
be calculated from one measurement, and at 1000 ° C and NNO+3.5 the partition

coefficient is 4.3 £ 1.3 (Fig. 10).

Signorelli and Carroll (2000) measured the partitioning of chlorine between aqueous
fluids and two phonolitic melts, one peraluminous (from Vesuvius) and one
peralkaline (from Montafia Blanca, Tenerife) at 860 to 890 ° C and pressures from 25
to 250 MPa. They found that both melts saturated with a brine at pressures below
200 MPa, but that the chlorine concentration in the melt coexisting with the brine
decreased from = 9 000 ppm at 25 MPa to 7 000 at 150 MPa. They demonstrated that
although the fluid-melt partition coefficients for Cl at brine—undersaturated
conditions were slightly different for each melt, they increased from near 1 at the
lowest pressured investigated to a high of 25 at 250 MPa (Fig. 10). Signorelli and
Carroll (2002) extended their previous study by investigating the interactions
between trachytic melts and Cl-bearing aqueous fluids and brines at 860 to 930 ° C
and 25 to 250 MPa. They found no significant effect of the alkali/alumina ratio on
the concentration of chlorine necessary to saturate the trachytic melts with a

brine, unlike phonolitic melts that have a minimum in this value near an
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alkali/alumina ratio of 1. They also found that the concentration of chlorine in
trachytic melts coexisting with a brine decreased with increasing pressure, as they
previously observed in phonolitic melts, from near 8 000 ppm at 25 MPa to ~4 000
ppm at 250 MPa. The partitioning of chlorine between hydrous fluids and andesitic
melts was studied by Webster et al. (1999) and Botcharnikov et al. (2007); the
measurements of both of these studies are similar and yield a Cl fluid/melt
partition coefficient 2.8%+0.6 and 3.6=%0.6, respectively, at 200 MPa for melts

with less than 5000 ppm Cl in them.

Stelling et al. (2008) and Alletti et al. (2009) studied the partitioning of Cl
between hawaiitic basaltic compositions from Mt. Etna and aqueous fluids (Fig. 10).
Stelling et al. (2008) investigated the effects of temperature and Alletti et al.
(2009) investigated the effects of pressure on the chlorine partition coefficient.
The results of Stelling et al. (2008) and Alletti et al. (2009) at low total
chlorine concentrations yield fluid/melt partition coefficients that are generally
between 3 and 8. Alletti et al. (2009) provide an equation for the prediction of
the hydrous fluid/melt chlorine partition coefficient at 1200 °C, NNO over the
range of 1 to 200 MPa:

fluid/melt _ —0.0853
Dg'™=12.732P . (5)

Interestingly, there are some important differences in the measured partition

coefficients between Stelling et al. (2008) and Alletti et al. (2009), even at the
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same conditions of temperature and pressure. These differences are not easily

reconciled as discussed in Alletti et al. (2009). Additionally, unlike the studies
on haplogranitic and phonolitic melts discussed above, Alletti et al. (2009) found
that the partition coefficient of Cl aqueous fluid and melt decreased slightly with

increasing pressure.

Alletti et al. (2009) is the only study to investigate the partitioning of Cl
between and aqueous fluid and a magmatic melt at 1 MPa, where the Cl dissolved in
the fluid phase should be dominantly complexed as HCl, rather than as alkali
chlorides (Shinohara, 2009). This change in the dominant form of complexing in the
fluid may be responsible for the small increase in the partition coefficient from
10.8 to 13.9 as the pressure increases from 1 to 25 MPa, whereas at higher
pressures the partition coefficient decreases. However, as Shinohara (2009)
pleads, we need much more partitioning data at low pressures to better understand
how changes in Cl complexing affect its distribution between silicate melts and

coexisting fluids.

Beerman (2010) in his Ph.D. thesis reports data on the partitioning of chlorine
between hydrous fluids and either a dacitic melt or a hawaiitic melt at 1050 ° C ,
200 MPa and an oxygen fugacity of approximately FMQ+ 0.8. The hawaiitic melt was

similar in composition to that used by Stelling et al. (2008) and Alletti et al.
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(2009). Using his data with Cl concentrations of 1 wt% or less in the melt, a
partition coefficient between the fluid and the hawaiitic melt of 6.4 can be

calculated, and between the fluid and the dacitic melt the value is 8.7 (Fig. 10).

The chlorine partitioning data in Figure 10 display a range of almost 2 orders of
magnitude at 200 MPa. However, most of the measured fluid/melt partition
coefficients for Cl at low concentrations in natural compositions ranging from
basalt to rhyolite only vary from approximately 2 to 8 and therefore allow us to
model the evolution of Cl in most common magmatic systems at 200 MPa. The
exceptions to this tight clustering of partition coefficients include experiments
on a haplogranitic, and F-bearing rhyolitic and phonolite melt compositions, whose
partition coefficients are higher. Some of these differences in partition
coefficients are no doubt related to the different temperatures of the various
experiments, but currently there are insufficient data available to constrain the

effect of temperature on the chlorine partition coefficient.

Almost no measurements exist at pressures above 200 MPa. But the few data that
exist at lower pressures suggests that for common compositions there does not seem
to be a significant pressure effect; once again the phonolites are the exception.
Nevertheless, Figure 10 clearly demonstrates the need for additional measurements

on chlorine partitioning at pressures both above and below 200 MPa.
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4.6 Other halogens

Measurements of fluorine partitioning between melts and fluids are rare because of
the difficulty of analyzing fluorine by the electron microprobe. On the other
hand fluorine does not form a separate brine, as does chlorine, at concentrations
similar to those found in magmatic systems (Aiuppa et al., 2009). Nevertheless, as
shown by many of the papers cited below, systems containing both chlorine and
fluorine at high, but still natural, concentration levels can form brines. This
review concentrates on partition coefficients of halogens at low concentrations

between silicate melts and aqueous fluids, as done above for CI..

Webster (1990) measured the partitioning of fluorine between a fluid and a
peraluminous rhyolitic melt and found that for melts with approximatelyl wt.% F at
pressures of 200 MPa its value varied from 0.13 at 775 ° C to 0.37 at 994 ° C.
There was no significant influence of pressure on the partition coefficient over
the range of 200 to 500 MPa. Increasing the the F concentration in the melt
resulted in partition coefficients reaching values as high as 1.11, which occurred
for a melt containing 6.8 wt% F. Webster (1990) also demonstrated that diluting
the fluid with CO, such that the mole fraction of water in the fluid was ~ 0.5
resulted in an order of magnitude decrease in the fluorine fluid/melt partition

coefficient. Webster and Holloway (1990) measured fluid/melt partitioning of
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fluorine for melts of both peraluminous rhyolitic and haplogranitic compositions at
200 MPa and temperatures near 800 ° C. The fluorine partition coefficient for the
rhyolitic melt was found to be 0.3 *= 0.06 at F concentrations less than = 2 wt%
and for the haplogranitic composition the value of the partition coefficient was

almost identical, 0.4 =+ 0.09.

Borodulin et al. (2009) investigated the partitioning of F between haplosilicic (67
to 74% Si0, and composed of only Si0,, Al,0,, Na,0 and K,0) melts that varied from

peralkaline to peraluminous and hydrous fluids at 100 MPa and temperatures from 650
to 850 ° C. They found that the fluorine partition coefficients between fluids and
peralkaline melts with 0.6 to 2.1 wt.% dissolved F increased from 0.7 at 650 ° C

to 3.8 at 850 ° C, and for peraluminous melts with 4.8 to 6.2 wt% F the partition
coefficient decreased from 0.15 to 0.04. Metaluminous melts with 4 wt% F displayed

relatively constant fluid melt fluorine partition coefficients of 0. 3.

Chevychelov et al. (2008a) provide the results of fluorine partitioning
measurements between a phonolitic melt and F- and Cl-bearing aqueous fluids and
brines at 200 MPa, 845-860 ° C, NNO, and also at 200 MPa, 1000 ° C, NNO+3.5. The
maximum fluorine concentration in the K-phonolitic melt saturated with a Cl- and F-
bearing brine was 7 000 ppm. Although they found that the capsule material (either

Au or Pt) affected the F concentrations of the melt, their results indicate that
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the fluid/melt partition coefficient for fluorine is always greater than 1.
Combining their data from both capsule types for melts that coexist with only an
aqueous fluid, not a brine, yield a partition coefficient of 14.8 £ 4.3 at 845-860
° Cand of 7.6 = 5.3 at 1000 ° C. Chevychelov et al. (2008b) investigated the
fluid/basaltic melt partition coefficient for F in the presence of only small

amounts of Cl (0.11 wt.% in the melt) and measured a value of 28=+5.

Alletti (2008) measured partition coefficients of fluorine between aqueous fluids
and a melt of an Etna hawiitic basalt. At 1 MPa the fluid/melt partition
coefficient was 3 based upon forward and reversal experiments. However, higher
pressure, unreversed experiments yielded fluid—melt partition coefficients for
fluorine of 19 at 1200 °C, 25 MPa and 38 at 1200 °C, 100 MPa (Alletti, 2007).

These values are remarkably similar to those of Chevychelov et al. (2008b) measured

at similar conditions.

Bureau et al. (2000) investigated the partitioning of chlorine, bromine and iodine
between an albitic melt and an aqueous fluid at 900 °C, 200 MPa and found that the
partition coefficients increased from 8 for Cl, to 18 for Br, and to 104 for I.
They demonstrated a linear relationship between the logarithm of the partition
coefficient and the ionic radius of the anion, but could not find a physical

explanation for this relationship. Bureau and Métrich (2003) investigated the
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maximum bromine concentrations (i.e., saturation with a Br—brine) in a series of
iron—free synthetic glass compositions at 100 to 200 MPa and 900 to 1080 °C. They
found that bromine concentrations increased from haplogranitic (2 800 to 3 900 ppm,
low temperature to high temperature) to rhyolitic (4 300 to 5 900 ppm) to albitic
(5 400 to 7 900 ppm) to pantelleritic melts (9700 to 11 300 ppm). Bureau et al.
(2010) studied bromine partitioning between a fluid and a haplogranitic melt at in
situ conditions using a heated diamond anvil and demonstrated the utility of this
technique for fluid/melt partitioning studies. Experimental temperatures varied
from 590 to 890 ° C and pressures 650 MPa to 1.7 GPa. They found that the Br
fluid/melt partition coefficient varied from near 9 at the 900 MPa and 660 ° C to
approximately 2 at the highest combination of temperature and pressure, however
Bureau et al. (2010) argue for little influence of temperature on their results and
ascribe the differences to the effect of pressure. Interestingly, Bureau et al.
(2010) demonstrate the changes in Br concentrations in their samples between the in

situ conditions and after quenching to room temperature and pressure.

The paucity of data on fluid/melt partitioning for halogens other than chlorine
limits our understanding of their storage and transport in magmatic systems.
Understanding the degassing behavior of halogens is becoming more critical as
these elements become tools for the prediction of volcanic eruptions and as we

learn about their detrimental effects on Earth’s atmosphere (e.g., Aiuppa et al.,
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2009). Although we now have in hand some very useful partition coefficients, the
current experimental results raise some very interesting and potentially important
questions. For example, fluid/melt partition coefficients for fluorine
significantly greater than 1 are surprising because fluorine is generally
considered to be a compatible element in fluid-saturated melts (e.g., Dolejs and
Baker, 2008) and not lost into the volatile phase until very low pressures (e.g.,
Aiuppa et al., 2009). However, at the present time there is no explanation for the
remarkably high partition coefficients measured in experiments on basaltic melts by
different research groups (Alletti, 2008; Chevychelov et al., 2008b). Clearly
there is the need for further experiments to investigate the partitioning of all

halogens between silicate melts an coexisting aqueous fluids.

4.7 Noble gases and nitrogen

Our knowledge of the behavior of noble gases and nitrogen in magmatic systems is
limited. However, at crustal pressures their solubilities are in the range of a
few thousand ppm and they appear to be dissolved as atoms in the free—space (the
ionic porosity) of the silicate melts (Jambon et al., 1986; Carroll and Stolper,
1993; Carroll and Webster, 1994; Carroll and Draper, 1994; Paonita, 2005).

Paonita (2005) provides a table of noble gas solubilities; their values range from
near 6 x 10° to 8.6 x 10™ cm3 g ' bar!, where the bar’ unit indicates that the

concentration is normalized to the pressure of the gas at saturation. Consistent
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with the ionic porosity model, the solubilities of these gases increase with
increasing ionic porosity, which to a first order approximation increases with the
silica concentration in the melt, and decreases with increasing atomic radius.

More recently lacono-Marziano et el. (2010) demonstrated that both Ar and Ne
solubilities in basaltic and rhyolitic melts followed Henry s law, i.e., they found
a linear relationship between the concentration of these gases in the melt and the
gas pressure. Combining their data with previous experimental results they were
able to construct an empirical model to predict the solubilities of He, Ne and Ar

in a wide range of igneous melt compositions.

Our knowledge of nitrogen’ s behavior in magmatic systems is fragmentary, at best.
Unpublished experiments by D.R. Baker and D.H. Eggler at the Pennsylvania State
University in the 1980’ s demonstrated that nitrogen saturation reduced the solidus
temperature of diopside by less than 100 °C at 2.5 GPa, indicating that little
nitrogen dissolved in the melt. Libourel et al. (2003) demonstrated that at 1
atmosphere basaltic melts dissolve nitrogen only at the ppb level, unless the
oxygen fugacity is extremely low, below that estimated for lunar rocks. Both
studies indicate the relative unimportance of nitrogen in terrestrial magmatic
processes.  Mysen et al. (2008) and Mysen and Fogel (2010) studied the solubility
of nitrogen in sodium silicate binary melts far removed from natural compositions.

These studies found little effect of oxygen fugacity on nitrogen solubility, but
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Mysen and Fogel (2010) determined that increasing the Na/Si ratio of the melt
resulted in higher solubilities. Mysen and Fogel (2010) determined that at the
reducing conditions of the iron-wustite buffer, nitrogen was present as NH,, NH,,
and minor N,; no evidence of azide or nitride formation was found in either of
these studies. The presence of nitride minerals in reduced meteorites (e.g.,
Russell et al., 1995) hints at its possible importance somewhere in the history of
our solar system, but such nitrides are probably not associated with most

terrestrial igneous processes.

4.8 Multicomponent fluids and the partitioning of trace volatiles

4.8.1 Chlorine, fluorine and water

Webster and Holloway (1990) studied the partitioning of F and Cl between fluids and
a haplogranitic melt and between fluids and a rhyoltic melt. They found that
addition of F at 1 to 2 wt.% in a haplogranitic melt resulted in a substantial
decrease in the fluid/melt partition coefficient for chlorine; at 200 MPa the Cl
partition coefficient in the presence of F is about one—half of the value for
haplogranitic systems in which Cl is the only halogen (Fig. 10). They also
demonstrated that the combination of increasing temperature and increasing
concentrations of F in the system resulted in a decrease in the Cl fluid/melt
partition coefficient such that at 200 MPa, 1000 ° C for a melt with almost 8 wt.%

F, chlorine was partitioned into the melt rather than the fluid (D™ = 0.8).

64



Webster and Holloway s (1990) measurements of the chlorine fluid/melt partition
coefficient for F-bearing topaz rhyolitic melt produced results almost identical to

those obtained for the haplogranitic composition.

Webster and Rebbert’s (1998) measurement of the chlorine partition coefficient
between an F-bearing peraluminous rhyolitic melt at 200 MPa and fluid, D™“i¢m!* =
10.8 £ 2.2, similar to fluid/melt partition coefficients for similar rhyolitic
melts in which chlorine is the only halogen (Fig. 10). Their Dﬂ“M“m“m of 12 = 4
at 50 MPa is similar to measurements for hawaiitic melts and fluids (Alletti et

al., 2009) and approximately 1/3 of the value measured between fluids and a

peralkaline phonolite (Signorelli and Carroll, 2000).

Chevychelov et al.’ s (2008a) 845-860 ° C , 200 MPa data indicate that the chlorine
fluid/melt partition coefficient in the presence of 0.1 to 0.7 wt % F is 3.3 ==
2.7, or approximately one half of that measured in the absence of fluorine. The
fluorine fluid/phonolitic melt partition coefficient measured in the presence of
0.3 to 0.7 wt% Cl was, 7.3 = 1.0, was also approximately one half of the value
measured in chlorine free experiments. On the other hand, the measurements at 1000
° C indicate no measurable effect of F on the Cl fluid/melt partition coefficient
and almost no effect of Cl on the F fluid/melt partition coefficient, 4.4 = 1.9 in

the presence of 0.36 to 0.82 wt% Cl in the melt versus 7.6 = 5.3 in the absence of
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chlorine.

Chevychelov et al. (2008b) investigated partitioning of both Cl and F at 1200 °C,
200 MPa between a fluid and a hawaiitic melt. Their data defines a Cl partition
coefficient of 2.7 when the fluorine concentration in the melt varies from 0.5 to
0.79 wt%. This value is quite similar to other values for the Cl partition
coefficient between fluids and basaltic melts in F-free systems (Fig. 10).
Chevychelov et al.’ s (2008b) determination of the F fluid/melt partition
coefficient in the presence of 0.4 to 2.67wt% Cl in the melt was 23.7 = 2.7,
virtually indistinguishable from the value determined with only 0.11 wt% Cl in the
system of 28.1 * 5.4. The results suggest the independence of the Cl and F
fluid/melt partition coefficients from the presence of the other halogen in this

system at concentrations similar to those studied (Fig. 10).

4.8.2 Chlorine, carbon dioxide and water

The effect of diluting the fluid with CO, on the partition coefficient of chlorine
has been studied by two groups. Botcharnikov et al. (2007) investigated the
difference in the fluid/andesitic melt partitioning of chlorine with fluids
containing only water and chlorine at 1200 ° C, 200 MPa, where D™¥™!' = 3. 6=+0.8,
and fluids with water, chlorine and CO,, where X,,"™'¢ = 0.85 and D™ = 2. 0%0.1

(Fig. 10). Although the decrease of the partition coefficient with the addition of
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CO, is consistent with previous studies, the effect is minor at the conditions
investigated. Botcharnikov et al. (2007) proposed that the chlorine partitioning
between the fluid and andesitic melt was most—probably controlled by activity—
composition relationships in the fluid phase composed of H,0, Cl and CO,. However,
some of the variation they measured may have been due to the different melt

compositions found in various experiments.

Alletti et al. (2009) measured partitioning of Cl between a hawaiitic melt and a C—
0-H-Cl1 fluid and compared their results to a fluid only containing O0-H-Cl. They
found that at the addition of CO, measurably decreased the chlorine fluid/melt
partition coefficient at 25 and 50 MPa, but had only a small effect at 100 MPa

(Fig. 10). These effects of C0, on the partition coefficient of Cl were attributed
by Alletti (2008) to the lower bulk dielectric constant of C0,~H,0 fluids compared

to pure H,0 fluids.

4.8.3 Chlorine, sulfur and water

Botcharnikov et al. (2004) investigated the partitioning of S and Cl between a

hydrous fluid and a rhyodacitic melt. Their results demonstrated that as sulfur
was added to the system the Cl concentration in the melt decreased for equivalent
concentrations in the fluid. The total concentration of S in the melt and in the

fluid increased from 60 ppm to 200 ppm as the chlorine concentration in the melt
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varied from 0 to 8100 ppm. The effect of S on the partition coefficient of Cl was
impressive. Using results from experiments whose melts contained 800 to 2300 ppm
Cl and 60 to 160 ppm S, the calculated Cl partition fluid/melt coefficient is 10.3
+ 0.9 (Fig. 10), a fivefold increase over the partition coefficient determined in
the absence of sulfur, 2 (cf. Section 4.5). Botcharnikov et al.’s (2004)
measurements yield a sulfur partition coefficient of 1500%+400 in the absence of
Cl, but this value drops to 260%36 when 0.22 to 0.23 wt.% Cl is present in the
melt. This dramatic decrease in the partition coefficient was attributed to non-—

ideal mixing in the fluid by Botcharnikov et al. (2004).

Webster et al. (2009a) investigated the partitioning of chlorine and sulfur between
phonolitic to trachytic melts and a hydrous fluid at 200 MPa and ~ 900 to 1000 °C
and oxygen fugacities greater than NNO. Calculating the Cl partition coefficient
for melts with 0.16 to 0.5 wt% Cl and approximately 1000 ppm S yields a fluid/melt
partition coefficient of Cl equal to 14.5 £ 5.4 when measured Cl concentrations in
the fluid are used or 11.9 = 6.4 if the calculated fluid concentrations are used
(see Webster et al., 2009a). This value is slightly higher than the Cl fluid/melt
partitioning values found by Chevychelov et al. (2008) for a similar composition
melt, but in the absence of sulfur (Fig 10.). No obvious dependence of the chlorine
partition coefficient on the sulfur concentration can be observed in the data.

The range in the fluid/melt partition coefficients of sulfur for most of the
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experiments was 50 to 300, with most clustering near 200, but one was as low as 2
and another exceeded 1000. These authors found a clear dependence of the S
partition coefficient on the calcium concentration of the melt and noted that this
partition coefficient increased with increasing S in the system. The results of
Webster et al. (2009a) display a weak dependence of the sulfur fluid/melt partition
coefficient on the concentration of Cl in the melt over a range of Cl

concentrations between 0.2 and 0.8 wt. %.

Beerman’ s (2010) thesis presents a comprehensive study of S and Cl partitioning
between a hawaiitic melt and fluid, as well as similar data for a dacitic melt.
Because this data is currently only available in the thesis only a short summary of
it will be given; the interested reader should look for a full publication of the
results by Beerman and his colleagues. Beerman’s (2010) data demonstrate that at
1050 °© C, 200 MPa, and oxygen fugacities approximately 0.4 log units above the FMQ
buffer the fluid/melt partition coefficient of sulfur between a hawaiitic melt and
a Cl-bearing aqueous fluid is 180, and independent of the Cl concentration in the
melt over the range of 0.06 to 2.23 wt%. However at oxygen fugacities of 2 log
units above FMQ and higher, the partitioning of sulfur is complex and clearly
dependent upon the Cl concentration in the system. At low Cl concentrations, below
T 0.6 wt% in the melt, the sulfur fluid/melt partition coefficient is approximately

6 when sulfur concentrations in the melt are less than =~ 0.6 wt%, but as Cl
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concentrations increase to values as high as 2.2 wt% in the melt the partition
coefficient increases to 34. Beerman’s (2010) measurements of Cl in the hawaiitic
melt and in the fluid in the same S—bearing experiments at approximately FMQ + 0.5
and FMQ+2 demonstrate that the fluid/melt partition coefficient of Cl is ~2, if
only experiments with melts containing up to 0.5 wt% Cl are used for the
calculation. The value of 2 is approximately 1/3 of the partition coefficient of
6.4 calculated from Beerman’ s S—free experiments for the same melt, but at FMQ+0.8
(see Section 4.5). Beerman (2010) observed that at higher Cl concentrations in the
melt the partition coefficient increases and that the partitioning was affected by

the dissolution of cations into the fluid.

4.8.5 Sulfur, chlorine, carbon dioxide and water

Lesne et al. (2011c) experimentally simulated the degassing of two basaltic melts
containing water, carbon dioxide, sulfur and chlorine at 1150 ° C and pressures
from 300 to 25 MPa. The concentrations of sulfur in the experimental melts varied
from 40 to 3 200 ppm and the concentration of chlorine from

1 200 to 2 400 ppm. At pressures between 100 and 300 MPa most of the measured
partition coefficients for sulfur fall in the range between 10 and 100 when
expressed in weight units. At lower pressures the partition coefficients increased
to 100 to 300 at 50 MPa and up to 2800 at 25 MPa. The sulfur partition

coefficients measured at and above 100 MPa are consistent with previous
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determinations, but the lower pressure values are extremely high compared to other
measurements, discussed in Section 4.4. The chlorine partition coefficient
appeared insensitive to pressure; most measurements yielded values between 1 and 30
(in weight units), although some measurements were as high as 200. Although
somewhat scattered, these measured partition coefficients are broadly consistent

with others for basaltic melts (Fig. 10).

4.8.6 Sulfur, carbon dioxide and water

Webster et al. (2011) studied the partitioning of sulfur between haplogranitic
melts and C-0-H fluids at 900 ° C, 200 MPa; the oxygen fugacities of the
experiments ranged from 0.4 log units below the NNO buffer to 1.45 log units above
it. They found that a linear correlation between sulfur in the melt and in the
fluid independent of the CO, concentration in the system. This result is
consistent with Henrian behavior of the sulfur and the insensitivity of the
partition coefficient to CO,. Although there was scatter in the data, the average
sulfur fluid/melt partition coefficient measured by Webster et al. (2011) is 185.
Webster et al. (2011) also discovered that at the lower oxygen fugacities they
studied, but still only slightly below NNO, the addition of sulfur to the system
lowered the solubility of CO, in the melt. Incidentally, it appears that Webster

et al. (2011) were the first authors to consider calculating a simple partition
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coefficient between fluid and melt for CO,. Webster and Botcharnikov’' s (2011)
analysis of experimental results lead them to note that the presence of CO, in the
system had little to no effect on sulfur partitioning, but stressed the need for

more studies.

Although our knowledge of the partitioning of volatile elements between
multicomponent fluids and melts has increased in the past decade, we are only at
the beginning of understanding their combined behavior. At relatively high
concentrations of H,0 and low concentrations of the other volatiles (F, S, Cl, CO0,)
the partitioning of any minor volatile between the melt and fluid seems little
affected (less than a factor of 10x) by the presence of other volatiles, however
differences of a factor of 3x do not seem uncommon. There is also a clear effect
of melt and fluid compositions on the partitioning, that has not yet been well
quantified (cf., Webster and Botcharnikov, 2011). This state of affairs can only
be improved by more experiments and analysis at magmatic pressures and

temperatures.

5. A brief history of silicate melt-volatile species interaction models for

crustal pressures

In order to extend the partitioning measured at specific conditions of temperature,
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pressure, melt and fluid composition, a model of the interactions between the
volatile species in the fluid and in the melt must be constructed. Often
geological models of element behavior are based upon the statistical fitting of a
few thermodynamic parameters (e.g., P and T) and many empirical parameters (e.g.,
melt composition in terms of weight percent oxides). Although such models can be
very useful and reproduce their calibration data sets accurately, extrapolation
beyond, and sometimes even interpolation between, the calibrating points may
produce nonsensical results. On the other hand, thermodynamics provides a firm
foundation upon which to base models for volatile behavior in magmatic systems; a
good thermodynamic model should accurately interpolate between calibration points
and extrapolate, at least a little, beyond the calibration. However, often the
uncertainties in the results calculated by a thermodynamic model are greater than
those of an empirical model. The following sections provide information on some of
the more well-known models of both types that can be used to investigate the

behavior of volatile species in magmatic systems at crustal pressures.

5.1 Water

The first thermodynamic investigation of the dissolution of water in silicate melts
was that of Wasserburg (1957), which was subsequently extended by Shaw (1964). And
although Spera (1974) proposed a thermodynamically based model for water
dissolution into silicate melts, the first widely used model for the behavior of

water in silicate melts was that of Burnham (e.g., Burnham, 1975, 1979a, 1981;

73



Burnham and Nekvasil, 1986). This model is based upon Burnham’ s measurements of
the molar volumes of water in the fluid phase and dissolved in albite melt (Burnham
and Davis, 1971, 1974), the linear relationship between fugacity of H,0 and the
square of the mole fraction of water dissolved in silicate melts at low pressures,
and upon the observation by Burnham and co—workers that when melt compositions are
expressed using an equi—oxygen molecular formula (in this case 8 oxygens) the water
solubilities for all melts are similar. This model can be considered a classical
thermodynamic model in that the actual species involved in the model are not
correlated with species measured spectroscopically. Burnham's (1975, 1979a, 1981)
model proposes that at Xy, < 0.5 all water is dissolved as OH because as molecular
water dissolves into the melt it immediately reacts with a bridging oxygen to form
hydroxyl groups by the reaction

H,0™M + Si-0-Si™'" 1 2 Si-0-H™'* (1)
which can also be expressed as

HO0 ™ + 0™t g 2 OH™'t | (6)
Based upon Burnham s studies of albitic melts, where at Xy, = 0.5 equimolar

0"™* and Na® exist in the melt, he proposed that for water

proportions of H,
concentrations above Xy, = 0.5, and also in melts without exchangeable cations such
as Na" (e.g., Si0, melts), another dissolution reaction occurs, but the nature of

this reaction was unclear. Burnham explained the lower water solubility in pure

silica melts, compared to feldspar melts (Fig. 2), by the absence of exchangeable
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cations such as Na'. Although the Burnham model successfully calculates water
solubilities in many common silicate melts and can be used to model the phase
relations in granitic systems, it has been largely replaced by more recent models
based upon the measured concentrations of both dissolved molecular H,0 species at
low concentrations of total water and the disproportionation of water into OH

species in silicate melts.

In the 1980’ s, E. Stopler and associates ( e.g., Stolper, 1982) used infrared
spectroscopy to demonstrate the presence of OH and molecular H,0 dissolved in
silicate melts and quantitatively measure their abundance in quenched glasses. In
contrast to Burnham s model, dissolved molecular water was found to coexist with
hydroxyl at low total water concentrations (less than approximately 1 wt%) in
quenched silicate melts (i.e., glasses). With the insight gained from these
measurements Stolper and colleagues could calibrate the equilibrium constants for
the reactions :

H,0 M4 g H,0 ™' (7)

and Equation 6.

In a series of papers Stolper and coworkers built upon the original model and
applied it to melt compositions ranging from basaltic to rhyolitic (Stolper, 1982;

Silver and Stolper, 1985, 1989; Silver et al. 1990; Dixon et al., 1995). These
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models rely upon the thermodynamic equilibrium requirement that the chemical
potential of molecular water in the melt be equivalent to that of water in the
melt _— fluid

fluid, e = Higo , to calculate the activity of water in the melt relative to

reference conditions:

aﬂlgt (P,T)= a}fl%t (P,.T,)

0, melt 0
f.oPT) [-V/o (P‘Po)+‘AHHzo {1 1}
T T, ||

(P,.T,) &P RT R

0

fHZO

(8)
where T, and P, are the reference temperature (e.g., 1200 °C) and pressure (e.g., 1
bar or 0.1 MPa), the f,,, terms refer to the fugacity of water, V., ™' is the
molar volume of water in the melt that was found to be a constant for basaltic
melts, 12 £ 1 cm’ mol™" (Dixon et al. 1995), and AHy,S, the enthalpy of water
dissolution, can be treated as a constant. Silver and Stolper (1989) and Dixon et
al. (1995) demonstrated that dissolved molecular water followed Henry' s law and

melt

therefore a simple linear relationship linked X" to ay™'". Once the
concentration of molecular water dissolved in the melt is known, the hydroxyl
concentration can be calculated from the equilibrium disproportionation reaction
and the water concentration (in mol fraction) by

total _— melt 1 melt
XHZO - XHZO + /2 XOH* ’ (9)

which can be converted to weight percent.

These papers, in particular Silver and Stolper (1989) and Dixon et al. (1995),
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demonstrated the success of the model and its ability to calculate water
concentration in silicate melts saturated with a H,0 or H,0-CO, fluid.

Subsequently, Dixon (1997) published a model for water solubility in basaltic melts
of differing compositions that was integrated into the software package VOLATILECALC
(Newman and Lowenstern, 2002), which calculates water and CO, solubilities in
basaltic and rhyoltic melts; an Excel® spreadsheet for this model can be downloaded

from http://volcanoes. usgs. gov/yvo/aboutus/jlowenstern/other/software_jbl. html.

At the same time Stolper’ s group was constructing their models, more classical
thermodynamic (i.e., macroscopic) models were under development by other
researchers. Nicholls (1980) proposed a symmetrical regular solution model for the
estimation of water solubility in silicate melts and demonstrated its utility.
Ghiorso’ s regular solution model for the thermodynamics of anhydrous silicate melts
(e.g., Ghiorso et al., 1983) was used to describe hydrous melts through the
addition of one term in the expressions used to calculate the activity coefficient

of the components in silicate melts:

RTIny, = > W,,; X, —%ZZWUxixj +RTInX,, , (10)
and
RTIny, = > W,; X, —%zzwi’jxixj+RTln(l—XW), (11)

where R is the gas constant, T is the temperature, the subscript w on the activity

7


http://volcanoes.usgs.gov/yvo/aboutus/jlowenstern/other/software_jbl.htm

coefficient vy, the Margules parameter W, and the mole fraction X, represents H,0,
which is modeled as the undissociated molecule, and the subscripts i, j, and k
represent the anhydrous components in the melt (e.g., Mg,Si0,, NaAlSi,0,, CaMgSi,O;,
etc.). Although this model neglects the disproportionation of dissolved molecular
water into hydroxyl groups, it is nonetheless thermodynamically consistent and with
calibration accurately describes the macroscopic behavior of water in silicate
melts. Ghiorso et al. (1983) successfully reproduced the measured water
solubilities available to them at that time using this model. Ghiorso and Sack
(1995) updated and recalibrated the MELTS model using the same expressions for the
chemical potentials of the components. The MELTS model can either be run from the

website (http://melts. ofm—research.org/) as a java applet, or downloaded for use on

a personal computer. Kirschen and Pichavant (2001) modeled the system albite—
orthoclase-silica-water in a similar manner, but with additional Margules—like

interaction parameters.

Papale (1997) used the regular solution formalism and Ghiorso et al.’s (1983)
Margules parameters for the interactions of anhydrous components in silicate melts
to calibrate a model for the solubility of H,0 (and a separate one for CO,) in
silicate melts using experimental data. Similar to Ghiorso et al. (1983) and
Ghiorso and Sack (1995), the disproportionation of dissolved molecular water into

hydroxyl was not included in the model. This model was updated in 1999 (Papale,

78


http://melts.ofm-research.org/
http://melts.ofm-research.org/

1999) and in 2006 (Papale et al. 2006) to also calculate the partitioning of water
between silicate melts and an H,0-CO, fluid. As Papale (1999) discussed, addition
of a second volatile component to the system creates conditions such that the
concentration of a volatile in the melt depends not only upon pressure and
temperature, but also upon the fluid composition, i.e., the partial pressure of the
volatile component in the fluid at P and T, as seen in Figure 8. The latest
version of this model is accessible for online use at the website:

http://vmsg. pi. ingv. it/index. php/en/software/interactiveArea/sw_id/4.

Other researchers took a more empirical approach to modeling solubility in melt
compositions spanning most found in Nature. Moore et al. (1995, 1998) presented a
successful semi—empirical model for the solubility of water in melts from basaltic
to rhyolitic at pressures up to 300 MPa. This model is based upon the
temperature, water fugacity, and the weighted sum of the mole fractions of SiO,,
Fe0'"! and Na,0 multiplied by the pressure divided by the temperature (Moore et

al., 1998).

Many authors instead chose to model water solubility over only a limited range of
melt compositions. The advantage of this philosophy is that it typically
reproduces the experimental data much better than models designed for a wide

compositional range. Examples of such models are those for rhyoltic melts from
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Zhang (1999) and Tamic et al. (2001), and Liu et al. (2005). Lesne et al. (2011la)
followed the approach of Dixon et al. (1995) to investigate the solubility and

speciation of water in basaltic melts of varying alkalinity.

5.2 Carbon dioxide

Because all known CO,~bearing, natural silicate melts also contain water, many of
the models used for the calculation of carbon dioxide solubility and partitioning
were previously discussed in the context of models for water. However, a few
models that predict only CO, solubility were created. One of the earliest (if not
the earliest) was Spera and Berman (1980), who based their model on the few high-
pressure (mantle conditions) measurements available at that time. Stolper and
Holloway (1988) applied infrared spectroscopy to investigate carbon dioxide
dissolution into basaltic melts at low pressures and modeled it by the reaction:
Co, M 4+ Q2 it g co2 (4b)
They used the same type of equations as applied to water solubility model in other
papers by Stolper and his group (op sit.). Pawley et al. (1992) used a similar
model to explain CO, solubility in tholeiitic melts. Based upon their extensive
study of CO, solubilities and infrared spectra, Brooker et al. (200la) presented an
empirical model for the solubility of CO, as a function of the ratio of non-—
bridging oxygens to tetrahedral cations in the melt. Behrens et al. (2004)
presented a model for the solubility of CO, in rhyolitic and dacitic melts, and

Lesne et al. (2011b) created a model for CO, solubility in basaltic melts following
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Dixon (1997). Lesne et al. (2011b) compared their measured CO, saturation
pressures with those predicted by VoLATILECALC (Newman and Lowenstern, 2002) and by
the model of Papale et al. (2006). They found that VOLATILECALC overestimated the
saturation pressure by up to 150 MPa, whereas the Papale et al. (2006) model

overestimated the pressures by less than 50 MPa.

5.3 Water and carbon dioxide

Dixon et al. (1995) and Dixon (1997) built upon the results of Stolper and Holloway
(1988) to model both CO, and H,0 solubility (discussed above) in basic silicate
melts; the Dixon et al. (1997) model is available in the program VoLATILECALC (Newman
and Lowenstern, 2002). Papale’s model (Papale, 1999; Papale et al., 2006)
calculates both H,0 and CO, concentrations in melts coexisting with C-0-H fluids

for compositions ranging from basaltic to rhyolitic.

Tamic et al. (2001) present an empirical model for calculating the water
concentration in silicic melts as a function of the mole fraction of water in the
coexisting C0,~H,0 fluid based upon their experiments. Behrens et al. (2004)
present another model to predict the interactions of dacitic and rhyoltic melts
with CO, and H,0. The Liu et al. (2005) model for rhyolitic melts calculates the

solubilities of H,0 and CO, in silicic melts saturated with a H,0-CO, fluid phase.
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Witham et al. (2011) created a model for the solubilities of H,0, CO, S, and Cl in
basaltic melts over the pressure range of 0.5 to 400 MPa; these researchers
combined the approach of Dixon et al. (1995) and Dixon (1997) for water and CO,,
and the S and Cl partitioning measurements of Lesne et al. (2011c).  Although
VOLATILECALC (Newman and Lowenstern, 2002) is similarly based upon Dixon et al.
(1995) and Dixon (1997), Witham et al. (2011) include the effects of melt
composition in their model. The Witham et al. (2011) model yields similar water and
CO, solubilities for a normal MORB composition at 400 MPa to those calculated using
VOLATILECALC (Newman and Lowenstern, 2002). However, for an alkali—enriched, ocean
island basalt at the same conditions the Witham et al. (2011) model predicts a
concentration of 2200 ppm rather than the 1400 ppm predicted by VOLATILECALC and the

2500 ppm predicted by the Papale et al. (2006) model.

5.4 Comparison of two H,0 and CO, solubility models with experimental measurements

The solubilities of H,0 and CO, calculated by both VOLATILECALC for basaltic and
rhyolitic melts (Newman and Lowenstern, 2002) and the Papale et al. (2006) model
for melts ranging in composition from basaltic to rhyolitic are compared against
the experimental data in Figures 4 through 8. The success of these models for the
prediction of water solubilities in silicic and intermediate composition melts is

demonstrated in Figures 4 and 5, where the difference between modeled and measured
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solubilities is typically less than 0.5 wt.%. Note that only the Papale et al.
(2006) model is applicable to the intermediate composition melts. The differences
between measured and modeled water solubilities for mafic melts is greater (Fig.
6), about 1 to 1.5 wt% The solubility of CO, in magmatic melts predicted by the
models agrees excellently with the experimental data at pressures of 500 MPa and
below, but with increasing pressure the predicted solubilities become increasingly
greater than the measured values (Fig. 7). Comparison of both models with H,0 and
CO, solubilities measured in rhyoltic melts coexisting with an H,0-CO, fluid at 500
MPa (Tamic et al., 2001) demonstrates agreement to within ~ 1 wt% H,0 and 0.07 wt%,
or 700 ppm, CO, (Fig. 8a). As shown in Figure 8b, H,0 and CO, solubilities
predicted by VOLATILECALC for a basaltic melt with 49 wt.% SiO, and those measured in
a basaltic melt at 500 MPa (Shishkina et al., 2010) differ by up to 1.5 wt.% H,0
and 0.15 wt.% CO,. The newer model of Witham et al. (2011) produces similar

results to VOLATILECALC (discussed above).

Two basaltic compositions were investigated with the Papale et al. (2006) model.
The first is the rather normal MORB composition used by Dixon et al. (1995), which
the Papale et al. (2006) model predicts to have H,0 and CO, solubilities, similar
to those for the rhyolitic melt, and at most only ~0.1 wt% more enriched in CO,
than predicted by VoraTiLECaLc (Fig. 8b). The second composition is that used by

Shishkina et al. (2010) for their experiment results plotted in Figure 8b. Although
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the Papale et al. (2006) model and the experimental data are in good agreement at
water—rich conditions, the model over—predicts CO, solubilities at low water
conditions. At water concentrations below approximately 6 wt.% in the melt the
Papale et al. (2006) model begins to over—predict the CO, solubility by up to ~0.13
wt% for the most water—poor experiment (Fig. 8b). Some of the differences between
the experimental measurements and the Papale et al. (2006) model may be a function
of the ferric/ferrous ratio of the melt, which is influenced by the oxygen fugacity
(Papale et al., 2006). Vetere et al.’s (2011) comparison of their measured
solubilities and those predicted by the Papale et al. (2006) model demonstrated
that the ferric/ferrous ratio has a significant effect on the calculated CO,

total

solubility at low water concentrations; they showed that changing the Fe*/Fe

from 0.5 to 0 increases CO, solubility by up to ~ 0.08 wt%.

Although neither model perfectly fits the experimental measurements and both tend
to underestimate measured water saturation concentrations in silicic melts and
overestimate them in mafic melts, as well as VOLATILECALC tending to underestimate
CO, solubilities for melts coexisting with H,0-CO, fluids and the Papale et al.
(2006) model overestimating them, the accuracy of the models is sufficient for the
investigation of water and carbon dioxide behavior in magmatic systems. Both
models are based upon measurements at normal magmatic temperatures, = 800 to 1200

° C, and typical experimental oxygen fugacities, within a few log units of the
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nickel-nickel oxide buffer. Choosing between the models for application at
pressures of 500 MPa or less appears to be a matter of personal preference, however
because the maximum pressure limit of VOLATILECALC is 500 MPa, only the Papale model
can be used for investigations of volatile behavior at higher pressures (as

exemplified in Section 6, below).

5.5 Sulfur

Modeling the partitioning of sulfur between aqueous fluids and silicate melts lags
far behind water and carbon dioxide, due almost certainly to the paucity of
experimental measurements. Most models for the behavior of sulfur in silicate
melts involve the saturation of the melts with a sulfide or sulfate phase,
pyrrhotite or anhydrite, respectively, and are not explicitly developed to predict
sulfur partitioning between the melt and a fluid phase. In comparison to water and
carbon dioxide, sulfur has the possibility of existing in multiple oxidation states
(-2, +6) in magmatic environments (Wilke et al., 2011, Baker and Moretti, 2011).
Additionally, because magmatic fluids are never pure sulfur, a model needs to
predict the partitioning of sulfur between a C-0-H-S fluid and a silicate melt.
Moretti and Papale (2004); presented a thermodynamic model that calculates the
equilibrium behavior of species in a C-0-H-S fluid and their dissolution into melts
ranging in composition from shoshonitic to rhyolitic. This model demonstrates the

complexity of volatile partitioning between fluids and melts and how changing the
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oxygen fugacity affects the partitioning of all volatile components in the system.
Scaillet and Pichavant (2005) presented an empirical model to calculate the
concentration of sulfur in a melt based upon the pressure, temperature, oxygen and
sulfur fugacities, and melt composition. The molar partitioning of S between the
fluid and melt, A"/ in the Witham et al. (2011) model is given as a function
of pressure, PF-

logK /™! = 431,69P%°7494°_ 410.49+ 2.7426x107° P —-1.4891x10~’ P?

(12)

5.6 Chlorine and fluorine

Despite the abundance of chlorine partitioning studies between silicate melts and
aqueous fluids there is no general model for Cl partitioning applicable to magmatic
systems. Webster and DeVivo (2002) presented a model to calculate the solubility
of Cl-brine in melt compositions from basaltic to rhyolitic, however it was limited
to a single pressure of 200 MPa. Shinohara (2009) presented a polybaric model for
the partitioning of chlorine between a hydrous fluid and melt, but it is limited to
felsic melts. Both of these models are classified as empirical, although they
contain a thermodynamic foundation. Although there are no experimentally based
models currently available for fluorine partitioning between aqueous fluids and
silicate melts, Villemant and colleagues (Villemant and Boudon, 1998, 1999;
Villemant et al. 2003) have constructed some models based upon measurements of

natural volcanic products. The Witham et al. (2011) model for C-0-H-S—Cl
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fluid/melt
K ,

partitioning considers the molar partitioning of chlorine, between the

melt and fluid to be constant at 0. 31.

6. Evolution of fluids during partial melting and ascent

6.1 Melt and fluid compositions during partial melting

Initial experiments on hydrous phase equilibria in the crust concentrated on the
water—saturated melting and crystallization behavior of crustal lithologies and
synthetic equivalents (e.g., Tuttle and Bowen, 1958). However the importance of
fluid—-absent, dehydration melting became widely accepted and studied in the 1980 s
and 1990’ s, in particular due to the experiments of Vielzeuf and co-workers (e.g.,
Clemens and Vielzeuf, 1987; Vielzeuf and Holloway, 1988), as well as studies by
Patifio-Douce, Johnston and their colleagues (e.g., Patifio-Douce and Johnston ,
1991; Skjerlie et al. 1993). However, many other research groups were also
actively studying dehydration melting and their work substantially contributed to
our understanding of this process (e.g., Wolf and Wyllie, 1991; Rapp and Watson,
1995; inter alia). These experimental studies demonstrate that melting reactions
during either dehydration melting or fluid-saturated melting at the solidus, which
varies from near 700 °C for metapelitic compositions (Vielzeuf and Holloway, 1988)
to near 1000 °C for metabasic compositions (Rapp and Watson, 1995) in the mid—- to

lower—crust, involve the melting of hydrous phases, amphibole and/or micas.
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The amount of granitic melt produced near the solidus is typically on the order of
10 wt% and within 100 °C above the solidus can increase to 40% (e.g., Vielzeuf and
Holloway, 1988; Patifio-Douce and Johnston, 1991). If the protolith undergoing
melting contains 20% mica with 4 wt% H,0, or 0.8 % water in the rock, as the only
source of volatiles, a 10% melt would contain 8 wt% H,0 and be undersaturated with
water at pressures above approximately 300 MPa (Fig. 4). However the melting of a
pure amphibolite, with a bulk concentration of 2 wt% H,0, to produce 10 % melt
would yield a separate fluid phase at pressures below approximately 1 000 MPa.
Such a scenario seems unlikely, but even if this case, approximately doubling the
percentage of melt to 20% would result in the absorption of the water into the melt
and elimination of the fluid phase at pressures of 300 MPa or greater (Fig. 4).
However, when carbonates are also present in the rock and during anatexis the
carbonate stability is exceeded, the system behaves very differently. Even if a
pelitic source rock contains only 5 wt% carbonate mineral, thermodynamic
calculations of dehydration and melting demonstrate that at temperatures near 800
°C the fluid may contain 0.8 mol fraction H,0 and 0.2 CO, (calculations by J.

Connolly, pers. comm. 2010).

If CO, is present in the fluid phase, dehydration and melting reactions occur at
higher temperatures and some of the water liberated during dehydration and melting

is partitioned into the fluid phase due to the requirement that at equilibrium the
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chemical potential of all components must be equal in all phases. Thus, the melts
produced in this scenario are fluid saturated, but may contain less water than
melts produced by fluid-absent, dehydration melting. Furthermore, addition of CO,
to a hydrous fluid generally reduces the partition coefficients of elements between
silicate crystals and melts and CO,~H,0 fluids with the result that the fluids are
less enriched than if they were composed of pure water (see discussion in Schneider

and Eggler, 1986) .

The behavior of a magmatic system can be investigated using the H,0-CO,~melt model
of Papale et al. (2006) and a melt similar in composition to that produced in
experiments at 800 °C, 800 MPa by Vielzeuf and Holloway (1988), shown in Table 1.
With this composition and model, the concentration of dissolved volatiles in the
silicate melt and the composition of the coexisting fluid phase as a function of
the total concentration of H,0 and CO, in the system melt+fluid can be calculated.
If this system contains approximately 0.5 wt% CO,, or less, no fluid phase is
present unless the total amount of water is greater than approximately 9.5 wt%
(Fig. 11). Once the carbon dioxide concentration in the melt+fluid system reaches
1 wt% the system is always fluid saturated, thus only a small amount of carbonate
in the source rock can lead to the saturation of the melt with an H,0-CO, fluid.
The fluid composition is controlled dominantly by the total concentration of water

in the system and only weakly affected by the carbon dioxide concentration (Fig.
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11), at least up to a total of 4 wt% CO, in the melt+fluid system.

The concentration of water in the melt was calculated for two bulk CO,
concentrations at 800 MPa; the first was 0.5 wt%, where a fluid phase is not
present except in systems with 10 wt% H,0, and the second was 2.0 wt%, where a
fluid phase is always present. A crustal rock with an average concentration of
1900 ppm CO, (Wedepohl, 1995) that is 10% molten produces a melt+fluid system with
1.9 wt% CO,, if no carbon-bearing minerals are stable. As expected, the higher the
water concentration in the system, the higher the concentration of water dissolved
in the melt (Fig. 12). Systems with 2.0 wt% CO, contain less water in the melts
than systems with lower concentrations, also as expected because the formation of a
mixed-volatile fluid phase requires the partitioning of water between the fluid and
the melt, but this effect on the concentration of water in the melt is minor except
at the highest concentrations (Fig. 12). The calculated concentrations of carbon

dioxide in these melts are all approximately 5 000 ppm.

6.2 Fluid exsolution and changes in fluid composition during ascent

Separation of the magma (melt+fluid) from the residuum and ascent through the crust
will affect the volatile concentrations in both the melt and the fluid phase.
However the effects depend upon whether the fluid and melt remain in thermodynamic

equilibrium throughout the ascent (modeled as closed system behavior), or if the
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equilibrium fluid at each pressure and temperature can separate from the melt (open
system behavior), as well as processes such as magma mixing and assimilation. Both
of these behaviors can be modeled in a stepwise manner, however in this
contribution only a demonstration of the volatile evolution in a closed system at
isothermal conditions and constant melt composition will be considered. The
justification for these simplifications is founded upon the evidence that most
granitic melts are transported through the crust in dikes over short time scales
(Clemens and Mawer, 1992; Petford et al., 1993). Thus, changes in temperature and
composition between the source region and emplacement can be modeled as minor, and
for the case of the present discussion ignored. The compositions of coexisting
melts and fluids are calculated at 50 MPa intervals from 800 to 50 MPa; the
coexisting fluid and melt compositions were also calculated at 25 MPa (Figs. 12,
13). Because of the dominance of H,0 and CO, in the magmatic volatile budget we
will concentrate on their behavior, with only a short discussion of chlorine and
sulfur. Similar models have been previously presented by Holloway (1976) and by
Burgisser et al. (2008) and interested readers are strongly encouraged to look at
those papers to increase their understanding of the complexity of melt degassing

during magma ascent.

Considering the case where H,0 is the only volatile in the system, the ascent of an

undersaturated melt only creates a separate volatile phase once the pressure of the
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system is below the saturation pressure (Figs. 4, 5, 6). As the pressure of the
water—saturated system decreases, the concentration of water in the melt also
decreases. However, water—saturated melts formed at the solidus (i.e., without
superheat) cannot ascend without intercepting their solidus and suffering thermal
death, because water—saturated solidi for magmatic systems exhibit a negative slope

on pressure—temperature diagrams (e.g., Luth, 1969).

In cases where two or more volatiles are present in the system the behavior is much
more complex because the magmatic solidi under such conditions have a positive
slope on pressure—temperature diagrams. During ascent, the compositions of the
melt and of the coexisting fluid evolve toward a melt with less water and CO, and a
fluid that is richer in H,0 than that initially present at melting (Figs. 12, 13).
The CO, concentrations in the melts decline from near 5 000 ppm at 800 MPa to a few
10’s of ppm at 25 MPa. The changes in the fluid composition are most pronounced

for melts with water concentrations that were initially low.

The change in the H,0 and CO, concentrations in the fluid during ascent and
degassing has a significant effect on the partitioning of minor and trace elements
between the melt and the fluid. The effects of pressure, temperature, and fluid
composition of the fluid-melt partition coefficient of chlorine can be estimated

using the Cl fluid/melt partitioning data determined for a haplogranitic melt
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(Shinohara et al., 1989) , as weighed by the mole fraction of water in the fluid
(Alletti, 2008). These estimated partition coefficients range from 375 for the
most water—rich bulk compositions investigated to 125 for the water—poor ones. The
effects of the changing partition coefficients for chlorine were studied for a
system in which the melt initially contained 1 000 ppm chlorine. The results are
rather surprising (Fig. 14) in that whenever a fluid phase is present the melt is
significantly depleted in chlorine (from 1 000 ppm in the melt to a maximum of 10
ppm) and that the effect of the changes in the partition coefficient with pressure
and fluid composition are weak. This weakness is due to the high partition
coefficient of chlorine between the melt and the fluid which is sufficient to

effectively strip chlorine from the melt.

The high fluid/melt partition coefficients for sulfur, on the order of 500 to 1000,
discussed in Section 4.4 will result in significant depletion of the melt and
corresponding enrichment of the fluid. Given a system with 1000 ppm total sulfur
the melt is only calculated to contain less than 10 ppm S once a separate fluid
phase becomes stable. Thus, virtually all of the sulfur is expected to be

contained in the fluid phase.

The amount of fluid in equilibrium with the melt during closed system ascent scales

with the total mass of water and carbon dioxide in the system. As pressure
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decreases the amount of the fluid phase in these closed system models increases as
the melt exsolves volatiles (Fig. 15). Only systems that originally contained
significant amounts of volatiles can exsolve large amounts of fluid. For systems
initially containing 8 and 10 wt% water, much of the fluid phase is exsolved at
pressures in the range of 100 to 200 MPa, whereas for systems with 2 and 4 wt%

water most exsolution occurs below 100 MPa.

The volume of the magmatic system (silicate melt + fluid) was calculated using the
density—composition relationships for individual oxides in the silicate melt (Lange
and Carmichael, 1987 for Ti0, and the Ti0,xNa,0 term; Ochs and Lange, 1997 for Si0,,
Al1,0,, MgO, CaO, and Na,0 ; Ochs and Lange, 1999 for H,0; Liu and Lange, 2006 for
Fe,0,, FeO and K,0) and the modified Redlich-Kwong equation of state for the fluid
(Holloway, 1977; Flowers, 1979). The effect of the small amount of CO, dissolved
in the melt on its density was neglected. The volume of 100 g of the granitic melt
+ fluid magmatic system does not change significantly as its pressure decreases
from 800 to 200 MPa and is between 40 and 60 cm® (Fig. 16). However, at lower
pressures the volume increases up to 200 cm® for systems with the highest water
concentrations; this large volume increase is due to the exsolution of the fluid
phase because the molar volume of water in the fluid is much larger than when

dissolved in the melt.
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6.3 Effect of volatiles on vesicularity

The calculations of fluid density and melt density can be used to investigate the
volume fraction of the fluid phase in the magma, the vesicularity. As expected,
the vesicularity increases with decreasing pressure as more volatiles partition
into the fluid phase (Fig. 17). For the volatile-rich compositions modeled, 8 and
10 wt% water in the magma, significant increases in vesicularity occur at pressures
below 200 MPa and these magmas achieve vesicularities greater than 75% at 25 MPa.
Such a large fraction of fluid might separate from the melt and ascend
independently, leading to open system behavior (but this is not modeled here). The
exsolution of carbon dioxide and its partitioning into the fluid phase has a
significant effect on the vesicularity of water—rich magmas at high pressures, but
because of the small concentrations of CO, the effect is minor at low pressures
near Farth’s surface. Even magmas with 2 and 4 wt% water achieve significant
vesicularities, between 25 and 62 volume percent at 25 MPa, and the effect of CO,
on increased vesicularity is clearly evident at both high and low pressures (Fig.

17).

All but the most volatile—poor compositions modeled achieve greater than 30%
vesicularity at pressures between 50 and 180 MPa (Fig. 17). This vesicle fraction
is potentially an important parameter because percolation theory predicts that

spherical vesicles will form a connected network at this point allowing relatively
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easy and rapid gas transport (Lorenz and Ziff, 2001). Such a network may be
important in allowing degassing from depths to the surface, or if there is an
impermeable cap on the top of the magma the transport may allow the build up of
significant amounts of gas near the upper, and potentially weaker, portions of a

magma chamber or volcanic conduit system.

The modeled magmas with lower volatile concentrations increase their vesicularities
from below 10% to greater than 30% over a much smaller pressure interval, ~ 25 MPa
(or a distance of less than 1 km of depth), than magmas with higher water
concentrations that require 200 MPa ("6 km of depth) or more decompression to
achieve this critical threshold. Thus, given equal ascent rates to shallow depths,
the growth of vesicles in the water—poor melts is expected to occur more rapidly
and potentially result in more rapid acceleration of these magmas than the water
rich ones. This potentially creates the possibility where volcanic eruptions
created by magmas with low—to—moderate volatile concentrations may be more

explosive than those created by volatile-rich magmas.

6.4 Magmatic fluids and ore deposits

These results indicate that whenever a fluid phase first forms it will not only
strip Cl and S from the melt, but also metals associated with chlorine (e.g., Cu

and Au) as discussed by Williams—Jones and Heinrich (2005) and/or with sulfur
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(e.g., Au, Cu, Ni, Pd) as demonstrated by Baker et al. (2001) and extensively
reviewed by Simon and Ripley (2011). Such a fluid may be the precursor to an ore
deposit (Candela, 1997). The calculations in Section 6.2 strongly suggest that
melts are fluid saturated at high pressures in many cases, where the fluid-melt
partition coefficients are greatest. Additionally, at high pressures the
solubility of water in granitic melts is prograde, higher temperatures lead to
greater concentrations of water dissolved in the melt and higher solubilities of
melt components (probably dominated by silica) in the fluid phase (e.g., Holloway,
1971; Schneider and Eggler, 1986; Ayers and Eggler, 1995). Thus, fluids in
equilibrium with melts in the mid— to deep crust are expected to be rich in silica,

chlorine, sulfur and metals; these fluids may be excellent sources of ore deposits.

During closed system ascent this fluid will remain in contact with the melt and not
lose significant amounts of chlorine and sulfur (and presumably metals) into the
melt, although there is minor Cl resorption evident at pressures below about 300
MPa (Fig. 14). The concentration of silica in the fluid will drop with decreasing
pressure (Kennedy et al., 1962; Boettcher, 1984). If during ascent the system
became open and the fluid escaped from the melt, the chlorine and metals are

expected to precipitate out in cooler rocks.

The large increase in volumes of the magmatic systems at pressures below 200 MPa
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may also play a role in ore deposit formation. The volume increase of 200% for
magmas with 4% bulk water to 400% for magmas with 8 and 10 % bulk water (Fig. 16)
could be responsible for fracturing of rocks and the possible formation of ore
deposits as discussed by Burnham (1979b). Clearly, magmas with higher water
contents have larger volumes at low pressure and are more likely mechanisms for

fracturing country rocks.

The available information on fluid saturation, partitioning and the physical
properties of magmas allows the construction of many possible scenarios for the
formation of ore deposits, but the construction of such scenarios is far beyond the

scope of this contribution.

7. Conclusions

Our current state of measurements and models for the interaction of water with
natural silicate melts, particularly silicic compositions, is very good. However,
our knowledge of the solubilities in silicate melts of C0,, S and halogens, whether
individually or in mixed fluids, needs substantial improvement if we want to fully
understand the interaction of silicate melts with multicomponent fluids in magmatic
systems. Many more experiments and improved models are needed. Nevertheless, the
models that are currently available can be used to constrain the behavior of

volatiles in many magmatic systems and can be used to predict the saturation of
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melts with multicomponent fluids and the partitioning of volatiles between melts
and coexisting fluids. These constraints can provide insights into important ore

forming processes, magmatic degassing and volcanic eruption mechanisms.
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Table 1: Melt composition used in modeling the evolution of
fluids during melting in the deep crust and ascent

S
Oxide Wt. %
510, 72.03
Ti0, 0. 10
A1,0, 15. 81
Fe,0, 0.19
FeO 1.93
MnO 0.19
MgO 1.16
Ca0 1.93
Na,0 3. 86
K,0 2. 80
Total 100
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Figure Captions

Figure 1: Solubility of water in melts of albitic composition and potassium
feldspar composition at pressures from 50 to 800 MPa. Note the measurable
differences in the solubility behavior for the two compositions, particularly at
500 MPa. Measurement uncertainties are approximately the size of the symbols. For
further discussion please refer to the text. Data are from Behrens et al. (2001).

Figure 2: Comparison of the solubility of water in an albitic melt and in a melt
of pure Si0,. The lower water solubility in silica melt is hypothesized to be due
to the lack of exchangeable cations (e.g., Na’) in the theory of Burnham.
Measurement uncertainties are approximately the size of the symbols. Please see
text for a further discussion. Data are from Holtz et al. (2000).

Figure 3: Water solubility in haplogranitic melts as a function of pressure and
temperature. The solubility is retrograde (lower solubility at high temperatures
than at low) at low pressures, but changes to prograde by 500 MPa. Measurement
uncertainties are approximately twice the size of the symbols. The data are from
Holtz et al. (1995).

Figure 4: Water solubility in natural silicic composition melts. The term total
in this and subsequent figures indicates the total concentration of a volatile and
represents the sum of all species of that volatile dissolved in the melt. Both
measured solubilities (data points) and the solubility modeled for the rhyolitic
melt of Tamic et al. (2001) at 1000 °C using VoLATILECALC (Newman and Lowenstern,
2002) and the model of Papale et al. (2006) are plotted. Uncertainties in the
measurements are similar to the size of the symbols. Data sources for Figures 4-8
are discussed in the text.

Figure 5: Water solubility in natural intermediate composition melts. Both
measured solubilities (data points) and the solubility modeled for the andesitic
melt of Hamilton et al. (1964) at 1100 °C using the model of Papale et al. (2006)
are plotted. Uncertainties in the measurements are similar to the size of the
symbols.

Figure 6: Water solubility in natural mafic composition melts. Measured
solubilities (data points) and the the solubility modeled for the basaltic melt of
Hamilton et al. (1964) at 1200 °C using the model of Papale et al. (2006) and the
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water solubility for a basaltic melt with 49 wt.% Si0, calculated with VOLATILECALC
(Newman and Lowenstern, 2002) are plotted. Uncertainties in the measurements are
similar to the size of the symbols.

Figure 7: Carbon dioxide solubility in natural melt compositions. Measurement
uncertainties are shown for the data of Pan et al. (1991). Carbon dioxide
solubilities calculated by VOLATILECALC and by the Papale et al. model for a mid-
ocean ridge basalt (MORB) at 1200 ° C are also plotted.

Figure 8:  Compositions of H,0 and CO, in melts coexisting with a mixed volatile
fluid at 200 and 500 MPa (Tamic et al., 2001), a basaltic melt at 200 and 500 MPa
(Shishkina et al., 2010), and a shoshonitic melt at 200 and 400 MPa (Vetere et al.,
2011). a) Volatile solubilities in rhyolitic melts (Tamic et al., 2001)
coexisiting with a CO,~H,0 fluid. b) Volatile solubilities in basaltic and
shoshonitic melts (Tamic et al., 2001) coexisiting with a CO,~H,0 fluid. The
uncertainties in the measurements are similar to the size of the symbols. Open
symbols are used for measurements at 200 MPa and filled symbols are used for 400-
500 MPa measurements; the black, solid lines in both figures are fit to the data of
Tamic et al. (2001) at 200 and 500 MPa. The red, dashed lines in both figures
define the molar composition of the C0,~H,0 fluid phase (if any) coexisting with

the fluid-saturated melts (Tamic et al., 2001). The concentrations of H,0 and CO,
in fluid-saturated rhyolitic and basaltic melts at 500 MPa calculated by VOLATILECALC
are shown by the blue dash—dot line and black dotted line, respectively. Similar
concentrations in a rhyolitic melt at 500 MPa calculated by the model of Papale et
al. (2006) are shown by the blue dashed line. The black dash—dot and black dash-
dot—-dot lines are the concentrations of H,0 and CO, calculated by the Papale et al.
(2006) model for the basaltic melt studied by Dixon et al. (2005) and the one
investigated by Shishkina et al. (2010), respectively. Each of the measured or
calculated solubility lines (either black or blue) defines a curve that is convex
up; at concentrations of CO, and H,0 below the curves the melts are fluid-
undersaturated and therefore a separate fluid phase does not exist. Please see the
text for more discussion.

Figure 9: a) Compositions of H,0 and Cl in natural melts of various compositions
coexisting with a fluid composed of H,0 and Cl at 200 MPa and different
temperatures. Data are from Webster et al. (1999). b) Schematic behavior of Cl
partitioning between silicate melt, aqueous fluid and a chloride brine at high
temperatures and pressures. The Cl concentrations for sub—critical conditions are
shown with the solid lines and the phase fields for the aqueous and brine phases
coexisting with the silicate melt are divided by the horizontal dotted lines. The
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Cl concentrations for supercritical conditions are shown with the dashed line.
Please see text for further discussion.

Figure 10: Partitioning of chlorine between an aqueous fluid and basic to
intermediate silicate melts with 5 000 ppm or less Cl and silicic melts with less
than 500 ppm Cl as a function of pressure at experimental temperatures from 800 to
1250 °© C. Uncertainties based upon fits to the concentrations of Cl in melts and
fluids are displayed for some of the measurements. Where no uncertainties are
plotted they are typically twice the size of the symbols. Many of the partition
coefficients measured at 200 MPa have been displaced by up to £15 MPa on the
diagram in order to more clearly display the results. Please see the text for
further discussion.

Figure 11: Concentrations of water and carbon dioxide in fluids coexisting with a
rhyolitic melt at 800 MPa, 800 ° C calculated using the model of Papale et al.
(2006). For CO, concentrations of 0.5 wt.% in the system composed of
fluid+silicate melt no fluid phase exists, except when the water concentration is
above approximately 9.5 wt%. Please see the text for further discussion of this
model.

Figure 12: Water concentration in a silicic melt during ascent calculated with the
model of Papale et al. (2006). The temperature in the model is held constant at
800 ° C and the system is closed to mass loss. Different combinations of water and
carbon dioxide concentrations in the system were chosen based upon the results
displayed in Figure 11. The carbon dioxide concentrations in the melts fall from
approximately 5 000 ppm to 15 ppm with decreasing pressure. The conversion of
pressure to depth was made assuming a mean crustal density of 2 700 kg m™® in this
and subsequent figures.

Figure 13: Compositions of H,0-CO, fluids coexisting with a silicic melt during
isothermal ascent of a rhyolitic melt calculated with the model of Papale et al.
(2006). Please see the text for further discussion.

Figure 14: Chlorine concentration in the rhyoltic melt during ascent based upon
the measurements of Shinohara et al. (1989). The fluid phase scavenges almost all
of the chlorine from the melt and probably ore metals bound to chlorine. The
effects of pressure on the partition coefficient seen in Figure 10 do not have a
significant effect of the behavior of chlorine because at all conditions the
modeled partition coefficient remains above 100.
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Figure 15: Mass of the fluid phase exsolved from a silicic melt during ascent.

The mass of the fluid phase increases significantly for magmas with low
concentrations of volatiles during ascent, but the increase is less spectacular for
magmas rich in volatiles because many volatiles exsolve at higher pressure.
Nevertheless, magmas with larger concentrations of volatiles exsolve larger masses
of fluids as required by the conservation of mass.

Figure 16: Magma volume as a function of pressure at 800 ° C. At high pressures,
the fluid phase is minor and the volume of all the modeled rhyoltic volumes are
similar. However, as pressure decreases and fluid exsolves from the melts, the
volume becomes significant, particularly at pressures below approximately 200 MPa.
This large volume increase may be responsible for the cracking of country rocks,
loss of the volatile phase from the melt, and the formation of ore deposits (e.g.,
Burnham, 1979b).

Figure 17: Vesicularity of the modeled magmas as a function of pressure. Magmas
with greater volatile concentrations exsolve more volatiles and achieve higher
vesicularities than magmas with smaller volatile concentrations. The pressure
range over which significant changes in the vesicularity occur is much larger for
volatile—rich magmatic systems compared to systems with low—to—moderate volatile
concentrations. The percolation threshold for spheres is at 30 volume percent so
that magmas with higher volatile concentrations reach this threshold and create an
interconnected vesicle network at greater depth than magmas with low volatile
concentrations.
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in the theory of Burnham. Measurement uncertainties are approximately the size of the symbols.
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the size of the symbols. Data sources for Fig. 4, Fig. 5, Fig. 6, Fig. 7 and Fig. 8 are discussed in the text.
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Fig. 5. Water solubility in natural intermediate composition melts. Both measured solubilities (data
points) and the solubility modeled for the andesitic melt of Hamilton et al. (1964) at 1100 °C using
the model of Papale et al. (2006) are plotted. Uncertainties in the measurements are similar to the

size of the symbols.
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Fig. 6. Water solubility in natural mafic composition melts. Measured solubilities (data points) and
the the solubility modeled for the basaltic melt of Hamilton et al. (1964) at 1200 °C using the model
of Papale et al. (2006) and the water solubility for a basaltic melt with 49 wt.% SiO, calculated with
volatilecalc (Newman and Lowenstern, 2002) are plotted. Uncertainties in the measurements are

similar to the size of the symbols.
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Fig. 7. Carbon dioxide solubility in natural melt compositions. Measurement uncertainties are shown
for the data of Pan et al. (1991). Carbon dioxide solubilities calculated by volatilecalc and by the
Papale et al. model for a mid-ocean ridge basalt (MORB) at 1200 °C are also plotted.
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Fig. 8. Compositions of H,0 and CO, in melts coexisting with a mixed volatile fluid at 200 and

500 MPa (Tamic et al., 2001), a basaltic melt at 200 and 500 MPa (Shishkina et al., 2010), and a
shoshonitic melt at 200 and 400 MPa (Vetere et al., 2011). a) Volatile solubilities in rhyolitic melts
(Tamic et al., 2001) coexisiting with a CO,-H,0 fluid. b) Volatile solubilities in basaltic and shoshonitic
melts (Tamic et al., 2001) coexisiting with a CO,-H,0 fluid. The uncertainties in the measurements are
similar to the size of the symbols. Open symbols are used for measurements at 200 MPa and filled
symbols are used for 400-500 MPa measurements; the black, solid lines in both figures are fit to the
data of Tamic et al. (2001) at 200 and 500 MPa. The red, dashed lines in both figures define the molar
composition of the CO,-H,0 fluid phase (if any) coexisting with the fluid-saturated melts (Tamic et al.,
2001). The concentrations of H,0 and CO, in fluid-saturated rhyolitic and basaltic melts at 500 MPa
calculated by volatilecalc are shown by the blue dash-dot line and black dotted line, respectively.
Similar concentrations in a rhyolitic melt at 500 MPa calculated by the model of Papale et al. (2006)
are shown by the blue dashed line. The black dash-dot and black dash-dot-dot lines are the
concentrations of H,0 and CO, calculated by the Papale et al. (2006) model for the basaltic melt
studied by Dixon et al. (2005) and the one investigated by Shishkina et al. (2010), respectively. Each
of the measured or calculated solubility lines (either black or blue) defines a curve that is convex up;
at concentrations of CO, and H,0 below the curves the melts are fluid-undersaturated and therefore
a separate fluid phase does not exist. Please see the text for more discussion.
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Fig. 9. a) Compositions of H,0 and Cl in natural melts of various compositions coexisting with a fluid
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(1999). b) Schematic behavior of Cl partitioning between silicate melt, aqueous fluid and a chloride
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shown with the dashed line. Please see text for further discussion.
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Fig. 10. Partitioning of chlorine between an aqueous fluid and basic to intermediate silicate melts

with 5 000 ppm or less Cl and silicic melts with less than 500 ppm Cl as a function of pressure at

experimental temperatures from ~ 800 to 1250 °C. Uncertainties based upon fits to the

concentrations of Cl in melts and fluids are displayed for some of the measurements. Where no

uncertainties are plotted they are typically twice the size of the symbols. Many of the partition

coefficients measured at 200 MPa have been displaced by up to + 15 MPa on the diagram in order to

more clearly display the results. Please see the text for further discussion.
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Fig. 11. Concentrations of water and carbon dioxide in fluids coexisting with a rhyolitic melt at
800 MPa, 800 °C calculated using the model of Papale et al. (2006). For CO, concentrations of
0.5 wt.% in the system composed of fluid + silicate melt no fluid phase exists, except when the water

concentration is above approximately 9.5 wt%. Please see the text for further discussion of this

model.
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Fig. 12. Water concentration in a silicic melt during ascent calculated with the model of Papale et al.
(2006). The temperature in the model is held constant at 800 °C and the system is closed to mass
loss. Different combinations of water and carbon dioxide concentrations in the system were chosen
based upon the results displayed in Fig. 11. The carbon dioxide concentrations in the melts fall from
approximately 5 000 ppm to 15 ppm with decreasing pressure. The conversion of pressure to depth
was made assuming a mean crustal density of 2 700 kg m™? in this and subsequent figures.
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Fig. 13. Compositions of H,0-CO, fluids coexisting with a silicic melt during isothermal ascent of a
rhyolitic melt calculated with the model of Papale et al. (2006). Please see the text for further
discussion.
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Fig. 14. Chlorine concentration in the rhyoltic melt during ascent based upon the measurements of
Shinohara et al. (1989). The fluid phase scavenges almost all of the chlorine from the melt and
probably ore metals bound to chlorine. The effects of pressure on the partition coefficient seen in
Fig. 10 do not have a significant effect of the behavior of chlorine because at all conditions the
modeled partition coefficient remains above 100.
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Fig. 15. Mass of the fluid phase exsolved from a silicic melt during ascent. The mass of the fluid phase
increases significantly for magmas with low concentrations of volatiles during ascent, but the
increase is less spectacular for magmas rich in volatiles because many volatiles exsolve at higher
pressure. Nevertheless, magmas with larger concentrations of volatiles exsolve larger masses of
fluids as required by the conservation of mass.
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Fig. 16. Magma volume as a function of pressure at 800 °C. At high pressures, the fluid phase is minor
and the volume of all the modeled rhyoltic volumes are similar. However, as pressure decreases and
fluid exsolves from the melts, the volume becomes significant, particularly at pressures below
approximately 200 MPa. This large volume increase may be responsible for the cracking of country
rocks, loss of the volatile phase from the melt, and the formation of ore deposits (e.g., Burnham,
1979b).
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Fig. 17. Vesicularity of the modeled magmas as a function of pressure. Magmas with greater volatile

concentrations exsolve more volatiles and achieve higher vesicularities than magmas with smaller

volatile concentrations. The pressure range over which significant changes in the vesicularity occur is

much larger for volatile-rich magmatic systems compared to systems with low-to-moderate volatile

concentrations. The percolation threshold for spheres is at ~ 30 volume percent so that magmas with

higher volatile concentrations reach this threshold and create an interconnected vesicle network at

greater depth than magmas with low volatile concentrations.





