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Key Points: 

 Analogue models are used to infer favourable mechanical conditions for subduction 
initiation at passive continental margins. 

 Strength of the ductile lithospheric mantle is key for creating instabilities. 

 Low-strength ductile continental crust is important for focusing deformation at passive 
margins during the inversion and underthrusting phases. 

 Prior to underthrusting, folding at passive margin is the primary response to 
compression. 

Abstract 

Contractional deformation of passive continental margins may resemble early stages of 
induced subduction initiation. Mechanical instabilities are required to permit underthrusting of 
the oceanic plate. Therefore, the success of developing a new subduction zone will largely 
depend on the rheology of the mantle lithosphere. In this physical analogue modelling study, a 
range of mantle viscosities subject to different convergence rates serve as a proxy to simulate 
contraction of differently aged passive margins with the purpose of describing and quantifying 
passive margin deformation and mantle stability using the buoyancy number. The experiments 
illustrate distinct differences in geometry and length-scale of deformation as a function of 
lithospheric mantle strengths. The results indicate that deformation occurs at passive margins 
for intermediate strength lithospheric mantle and high strain rate. In contrast, low and high 
strength mantle lithospheres lead to dominantly intra-oceanic deformation or long wavelength 
buckling of the entire model, respectively. Our experiments portray an evolution in which early-
stage deformation commences at the ocean-continent transition and is controlled by the 
ductile lower crust of the continent. In the next stage, shear localization through the formation 
of a decollement within the ductile passive margin crust favors underthrusting of the oceanic 
lithosphere, leading to a reduction of the area affected by deformation. Prior to underthrusting, 
the primary response of the lithosphere to compression is by folding at scaled wavelengths of 
100–300 km and 500–1000 km, controlled by the strength of the mantle lithosphere.  
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1. Introduction 

On earth the total length of passive continental margins is in the order of 105,000 km 
(Bradley, 2008). Within the frame of the Wilson cycle (Burke, 1976; Wilson, 1968), passive 
continental margins will eventually be turned into active margins where new subduction zones 
emerge. The processes contributing to this change in dynamic conditions and their structural 
and topographic expression are, however, not well understood. The lack of modern examples 
of subduction initiation along the passive margins of the Atlantic or Indian oceans, suggests that 
passive continental margins are stable features, promoting the idea that subduction zone 
invasion is required for the formation of subduction zones at continental margins (Crameri et 
al., 2020; Duarte et al., 2013; Zhou et al., 2020). Although observational evidences from modern 
examples constraining the subduction nucleation process are inconclusive, inferences from the 
geological record like the Alps (Manzotti et al., 2014), Ryukiu (Hall, 2019) and the eastern Pacific 
(McCarthy et al., 2018) suggest that subduction-initiation must have occurred at passive 
margins in the plate tectonics history. Deformation at passive continental margins is usually 
attributed to two contrasting driving mechanisms including (a) body forces arising from density 
contrasts or (b) far field forces (Stern, 2004). In context of the nucleation of subduction zones, 
these distinct forcing conditions are referred to as “spontaneous” or “induced” mechanisms of 
subduction initiation (Stern, 2004; Stern & Gerya, 2018). While spontaneous subduction 
initiation is predominantly associated with extension of the overriding plate, induced 
subduction initiation occurs within a contractional tectonic regime and will thus lead to 
shortening of the passive continental margin (Stern, 2004). For either of these mechanisms, 
driving forces need to overcome resisting forces among which the shear strength of the 
lithosphere being of critical importance (e.g. Cloetingh et al., 1989; Mueller & Phillips, 1991).  

Previous studies have shown that although passive continental margins are sites of 
significant density contrasts and thus high buoyancy forces (Vlaar & Wortel, 1976), the 
nucleation of a new subduction zone by spontaneous collapse is unlikely because of the 
increasing shear resistance of the lithosphere related to cooling (Cloetingh et al., 1982; Mueller 
& Phillips, 1991). In contrast, numerous examples of inverted passive margins (Johnson, 2008; 
Pedoja et al., 2011; Yamato et al., 2013; Ziegler & Cloetingh, 2004) suggest that subduction 
initiation at passive margins should predominantly be expressed by deformation of the load-
bearing crustal and mantle layers within a contractional regime (Nikolaeva et al., 2010; Zhong & 
Li, 2019). At shallow levels, stress concentration leads to folding, reverse and thrust faulting and 
associated seismicity (Stein et al., 1989b; Yamato et al., 2013). While deformation of the crust is 
well documented, it is unclear how the mantle lithosphere at passive margins reacts to applied 
stresses during passive margin inversion. From a mechanical perspective, the strength of the 
mantle lithosphere often inhibits its failure, calling for the presence of weak mantle 
lithospheres (Göğüş & Pysklywec, 2008; Li et al., 2016b) or pre-existing weak zones (Stern & 
Gerya, 2018 and references therein) to localize strain in the lithospheric mantle. From the 
studies quoted above, it follows that deformation at passive margins, potentially leading to the 
development of a subduction zone, is strongly related to the strength and the gravitational 
stability of both the crust and the mantle lithosphere (Boonma et al., 2019; Faccenna et al., 
1999). Although natural examples show that deformation localizes at passive continental 
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margins, it is difficult to predict if an inverted passive margin will eventually turn into a 
subduction zone.  

Therefore, we use physical analogue modelling to predict and quantify the 
deformational and topographic response at passive margins. This allows for shedding light on 
characteristic length scales of deformation during passive margin inversion and subsequent 
formation of a new subduction zone. In particular, we seek to obtain new insights in the 
relationship between the strength of the mantle lithosphere and the locus and style of 
deformation at passive margins. As such the main variables in this study are the strength of the 
ductile lithospheric mantle, regulated through changes of mantle viscosity and convergence 
rate. We demonstrate the relevance of our modelling results by comparison with length-scales 
of deformation at natural examples. 

2. Rheology of passive continental margins 

The rheology of passive margins and neighboring oceanic domains can be complex due 
to significant lateral changes in thickness, composition, structure and temperature of 
continental and oceanic lithospheres (Fig. 1). Further complexities can be inherited from the 
geometric and thermo-rheological characteristics of the pre- rift lithosphere, but also from 
deep thermal and surface processes occurring during the syn- and post- rift stages (Buck, 1991; 
Osmundsen & Redfield, 2011). Regardless their magmatic budget, in general, passive margins 
are characterised by the wedging out of the continental crust (Figs. 1a and 1b) over the region 
where thinning of the continental lithosphere occurred. The width of thinning area varies 
anywhere from 100 to 600 km (e.g. Osmundsen & Redfield, 2011; Petersen & Schiffer, 2016; 
Reston & Manatschal, 2011) averaging ~200 km (Bauer et al., 2000). Furthermore, passive 
margins mark the rheological transition from a single-layer oceanic to a multi-layer continental 
lithosphere. Depending on rheology and thermal structure, mechanical decoupling may occur 
between the various layers, such as between the crust and mantle, thereby reducing the overall 
strength at the margin lithosphere (Burov, 2011). Consequently, the strength of the oceanic 
crust at passive margins is usually higher than that of the extended continent (e.g., Burov & 
Diament, 1995; Ziegler & Cloetingh, 2004). As an example, integration of yield-stress-envelopes 
along a section of a magma-poor passive margin such as the Angolan margin shows a drop in 
strength at the transition from the oceanic to the continental crust (Fig. 1b). This strength 
minimum is related to the relatively low lithostatic pressure at the passive margin and low 
strength of the thinned and extended continental crust at the OCT (Fig. 1a). In the case of the 
Angolan margin, this low strength region is ca. 40-50 km long. Continent-ward, the thickness of 
the lithosphere increases, and it becomes stronger than the oceanic lithosphere (Fig. 1b). 
Although crustal deformation may be enhanced by the strength contrast inherent to the 
continent-ocean transition, it is not clear how the underlying mantle lithosphere reacts to the 
applied forces, as failure usually occurs at very high stress levels (Watts & Burov, 2003). 
Therefore, analogue and numerical simulations frequently implement weak zones or sharp 
boundaries between different model domains to simulate compositional heterogeneities and 
localize deformation (Faccenna et al., 1999; Mart et al., 2005; Nikolaeva et al., 2010; Zhong & Li, 
2020). The existence of a weak domain may be justified by assuming favourable thermal and 
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compositional conditions. Yet, in nature, heterogeneities are usually more distributed 
throughout the mantle lithosphere (Maystrenko et al., 2013). 
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3. Experimental approach 

3.1. General concept  

Our experiments simulate compression of a magma poor margin as a consequence of 
far-field forces or forces arising from mid-ocean ridges (Stern, 2004), mantle flow (Baes et al., 
2018), gravitational potential energy (Pascal & Cloetingh, 2009), or sedimentary loading 
(Cloetingh et al., 1984). The model geometry and properties of the materials are displayed in 
Figure 2 and in Table 1. Six experiments are shown (Fig. 2b) in which different viscosities of the 
lithospheric mantle and shortening rates (0.5 and 1 cm/hr) applied at model boundaries are 
used to change the ductile strength of the lithospheric mantle, the main parameter of this 
study. We thus utilize the stress dependence of viscosity for addressing the effects of different 
mechanical states of the lithosphere at the onset of deformation. The analogue models were 
built inside a 36 cm wide, 45 cm long and 15 cm deep tank of transparent Plexiglas (Fig. 2a). 
They consist of sand (brittle layers) and silicon putties (ductile layers) floating on a low-viscosity 
fluid that enables isostatic equilibrium throughout the experiments (e.g. Brun, 1999, 2002; Davy 
& Cobbold, 1991; Dombrádi et al., 2010; Sokoutis et al., 2000; 2005). During the experiment, 
the model is compressed from one side and confined on all other sides by fixed walls (Fig. 2.2a). 
Under this condition the model is free to evolve in the vertical direction. 

Figure 1: Overview of geometric and mechanical characteristics of a magma-poor passive margin 
under compression. a) Interpreted geological cross-section of the Angolan margin (modified after 
Unternehr et al., 2010) with superimposed strength profiles at key locations b) Effective viscosity 
obtained using rheological condition displayed in Fig. 1.a. c) Graph representing the integrated 
strength across the Angolan margin based on the calculated differential stresses shown in Fig. 1a. 
OCT is ocean-continent transition. The stress envelops are calculated using the finite-difference, 
marker-in-cell code (MDoodz; Duretz et al., 2016), considering frictional, dislocation, diffusion, and 
Peierls creep formulations. Details of the numerical modelling used for the calculation are made 
available in the supporting information. The geotherm is computed assuming steady-state conditions 
and accounts for different radiogenic heat productions in each layer and a constant asthenosphere 
temperature of 1330°C bellow the thermal boundary. Because this boundary is not very well defined 
in nature, the thermal base of the continental and oceanic lithosphere is kept constant and a linear 
interpolation is applied between the base of oceanic and continental plate. In accordance with global 
thermal model of the lithosphere (Artemieva, 2009; Burov, 2011), the depth of the thermal boundary 
is lower for the oceanic lithosphere.  
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The initial geometric setup consists of an oceanic, a continental and a wedge shape 
transitional lithosphere in between (Fig. 2a). The latter represents the passive margin, i.e., the 
necking zone where the continental crust has been thinned most during lithosphere extension. 
The wedge-shaped domain, separating oceanic from continental lithospheres will be referred to 
as the “margin”. The length of the model margin scales to a margin length of 150 km in nature, 
which falls within the range of passive margin lengths (~200 km on average, Bauer et al., 2000). 
Within this framework, the rheology of the oceanic lithosphere can be approximated by a two-
layer system (brittle-ductile) where the brittle-ductile transition (BDT) is located at a depth of 
ca. 36 km (Burov, 2011). The 70 km thick oceanic lithosphere (scaled to nature) represents the 
mechanically strong part of a 50-100 Ma lithosphere (by using the mechanical base of the 
lithosphere, e.g. Burov, 2011). In contrast, the continental lithosphere is defined by a four-layer 
system (brittle-ductile-brittle-ductile) (Burov & Diament, 1995). Key element is the decoupling 
of the continental crust from the underlying mantle lithosphere along a viscous layer that 
wedges-out towards the ocean-continent transition (Figs. 2a and 2c). In the models, the ductile 
lithospheric mantle layers are homogenous in thickness and composition under both the 

Figure 2: (a) Experimental setup: four-layer continental lithosphere and a two-layer oceanic 
lithosphere resting on a high-density, low-viscosity fluid representing the asthenosphere. The white 
arrow indicates the shortening direction that is applied via the moving wall. BCC, DCC, BCM, DM and 
BO denote brittle continental crust, ductile continental crust, brittle continental mantle, ductile 
continental mantle and the brittle part of the oceanic lithosphere, respectively. (b) Matrix showing 
the parameter space explored in this study. (c) Graph showing computed integrated strength profile 
under a compressional stress regime for the total lithosphere for models with intermediate viscosity 
in the lithospheric mantle (LM). (d) Strength profiles for oceanic lithosphere (left) and the continental 
lithosphere (right) at the onset of deformation. The strength profiles are calculated based on the 
model geometry as shown in Figure 2c and on the material parameters given in Table 1. The red lines 
in Figure 2c indicate the location of the strength profiles. 
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continental and oceanic crust. As such, we do not impose pre-defined mantle structures in the 
lithospheric mantle to localize the deformation, such as a weak zone, but use the geological 
features inherent to the rheological stratification of a passive margin. For the three types of 
lithosphere used in the models, the brittle thickness is assumed to be constant. Even if a 
variation in viscosity with a constant brittle-ductile transition depth seems unrealistic, it allows 
to test buoyancy conditions as function of the strength of the viscous lithospheric mantle (see 
buoyancy number, section 3.2).  

3.2. Materials properties and scaling 

Brittle layers exhibiting Mohr-Coulomb behavior are represented by layers of dry 
feldspar and quartz sand (see Willingshofer et al., 2005 for a detailed description of material 
properties), whereas mixtures of silicone putty (PDMS and Rhodorsile Gomme-type) with fillers 
represent ductile layers (see Tab. 1). All layers were scaled for density. As such, different 
densities of sand and silicon putty are used to account for the density contrast between the 
oceanic and continental lithosphere and for a density increase with depth. Density of the 
ductile layers has been regulated through the addition of quartz sand (experiments 1-4) or 
barium sulfate (experiments 5 and 6). The viscosity of the asthenosphere is ca. two orders of 
magnitude lower than that of the mantle lithosphere. After freezing, this facilitates the 
separation of the lithosphere from the asthenosphere and the sectioning of the model, which is 
key for gaining insight in the deformational geometries with depth.  

Table 1: Summary of model configurations and material properties per experiment (EXP) 
together with characteristic properties of natural prototypes. The thickness and density of each 
layer in the experiments is scaled to nature, based on gravity modelling derived data of different 
passive margins (Namibian: Bauer et al., 2000; Canadian: Li et al., 2016a; Norwegian: 
Maystrenko & Scheck-Wenderoth, 2009), and cooling models for oceanic lithosphere (Chapman 
& Pollack, 1977). 

Layers EXP Material Thickness h Density ρ Viscosity η n F 

      model  nature  model  nature  model  nature      

      cm km  kg/ m
3
  Pa s      

Ocean Brittle lithosphere    Quartz sand 1.4 42 1500 3350 

        

Continent Brittle crust   Feldspar sand  0.8 24 1300 2900 
        

Continent Ductile crust   
Rhodorsil Gomme + 
sand  

0.4 12 1300 2900 4.6e4 4.6e21 1.12 

  

Continent Brittle L. mantle   Quartz sand 0.5 15 1500 3350     
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Ductile lith. mantle Exp1 
Rhodorsil Gomme + 
sand  

1.0 30 1500 3350 1.3e4 1.3e21 1.09 3.03 

  
Exp2 

Rhodorsil Gomme + 
sand  

1.0 30 1500 3350 1.3e4 1.3e21 1.09 1.51 

  
Exp3 

Rhodorsil Gomme + 
sand 

1.0 30 1500 3350 5.8e4 5.8e21 1.13 0.85 

  
Exp4 

Rhodorsil Gomme + 
sand  

1.0 30 1500 3350 5.8e4 5.8e21 1.13 0.42 

  
Exp5 PDMS + BaSO4+ sand 1.0 30 1500 3350 1.4e5 1.4e22 1.36 0.36 

  Exp6 PDMS + BaSO4+ sand 1.0 30 1500 3350 1.4e5 1.4e22 1.36 0.18 

Asthenosphere   
 Polytungstate + 
glycerol 

10 300 1470 3280 ~5.0e.2 5.0e19 1.00   

Here h is the thickness, η is the effective viscosity, ρ is the density of the layers and n is the stress 
exponent. F is the buoyancy number. 

The experiments were scaled according to the principles of geometric, dynamic, 
kinematic and rheological similarity (Hubbert, 1937; Ramberg, 1981; Sokoutis et al., 2000; 2005; 
Weijermars & Schmeling, 1986). Relevant scaling relationships between the natural prototype 
and the analogue model were obtained by keeping the average strength of the ductile layers 
correctly scaled with respect to the strength of the brittle layers and the gravity forces (Brun, 
1999; Ramberg, 1981). To scale dynamic similarity, we calculate the Reynolds number Re, 
which is a non-dimensional number representing the ratio between inertial forces and viscous 
forces according to: 

𝑅𝑒 =  𝜌. 𝑉. ℎ𝑑/𝜂 (1)  

where ρ, V, η, hd, are the density, velocity of displacement, effective viscosity, and 
thickness of the ductile layers. In nature the Reynolds number is generally very small (Re<1e-20) 
(Dombrádi et al., 2010; Ramberg, 1981; Schellart & Strak, 2016; Sokoutis et al., 2000). In the 
experiments, Re << 1 (e.g. for the ductile lithospheric mantle in exp. 2, Re=3.7e-10), and 
therefore, inertial forces can be neglected compared to the viscous ones. This justifies treating 
the time and length ratios as independent variables (Ramberg, 1981). 

The kinematic similarity is satisfied when the model and prototype undergo similar 
changes of shape or position within a certain amount of time set by the time ratio (𝑡∗), which 
reflects the duration of deformation in the viscous layer. The time-scale ratio can be calculated 
using the inverse of the strain rate which is the viscosity ratio divided by the stress ratio: 

𝑡∗ =  
1

𝜀̇ ∗
=

𝜂∗

𝜎∗
 (2) 

where 𝜂∗ is the model to nature ratio of the analogue material viscosity to the average 
viscosity of the natural prototype’s ductile layer. 

 Dynamic similarity for the brittle Mohr-Coulomb-type materials is determined by 
a dimensionless characteristic stress ratio σ* which respects the condition σ*= L*ρ*g*. 

Jo
ur

na
l P

re
-p

ro
of

Journal Pre-proof



 

 

(Ramberg, 1981) (*), with ρ, g, L, the density, gravitational acceleration and length respectively 
and (*) refers to model/prototype ratios (e.g., L* = Lm/ Lp). The experiments are geometrically 
scaled by a length scale factor of L* = 3.33 10-7 so that 1 cm in the model corresponds to 30 km 
in nature. Density is scaled based on the brittle oceanic lithosphere. The stress ratio is then 
calculated using the density ratio between the quartz sand (ρqs= 1500 kg.m-3) and the mantle 
lithosphere in nature (ρoc= 3350 kg.m-3), and the length ratio. Then, σ*= 1.5 10-7. 

To respect the friction angle for most crustal rocks ϕ ~ 31°, dry feldspar and quartz 
sands with similar friction angles are used in this study (Willingshofer et al., 2005). Then, the 
maximum differential stress in the brittle layers of the models under compression is given by: 

(𝜎1 − 𝜎3)Brittle =  2 𝜌𝑔𝑧 (3)  

where σ1 and σ3 are the maximum and minimum principal stresses and z the depth 
(Brun, 1999, 2002). The slope for the brittle stress is 294.3 Pa/cm representing ~58 MPa/km in 
nature which is close to Byerlee’s law.  

To simulate ductile behavior, we use silicone putties with different densities and 
viscosities (Table 1), which approximate flow by creep (Broerse et al., 2019). Following Jaeger et 
al. (2009) the differential stress for plane strain can be calculated by using the shear stress 
(equation 4). For non-Newtonian materials, shear stress obeys a power law flow law linking 
stresses to strain rate (or engineering strain rate, �̇�), and material properties (e.g. Kirby, 1985; 
Weertman, 1978). The following formulations apply:  

(𝜎1 − 𝜎3)Ductile = 2𝜏 (4)  

𝜏𝑛 =  
�̇�

𝐴
 (5) 

�̇� =
𝜕𝑣

𝜕𝑦
 (6) 

where 𝑛 is the flow behaviour index. 𝐴 is in this case the material viscosity factor for 
non-Newtonian rheologies obtained from shear tests and (6) expresses shear strain rate as the 
ratio of velocity (𝑣) over a length scale (𝑦). The exact value of the strain-rate cannot be 
precisely calculated a priori as it depends on the number and location of faults that develop 
during model deformation (Midtkandal et al., 2013). For the ductile layers in the analogue 
experiments, the shear strain rate can be approximated as the ratio between the velocity 𝑣 
applied at the model boundary and the ductile layer thickness ℎd. 

To respect the strength difference with the brittle layer, the viscosity in nature is used as 
a proxy. With n values ranging between 1.15 and 1.45, the materials exhibit slightly non-
Newtonian behaviour. In nature, the effective viscosity of the ductile mantle lithosphere is a 
function of the strain rate and composition, and typically ranges between 1021-1022 Pa.s (Billen 
& Hirth, 2005; Bills et al., 1994; Hirth & Kohlstedt, 2003; Kaufmann & Amelung, 2000; Vergnolle 
et al., 2003; Watts et al., 2013), where low viscosities (~1020-1021) characterize weak mantle 
lithospheres with fertile composition (Dixon et al., 2004; Chenin et al., 2019; Vergnolle et al., 
2003). The viscosity scale ratio was calculated using the time and the stress ratio. The time ratio 
is constrained through the shear strain rate, assuming a natural shear strain rate in the order of 
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10-14 s-1 and a ductile layer thickness of 30 km (in accordance with the analogue model). Solving 
equation 6 yields a convergence velocity in nature of 1 cm/yr representing 0.5 cm/h in the 
experiments. As such an experiment lasting for 20 hours represents ~32 Myr of shortening in 
nature, setting the time ratio (t*) to 7.20x10-11 and the viscosity ratio (η*) to ≃ 1.0x10-17, so that 
the range of viscosities used in the model (104-105 Pa s) represents ~1021-1022 Pa s in nature.  

Following Faccenna et al., 1999, we calculate the buoyancy number (F) to quantify the 
negative buoyancy force of the oceanic lithosphere relative to the asthenosphere and its 
relation to resistive forces arising from the viscous lithosphere. 

𝐹 =  
𝛥𝜌𝑔ℎL

�̇�𝜂𝑙𝑚
 (7) 

where Δρ is the density contrast between the lithosphere and the asthenosphere, ℎL is 
the total thickness of the lithosphere, 𝜂𝑙𝑚 is the viscosity of the lithospheric mantle. 

A density difference of 30 kg.m-3 (representing ~60 kg.m-3 in nature) is implemented 
between the oceanic lithosphere and the underlying asthenosphere to favor gravitational 
instability at the continent-ocean boundary. 

3.3. Surface analysis and quantification of vertical movements 

In order to show the spatial and temporal evolution of deformation and associated 
surface topography, we present our results (e.g. Fig. 3a) in terms of top-view images and cross 
sections. The latter are obtained at two-third of their width. Experiments are monitored using 
digital photography and scanning of the top surface. Digital elevation models (DEM’s) are 
calculated from scan data to evaluate the extent of deformation between consecutive time-
steps of the experiments (e.g. Fig. 3c). Vertical movements through time are also monitored 
along profiles to further delineate where deformation takes place. The amplitude of vertical 
movements was calculated by subtracting the topographic values between two successive time 
steps. Mean deviations between two successive topographic profiles which are less than 0.1 
mm have been filtered out. This threshold was set to eliminate small undulations of the model 
surface and to focus on the first order topographic response to deformation. The length of the 
deformation zone (e.g., Fig. 3c) is then defined as the zone where vertical movements from one 
step to another one are in excess of the threshold. The total sum of vertical movements 
(TSVM), derived from DEM data, was used to illustrate and quantify regions in the models 
where most of the deformation occurs during the entire duration of the experiment (e.g. Fig. 
3d). TSVM was calculated by adding the values of vertical movements and provides information 
where in the section vertical movements are dominantly upward or downward. 

3.4. Assumptions and simplifications 

The experiments aim at simulating the shortening of a thermally equilibrated passive 
margin lithosphere. Each experiment is carried out with a constant rate of deformation, which 
is applied through movement of a wall that simulates a horizontal force like ridge push and far 
field forces. The resolution of the presented analogue experiments accounts for the first-order 
rheological layering of the lithosphere. The viscous layers of the models are defined by uniform 
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properties over their thickness and absence of temperature dependent variations of the creep 
strength with depth are included in the model. In contrast, the ductile behavior in natural 
systems strongly depends on temperature (Brace & Kohlstedt, 1980; Ranalli, 1995). To facilitate 
setting up of the experiment, materials used in this study have quasi-Newtonian properties 
(n=1). This deviation from nature (n=2-3) may impede strain localization within the mantle and 
thus the development of a shear zone, representing the plate boundary. Previous studies 
demonstrate that representing the ductile behavior of the lower crust and lithospheric mantle 
with uniform viscous materials is an acceptable first-order approximation (Chemenda et al., 
1996) that does not affect the general results and conclusion (Auzemery et al., 2020; Faccenna 
et al., 1999; Martinod & Davy, 1992). In nature density contrasts between a mature oceanic 
lithosphere and the adiabatic mantle range between 20-80 kg.m-3, (Afonso et al., 2007; 
Schubert et al., 2001). Following Faccenna et al. (1999), we implement a density difference 
between the oceanic lithosphere and the underlying asthenosphere, which is 30 kg.m-3 in our 
experiments (representing ~60 kg.m-3 in nature) to allow for gravitational instability at the 
ocean-continent transition. This density contrast is assumed to be constant and the buoyancy is 
regulated through the strength of the ductile mantle lithosphere. The importance of vertical 
and lateral density variations for the initiation of subduction zones at passive margins is 
discussed in detail by Faccenna et al., (1999), Mart et al., (2003) and Maystrenko et al., (2013). 
The evolution of topography is analyzed without taking into account erosion, transport and 
deposition of sediments which can be important for the timing of deformation (Malavieille, 
2010; Pinto et al., 2010; Willett et al., 1993). The absence of surface processes and the lack of 
localizing mechanisms in the ductile mantle lithosphere results in exaggerated vertical motions 
of the model surface. We nevertheless regard the surface scan data as relevant data, which 
provides critical information on the locus and relative magnitudes of vertical motions.  

The kinematic boundary condition (moving wall) creates slight deformation along the 
sidewalls within a 1-2 cm wide zone. These deformation structures appear at the beginning of 
the experiments, do not further evolve with time and do not propagate into the interior of the 
model. As such, they do not bias the modelling results. Despite the simplifications inherent to 
the analogue modelling technique, the experiments presented here provide first-order 
deformation patterns and associated topography that characterize the deformational behavior 
of passive margins under compression. 

4. Experimental results 

For each rheologic setup, two experiments have been performed with different 
convergence velocities. The results are presented by sets of experiments with weak, medium 
strength and strong lithospheric mantle. The modelling results are described in terms of three 
evolutionary stages including: (1) inversion of the passive margin (stage I), (2) unstable 
underthrusting (stage II) and (3) subduction (stage III). More specifically, stage I refers to the 
first deformational response to the applied shortening whereas stage II encompasses the switch 
from distributed to localized deformation. We refer to “subduction” (stage III) when no major 
changes in deformation width occur and a slab-like feature evolves. 
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4.1. Weak mantle lithosphere (Set 1) 

Experiments 1 and 2 are characterized by a low viscosity lithospheric mantle of 1.7x104 
Pa s resulting in a buoyancy number that is larger than 1 for both experiments (Table 1), so that 
stress induced by the negatively buoyant oceanic lithosphere overcomes the ductile resistance 
of the mantle lithosphere.  
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Experiment 1 is characterized by a slow convergence velocity of 0.5 cm/h representing 
~1 cm/year in nature. Analysis of topographic profiles (Fig. 3b) shows that deformation starts 
with a very narrow flexure and deformation of the oceanic crust prior to 3% bulk shortening 
(BS). Deformation results in thrusting within the oceanic lithosphere cutting the model surface 
parallel to the continent-ocean boundary (Fig. 3a, thrust nº 1). This fault remains active and 
controls the development of a shallow trench-type basin, which rapidly deepens up to 5% BS 
(Fig. 3b). During this stage thrusting leads to uplift in the hanging wall, which is limited to the 
vicinity of the trench (Fig. 3d). In between 5 and 10% BS the thrust polarity reverses and a 
newly developing thrust (nº 2) displaces thrust nº 1 (Fig. 3a). Thrust polarity reversal leads to 
the vertical accumulation of brittle material below the ocean-continent transition inducing a 
widening of the deformed area and uplift of the entire passive margin (Figs. 3b-3d). The 
subsequent distinct decrease in length of the deformed area is related to a stage where the 
trench position was stationary and where no additional uplift occurred at the passive margin 
(Fig. 3b and 3c, between 10-15% BS). Another change of thrusting polarity occurred at ~ 15% BS 
(thrust nº 3) without deforming the continental lithosphere. Trench migration toward the 
ocean is observed at this stage. Vertical motions are mainly localized in the oceanic domain 
with maximum subsidence at the trench and maximum uplift of the overriding plate in the 
immediate vicinity of the trench (Fig. 3d). The length of the zone of deformation is relatively 
narrow and scales to a maximum length of ~350 km in nature (Fig. 3c).  

Experiment 2, with a convergence velocity (1 cm/h), evolves similarly to experiment 1. 
However, the main thrust fault is located much closer to the continental margin. As in 
experiment 1, the continental margin is not deformed internally, but uplifted in response to 
thrusting of oceanic crust below the margin (Figs. 3f and 3h, topographic profile at 5% BS). Prior 
to underthrusting, a narrow fold with a wavelength of 3cm marks the flexure of the OCT (Figs. 
3e and 3f, scan and topographic profile at 5% BS). Faster convergence correlates with a more 
rapid increase in deformation length, but the maximum length of the deformation zone is 
similar in both cases (Fig. 3g). The trench slowly migrates ocean-ward and gradually deepens 
during the long-lasting activity of thrust nº 1. The flip in thrust polarity (thrust nº 2) commences 
at 12% of BS and results in a prismatic pop down bounded by opposite verging thrust faults. 

In both experiments, deformation only affects the oceanic lithosphere by the activation 
of intra-ocean thrust faults. Thrusting is associated with thickening of the crust leading to uplift 

Figure 3: Results of experiments 1 and 2 testing a weak lithospheric mantle. (a, e) Final, 3D lithospheric 
scale structure (left) and topographic evolution of experiments (right). The cross-sections are located 
at two-third of the width from the top of the model. Abbreviations as in Fig. 2. (b, f) Topographic 
profiles are retrieved through DEMs at 0%, 3%, 5%, 10%, 15%, and 20% bulk shortening (BS). Vertical 
exaggeration is 10 times. (c, g) Length of the deformation zone at different times of the experiment 
also expressed in bulk shortening. I, II and III are the three evolutionary stages: (I) inversion of the 
passive margin (II) unstable under-thrusting and (III) subduction (d, h) Total sum of vertical movements 
across the section, calculated during the entire time span of the experiment. The amplitude of vertical 
movement was calculated by subtracting the topographic values between two profiles between two 
time steps given in the graph in part (c), expressed in bulk shortening. The amplitude of vertical 
movements was used to define the zone of deformation in part (c, g) and the total sum of vertical 
movements in part (d, h). 
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of the overriding plate and an increase in deformation length. The length of deformation is 
around 6 to 10 cm in our experiments, representing 200 to 300 km in nature. The maximum 
width of the experiments (stage I) is reached once the thrust polarity has changed. Thereafter 
the width of deformation decreased rapidly (experiment 1) and slowly (experiment 2), 
characterizing stage II in the evolutionary scheme. We note that a stable configuration (stage 
III) is only achieved in experiment 1. For a buoyancy number larger than one, the viscous 
resistance of the lithospheric mantle does not prevent the sinking of the crustal blocks. Intra-
oceanic deformation is accommodated by major thrusts, which change polarity through time 
and create large subsidence at trench-type basins. In contrast, the low strength of the 
lithospheric mantle and its Newtonian behavior results in ductile flow but not in the localization 
of strain and thus the development of a shear zone at that level.  

4.2. Medium strength mantle lithosphere (Set 2) 

The second set of two experiments is characterized by an intermediate viscosity of the 
lithospheric mantle of 5.8x104 Pa s and corresponds to passive margins with moderate age and 
a medium strength lithospheric mantle. The buoyancy numbers for these experiments are 0.85 
and 0.43 for the slow and fast experiment, respectively.  
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Experiment 3 with a slow convergence velocity of 0.5 cm/h shows deformation of the 
passive margin and almost no deformation in the oceanic domain (Figs. 4a-4d). Shortening 
results in deformation of the OCT commencing after 5% BS (Fig. 4a, fault 1 and 2). Coevally, the 
former passive margin is flexed downward at a wavelength of 11 cm (Fig. 4a, scan at 5% BS). 
This flexural basin is flanked on both sides by bulges. We note that deformation spreads over a 
wide area covering the entire margin at this early stage (stage I) in model evolution (Fig. 4c). 
Thrusting localizes where the ductile lower crust of the margin wedges-out and develops with a 
backward sequence in the direction of the continent. A trench-type basin forms between the 
oceanic and the continental lithospheres, and progressively deepens during shortening, as 
illustrated by the topographic profiles at 5% BS. After 10% BS, the down-flexed passive margin 
is cut by the evolving fault 2 (Fig. 4a) and underthrusts the continent. This step probably marks 
the starting of the underthrusting stage (stage II) where deformation is mainly localized at the 
passive margin. It is characterized by a decrease in length of the zone of deformation (Fig. 4c, 
between 10% and 17%BS). At this stage, the displacement of the deformed margin toward the 
continent and the stationary character of the continental edge suggests that the continental 
crust at the margin gets squeezed by the oceanic lithosphere. The cross-section shows that the 
whole passive margin is accreted at the trench and the down-going plate drags part of it. In 
particular the accreted brittle crust is decoupled from the underlying mantle at the level of the 
ductile lower crust. The cross section at the end of the experiment displays the geometry of a 
vertical slab-like feature, formed during stage III. 

Experiment 4 with a convergence velocity of 1 cm/h resulted in a similar sequence of 
events and deformation pattern although the topography is lower than in experiment 3. 
Deformation at the ocean-margin transition creates more scattered vertical movements and 
induces rapid uplift at the continental side. Development of a thrust system results in a rapid 
increase of the length of the deformed area (Fig. 4g). Coevally the continental lithospheric 
mantle is shortened and folded with a wavelength of 13 cm, leading to an uplift of 3 mm. A 
shallow flexural basin formed behind the thrust-system at the margin and rapidly closed, after 
10% BS. During this stage the length of the zone of deformation increases (Fig. 4g, 0-10% BS). 
However, when the trench is formed and underthrusting starts (stage II), deformation localized 
at the trench, and the length of deformation decreases (Fig. 4g, 10-17% BS). The almost 
stationary character of the trench and of the continental edge suggest that underthrusting is 
mainly controlled by the convergence of the oceanic plate. Underthrusting is again facilitated 
by decoupling above the Moho and also drags down the continental mantle lithosphere, which 
together with the oceanic mantle lithosphere envelopes a tight syncline cored by ductile lower 
crust. We interpret the constant length of deformation during the last stage of the experiment 
(Fig. 4g, 17% BS) as marking the final phases of deformation (stage III). 

In both experiments, thrusts strike parallel to the evolving trench. The mechanically 
weak lower continental crust controls the locus of thrust formation and acts as a decollement in 
which the upper crustal thrusts root. The ductile lower crust allows for crust-mantle 
decoupling, ultimately leading to partial delamination of the mantle lithosphere. The two 

Figure 4: Results of Experiments 3 and 4 testing a moderate viscosity of the lithospheric mantle. for 
explanation of the figure, see Figure 3.  
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experiments differ at this stage such that exp. 4 shows a clear delamination expressed by the 
strong deformation of the lower crust whereas exp. 3 shows more or less lithospheric dripping. 
In both experiments, deformation mainly affects the passive margin and is associated with the 
formation of a flexural basin between oceanic and continental lithosphere over a length of ca. 
500-600 km when scaled to nature. Localization of deformation at the passive margin and at 
the continental edge, induces strong vertical movements (Figs. 4g and 4h). Uplift increases 
progressively during underthrusting. It is caused by the accretion of material at the trench and 
short wavelength (~λ = 300 km, scaled value) buckling of the continental crust (anticline 
between 22-32 cm on the topographic profile). The experiments also show that the topographic 
response depends on the convergence rate, creating longer but lower amplitude folding for 
high convergence rate. The switch from widespread deformation during the early evolution of 
the experiments (stage I) to localized underthrusting (stage II) is characterized by a reduction in 
length of the deformation zone amounting to ca. 300-400 km (Figs. 3.4c, g). In both cases, stage 
III is characterized by a constant length of deformation. 

4.3. Strong mantle lithosphere (Set 3) 

A lithospheric mantle with a viscosity of 1.4x105 Pa s characterizes the third set of two 
experiments representing passive margins with a strong lithospheric mantle. The buoyancy 
number for these experiments is 0.36 and 0.18 for the slow and fast experiment respectively.  
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Figure 5: Results of Experiment 5 and 6 testing a strong lithospheric mantle. For explanation of the 
figure, see Figure 3. 
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Experiment 5 corresponds to a slow convergence velocity of 0.5 cm/h. Up to 5% BS 
deformation is marked by the development of a frontal thrust (nº 1, Fig. 5a), located at the 
boundary between oceanic lithosphere and passive margin. This thrust induces short 
wavelength crustal folding (λ1~7 cm wavelength). Coevally, downward flexure of the margin 
defines a basin at the backlimb of the thrust. At 5% BS, the margin is subject to long wavelength 
folding λ2 (18 cm wavelength) and uplift up to 4 mm (see scan and topographic profiles, Fig. 
5b). The length of the zone of deformation gradually increased (Fig. 5c). During thrust 
propagation, a strong uplift affects the basin edge in response to flexure. At 20% BS, the section 
reveals that the main thrusts (nº 1 & 2) cut through the brittle mantle layer. However, these 
faults do not propagate through the ductile lithospheric mantle. Strong ductile resistance of the 
mantle lithosphere opposes the slab descent and folding affects the entire lithosphere as 
shown by the cross-section. 

Experiment 6 corresponds to a fast convergence velocity of 1 cm/h. This experiment 
shows a geometrical pattern comparable to experiment 5 but with the different stages 
developing simultaneously. Underthrusting of the oceanic plate does not occur and shortening 
is accommodated by short wavelength crustal folding (λ1~7 cm) and large wavelength 
lithosphere buckling of both the continent and the ocean (λ2~17 cm, profile Fig. 5f). Similar to 
experiment 5, the passive margin subsides, and the continental edge is uplifted (Fig. 5). In 
addition, folding is associated with low-offset, dominant oceanward-verging thrusts and pop-up 
structures. High topography reveals that deformation amplitude is large in the oceanic domain 
and decreases at the OCT and in the continental lithosphere close to the trench. Flexure is more 
pronounced than in experiment 5 and affects the trench, the frontal thrust system and the fore-
arc basin. 

In both experiments the failure of the crust occurs at the OCT. At high shortening 
velocity, deformation is distributed over a wider area expressed by regions of uplift and 
subsidence (Figs. 5b, f, d & h). The highest topography is observed at the continental edge. 
Although the cross-section of experiment 5 suggests that underthrusting (stage II) occurs, none 
of the experiments is characterized by a reduction in deformation width. Instead, the area 
affected by deformation reaches a steady state (experiment 5) or continuously increases 
(experiment 6), indicating that shortening is dominantly accommodated by long-wavelength 
folding (~λ = 500 km, scaled value) controlled by the high strength of the ductile mantle 
lithosphere. The zone of deformation represents 700-800 km in nature. The combination of 
near surface brittle deformation and lithosphere folding gives rise to a very pronounced and 
characteristic topography development (Figs. 5d). As a consequence, the continental margin 
edge experiences a strong uplift whereas the foreland is marked by a pronounced subsidence. 
As in previous experiments, the transition between oceanic and passive margin lithosphere 
shows local uplift caused by the deformation of the thinned crust and its accretion.  

5. Discussion  

5.1. Strain localization  

Our experimental results consistently highlight the dependence of strain localization and 
locus of deformation on the viscosity of the ductile lithospheric mantle and thus its strength, 
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despite the lateral homogenous nature of the ductile mantle lithosphere. For the effect of 
lateral strength variations in the lithospheric mantle the reader is referred to Calignano et al. 
(2015) or Santimano and Pysklywec (2020). The rheology of the mantle lithosphere has a strong 
effect on the distribution of deformation, such that deformation localizes within the oceanic 
lithosphere with a low strength mantle layer, whereas it localizes at the OCT in all other cases 
(lithospheres with intermediate and high ductile mantle viscosity, Figs. 4 and 5). Additionally, 
increasing the viscosity of the mantle lithosphere also leads to a change in deformational 
behavior within that layer from flow dominated (experiments 1-4) to folding dominated 
(experiments 4-5). As in all experiments the oceanic and continental crust remained 
unchanged, we argue that the above-mentioned differences are a direct consequence of 
differences in shear resistance in the ductile mantle lithosphere, a parameter that is key for 
developing shear instabilities which potentially evolve into subduction zones, as shown by 
previous analogue modelling studies (e.g. Faccenna et al., 1999; Goren et al., 2008; Luth et al., 
2010; Sokoutis & Willingshofer, 2011; Willingshofer et al., 2013). 

Although incipient deformation is easier achieved within the passive margin crust 
because only low stress levels are required to mobilize the ductile layer, the stability of the 
lithospheric mantle is critical for the further evolution of the system. Previous analogue 
modelling studies have shown that the negative buoyancy of the oceanic plate as well as the 
density contrasts between continental and oceanic lithospheres are important for passive 
margin inversion and in particular for subsequent subduction initiation (Chemenda et al., 1996; 
Faccenna et al., 1999; Goren et al., 2008; Leroy et al., 2004; Mart et al., 2005). Following 
Faccenna et al. (1999), we use the buoyancy number (Fig. 6a) to characterize system behavior. 
In addition, our experiments show a relationship of F to the place where deformation initiates. 
If F>1, the stability of the oceanic here is compromised, and underthrusting occurs in the 
oceanic domain (experiments 1-2). These modelling results apply for cases of high negative 
buoyancy of the oceanic lithosphere which seems to be at variance with the low viscosity in the 
lithospheric mantle (less than 2 1021 Pa s in this study). As viscous strength in nature increases 
rapidly with age (England & Wortel, 1980), intra-oceanic lithosphere instability requires large 
negative buoyancy and large melt flux through the lithosphere to facilitate its weakening. A 
suitable natural example would be the inversion of a partially melted oceanic lithosphere by 
subduction-induced mantle upwelling (Strak & Schellart, 2018) or a mantle plume setting 
(Burov & Cloetingh, 2010; Gerya et al., 2015; Monnereau et al., 1993; Rolland et al., 2009). The 
latter might well have been the case for Caribbean subduction initiation (Whattam & Stern, 
2015).  
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 In the case of a stable lithosphere (F<1), deformation occurs at passive margins. In 
general, a low buoyancy number should prohibit underthrusting (Faccenna et al., 1999). 
However, adding a contractional component of deformation seems to allow for deviating from 
this concept and facilitates underthrusting even with buoyancy numbers as low as 0.8 or 0.4 
(experiments 3 and 4). To find explanations for this apparent discrepancy the pre-
underthrusting stage of deformation needs to be considered. Detailed analysis of the 
deformational sequence revealed that early stages of deformation that predominantly affected 
the passive margin (experiments 3 & 4) are characterized by thrusting, which commences at the 
tip of ductile continental crust, where horizontal shortening is accommodated by layer-parallel 

Figure 6: (a) Summary of modelling results for tested parameters of this study. (b) Mode of 
deformation at passive margins including I passive margin inversion, II unstable under-thrusting, and III 
subduction. Red segments represent the length of the deformed region. The figure shows a schematic 
illustration of the evolution of deformation at a passive margin with favourable conditions for 
subsequent subduction initiation.  
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shear. This is illustrated by the presence of ductile material along the ramp of the oldest thrust, 
number 1 (Figs. 4a and 4e). As such we suggest that the rheological stratification of the passive 
margin and in particular that of the ductile crust provides a first order control on the locus of 
deformation during incipient margin inversion (stage I). Similar to Nikolaeva et al. (2011), our 
experiments suggest that the early stage deformation in the crust pre-conditions where 
deformation will be transferred to the mantle lithosphere. More specifically, shear localization 
and associated deformation at the base of the continental crust regulates the degree of 
coupling and permits deflection of the oceanic plate under the margin (Fig. 6b), thereby 
creating a mechanical instability allowing for the change of distributed deformation (stage I) to 
localized deformation (stage II) and ultimately for partial delamination of the mantle 
lithosphere. When deformation localizes at the base of the crust, the strength of the mantle 
lithosphere controls the extend of underthrusting and thus the stability of the margin. These 
results are consistent with earlier analogue modelling studies that emphasize the importance of 
decoupling horizons for the localization and geometry of deformation in convergent settings 
(e.g. Willingshofer & Sokoutis, 2009). 

 We note that the convergence velocity plays also an important role in the delamination 
process. Therefore, favourable conditions for inversion of passive margins that might evolve 
into a subduction zone lie in a limited spectrum of lithospheric mantle viscosities of around 5.0 
1021 Pa s (when scaled to nature), which is consistent with intermediate to mature oceanic 
lithospheres (Auzemery et al., 2020; Oxburgh & Turcotte, 1976; Turcotte & Schubert, 2014), or 
again a thermally weakened lithosphere at the margin (Jammes, 2016). For viscosities higher 
than that shortening will lead to large-scale folding of the margin and neighboring lithospheres 
(Fig. 6a). In the extreme case, lithosphere folding and associated thrusting can affect oceanic 
plates as observed in the Indian ocean (Beekman et al., 1996; Stein et al., 1989a). This strong 
type of lithosphere produces deformation at crustal levels equivalent to experiment 5 and 6. 
We acknowledge that thermal inputs could change these conditions and could impact on 
margin evolution.  

5.2 Comparison with numerical modelling 

The analogue models display striking similarities with numerical models of passive 
margin inversion and in particular of subduction initiation (e.g. Nikolaeva et al., 2011; Kiss et al., 
2020). Both methods highlight the role of the strength of the mantle lithosphere and of 
crust/mantle decoupling at passive margins. However, the quasi-Newtonian viscosities in the 
analogue experiments impede strain localization within the mantle and thus the development 
of a shear zone, representing the plate boundary, which would then accommodate the 
downward motion of the subducting plate (Fig. 6b, III). Instead, downward motion involved 
both, the subducting as well as the overriding plate (Fig. 6b, III) leading to “two-sided“ 
subduction as described by Gerya et al. (2008). In our models, this behavior can be attributed to 
the lack of externally imposed or intrinsic weakening mechanisms such as shear heating 
(Auzemery et al., 2020; Kiss et al., 2020; Thielmann & Kaus, 2012) or fluid percolation (Alvarez-
Marron et al., 1997; Regenauer-Lieb et al., 2001), respectively. Based on our experimental 
results, we argue that in the absence of inherited weak zones or weakening mechanism, 
incipient subduction should be two-sided until one of the above-named processes or a 
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combination thereof leads to strain localization. In this case, subduction can also involve part of 
the continental lithosphere such as in experiment 3. 

Additionally, thermo-compositional mechanisms may contribute to the stability of the 
mantle lithosphere as shown by Boonma et al. (2019) to explain the variation in strength in the 
mantle lithosphere. Convergence rate, which regulates thermo-compositional mechanisms may 
be of particular importance in nature to create instabilities at depth > 140 km (Boonma et al., 
2019). Moreover density-enhancing processes, like eclogitization, should occur in the under-
thrusted lithosphere, such that slab pull may start after 100-150 km of forced underthrusting 
(Gurnis et al., 2004; Maffione et al., 2015). At this depth partial melting might also have a 
strong effect on the strength of the lithosphere. Nevertheless, at depth shallower than 150 km, 
other mechanisms are required to explain instability at a passive margin, and we assert that a 
relatively weak mantle lithosphere is a condition.  

5.3 Length scales of deformation during passive margin inversion 

Similar to our experiments, inverted passive margins are marked by local deflection at 
the OCT (e.g. Hamai et al., 2015), increased seismicity/deformation at the margin (Stein et al., 
1989b), strong uplift of the continental edge (Leroy et al., 2004) and folding of the continental 
lithosphere (Cloetingh et al., 1999; Ziegler et al., 1995). Moreover, our experimental results 
consistently show the dependence of length scales of deformation on the strength of the 
ductile lithospheric mantle (Fig. 6a). Low viscosity of the ductile mantle lithosphere results in 
localized intra-oceanic deformation whereas stronger mantle lithospheres lead to wide 
deformation of the passive margin. In particular, prior to underthrusting, the passive margins 
are marked by folding where the wavelength is controlled by the strength of the mantle 
lithosphere. Converting the periodicity of the folds in models to the natural scale, the 
associated length-scales of folding are in the order of 50 to 90 km for experiments with a weak 
mantle lithosphere, 350-400km for experiments with medium lithospheric mantle viscosities 
and 600-700 km for experiments with a strong mantle lithosphere (Fig. 7). Therefore, our 
experimental results are consistent with the findings of Cloetingh et al. (1999), suggesting that 
lithospheric folding is a primary response of the lithosphere to shortening. Moreover, Cloetingh 
and Burov (2011) emphasize the dependence of fold wavelength on plate age and thus strength 
of the mantle lithosphere. Along these lines we compare our experiments with estimates of 
folding wavelengths from oceanic and continental lithospheres as well as margins with different 
thermo-mechanical age (Fig. 7 and Table 2).  
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In our experiments, shortening of lithosphere with a weak mantle layer results in very 
localized deformation in the weaker oceanic plate and a very gentle deflection at the margin 
(exp.2). In nature, contraction of a young lithosphere, such as present at the Algerian or the 
South-Korean margin, gives rise to localized deformation at the OCT, that includes downward 
bending of the oceanic plate relative to the continental crust (Hamai et al., 2015) and 
development of short wavelength folds (70-100km) in the oceanic domain (Kim et al., 2018). 
Moreover, the Algerian margin also reveals high seismicity at the OCT (Fig. 8a). However, there 
is little evidence for on-going deformation further onshore. By comparison, our experimental 

Figure 7: Relationship between wavelengths of lithospheric folding and thermo‐tectonic age of 
lithospheres in nature (modified after Cloetingh & Burov, 2011, references in Tab. 2), corresponding 
to the age of formation of the continental plate, and including data for Algeria (A), Northern Australia 
(NA), Southern Australia (SA), Black-Sea (BS), Brazil (B), Canada (Ca), Cantabria (c), Europe (E), Iberia 
(Ib), Southern India(SI), Norway (N), South-Korea (SK) passive margins. (Top) Theoretical folding 
wavelengths, derived from analytical models, for continental lithosphere (Cloetingh et al., 1999) as 
well as for oceanic lithosphere (McAdoo & Sandwell, 1985). The red dashed line is the folding 
wavelength as deduced from the analogue modelling. (Bottom) Map showing the distribution of 
major passive continental margin types (modified after Reston, 2009), and the locations of 
tectonically inverted passive margins during the Cenozoic (magenta stars). Continental shelves (dark 
grey shading) and plate boundaries (thin lines) are from Müller et al. (2008). Black areas correspond 
to large igneous provinces. 

Table 2: Wavelengths and thermo-tectonic ages of folded lithosphere displayed in Fig. 7.  

Id Area Ages of lithosphere (Myr) 
Folding 

wavelengths 
λ (km) 

References 

Al Algerian margin 16-25 100-150 
Hamai et al., 2015; Roure et 
al., 2012 

NA Northern Australian margin 540-560 200-300 Keep & Harrowfield, 2008 

SA 
Southern Australia intra-
continental 

390-450 500-700 
Holford et al., 2011; Célérier 
et al., 2005  

SA South Australian margin 390-450 100-300 Quigley et al., 2010; 

BS Black-Sea margin 75-125 125-150 
Cloetingh et al., 2008 
Starostenko et al., 2013 

B Brazil Intra-continental 590-630 750-1 000  de Lima, 2000 

B Brazilian margin 590-630 200-300 This study 

Br Brittany margin 210-290 225–275 Bonnet et al., 2000 

Ca Canadian (Arctic) margin 150-250 150-200 
Stephenson & Cloetingh, 
1991 

C Cantabrian margin 330-370 150-250 
This study; Viejo & 
Gallastegui, 2005 

E Western Europe 180–230 270-300 
Ziegler et al., 1995; Holford et 
al., 2009 

SI South Indian margin 80 200-250 Beekman et al., 1996 

Ib Iberia intra-continental 330-370 400-600 De Vicente & Vegas, 2009 

SK South-Korea 20-25 70-100 Kim et al., 2018 

N Norway 1 000 100-300 Løseth & Henriksen, 2005 
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results suggest that a weak oceanic lithosphere accommodates most of the shortening and 
deformation of the passive margin is expressed by its deflection. As such we argue that 
deformation of a very young passive margin (Kim et al., 2018; Hamai et al., 2018) does not 
necessarily provide evidence for underthrusting at the margin (Fig. 8d).  

Length-scales of deformation deduced from experiments 3-4 are consistent with deformation 
of a decoupled continental lithosphere (Fig. 8h). In nature, the wavelength of folding of 
inverted passive margins plots somewhat lower compared to theoretical predictions of folding 
wavelengths from Cloetingh et al. (1999) (Fig 7), suggesting that the thermo-tectonic age of the 
margin lithosphere is lower because of thermal inputs during rifting. This is, for example, the 
case for the passive margins of the Black Sea (Cloetingh et al., 2008, Starostenko et al., 2013), 
Arctic Canada (Stephenson & Cloetingh, 1991), Brittany (Bonnet et al., 2000), Norway (Løseth & 
Henriksen, 2005; Pascal & Cloetingh, 2009), or northern and southern Australia (Holford et al., 
2011; Keep & Harrowfield, 2008; Quigley et al., 2010). These margins show local deflections at 
the OCT, uplift at the margin and the development of a continental flexural basins with a 
wavelength of 100-300 km (Fig. 7). Among them, the Cantabrian margin is probably the best 
example of margin inversion prior to underthrusting (De Vicente & Vegas, 2009). The 
Cantabrian domain is the western continuation of the Pyrenees and reflect inversion of the 
North‐Iberian margin during the Eocene-Oligocene rather than a continental collision. The 
gravity data of the margin show a gentle gradient in gravity anomaly towards the south (Fig. 8f, 
Pedreira et al., 2007, Teixell et al., 2018) typical of plate flexure (Karner & Watts, 1983). 
Additionally, a thrust system is convincingly imaged at the OCT associated with an Eocene-
Oligocene wedge (Fig. 8g). Further south, Eocene syn-compressional sediments are identified 
on the hinterland marginal basin while the margin shoulder is uplifting. All these observations 
point toward the development of a thrust system at the OCT during Eocene time, which induces 
a gentle flexure at the margin (λ~250 km). Further shortening probably would have led to 
underthrusting as predicted by our models. In the Cantabrian domain, however, underthrusting 
occurred toward the ocean, giving rise to early stage continental subduction or delamination 
(Teixell et al., 2018). In contrast to models 3 and 4, lithospheres with a strong mantle 
lithosphere do not evolve into subduction zones and are characterized by long wavelength 
lithosphere-scale folding (exp. 5 and 6, Fig. 5). These experiments are in agreement with 
offshore and onshore observations of old and/or strong passive margin lithospheres such as 
present at the south Brazilian margin and the north Atlantic margin. The late Cenozoic 
exhumation episodes identified in the British Isles and adjacent regions were most likely caused 
by the transmission of compressional stresses into continental NW Europe from the Mid-
Atlantic Ridge and the Alpine orogen (Holford et al., 2009; Ziegler et al., 1995). Deformation is 
identified across long distances exceeding 1000 km and includes different styles such as 
reactivation and inversion of pre-existing faults (Lundin & Doré, 2002), uplift at the margin 
(Holford et al., 2009) and long-wavelength buckling of the European lithosphere (Bourgeois et 
al., 2007; Holford et al., 2009, Ziegler et al., 1995). Similarly, the South American Plate is 
experiencing horizontal compression and shortening controlled by Andean tectonics and 
compressional interaction of the continental lithosphere with the strong oceanic lithosphere 
found eastward (de Lima, 2000). Along the Brazilian margin, the offshore earthquakes 
distributed along the continental shelf and slope are predominantly due to reverse faulting 
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(Assumpção & Sacek, 2013). There, the edge of the continental margin records Neogene-
Pleistocene fault inversion (Cogné et al., 2012; Riccomini et al., 2004) and strong uplift in 
the Campos do Jordão plateau (Modenesi-Gauttieri et al., 2011) and the Taubaté Basin (Cogné 
et al., 2012). In the same area, several studies show that the direction of the maximum 
horizontal stress trends E-W (Assumpcao, 1992; Barros et al., 2009; Chimpliganond et al., 2010; 
Coblentz & Richardson, 1996; Ferreira et al., 1998; Neto et al., 2013). Further onshore, a similar 
compressional E-W trend is observed in the Parana, Pantana and Chaco basins (Milani & Zalán, 
1998; Rocha et al., 2016; Ussami et al., 1999). The presented analysis of the south American 
plate accounts for ongoing deformation including short wavelength lithosphere folding at the 
margin λ/λ1 that is ca. 300 km long, typical of a mantle lithosphere folding (Fig. 7), associated 
with long wavelength antiforms λ2 of the order of 750-1000 km (de Lima, 2000), representing 
whole lithosphere folding. Assuming that the majority of the data are indeed related to 
inversion, it is unlikely that these margins are evolving into subduction zones. 
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Figure 8: (a, e, i) Relief map (NASA Worldview) with epicenters of crustal earthquakes (red dots). Campos Basin (CB), Chaco basin (C), Santos Basin (SB), Parana basin (Pa), 

Ocean Continent Boundary (OCB). (b, f, j) Measured free air gravity anomalies (red line) and topography (black line) for the Algerian margin (Leprêtre et al., 2013), Cantabrian 
(Viejo & Gallastegui, 2005) and Brazilian (Van der Meijde et al., 2013) margins, respectively. (c, g, k) Crustal models of the passive margins indicating length-scales of 
deformation: (λ/λ1) short and (λ2) long wavelength folding as a function of mantle lithosphere strength. The compilations are based on: the Algerian margin: (Benhenni et al., 
2019; Hamai et al., 2015; Leprêtre et al., 2013); the Cantabrian margin: (Teixell et al., 2018; Viejo & Gallastegui, 2005), the Brazilian margin: (Chulick et al., 2013; Milani & Zalán, 
1998; Stanton et al., 2019). (d, h, l) Cartoons showing wavelength of deformation as function of mantle lithosphere strength. The red layer shows the decoupling of deformation 
at the passive margin. 
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The above quoted observations constrain a zone of deformation as function of mantle 
lithosphere strength. We propose three mode of inversion for passive margins under-
compression: (1) Compression of weak oceanic lithospheres at continental margins leads to 
localized deformation in oceanic domain and very short deflection at the OCT (ca. 50-100 km) 
(Fig. 8d). (2) Compression of a stronger oceanic lithospheres at continental margins leads to 
flexure at the OCT, uplift at the margin followed by folding of the continental lithosphere over a 
distance of λ= 100-300 km (Fig. 8h). This type of margin represents the best candidate for 
subduction initiation and a deformational sequence from folding to underthrusting is expected. 
(3) Compression of strong/old margin lithosphere leads to short wavelength folding at the 
margin (ca. λ1= 300 km) and long wavelength lithosphere buckling (λ2= 500-1000 km) in 
oceanic or continental domains, with very little chance of subduction (Fig. 8l). Comparison with 
analytical models shows that the wavelength of folding λ/ λ1 at the margin is typical of folding 
of a decoupled lithosphere (Fig. 7) whereas λ2 is more in line with a model of lithospheric 
folding for the whole continental lithosphere (Fig. 7). Although subject to uncertainties, our 
models confirm the concept that deformation during passive margin inversion occurs over a 
wide area, that is reduced in size during underthrusting stage.  

6. Conclusions 

Our physical analogue models focus on the mechanisms and deformational response 
during the process of passive margin inversion. Our study shows that both the décollement at 
the base of the ductile crust and the strength of the viscous mantle lithosphere are key 
elements for creating an instability at the passive margin. Experimental results show that 
intermediate strength of ductile mantle lithospheres (i. e. with a mean viscosity η of 5.8 x1021 
Pa s) favours deformation of the passive margin whereas a low strength mantle lithosphere (η 
of 1.7x1021 Pa s) leads to unstable intra-oceanic subduction and a strong mantle lithosphere (η 
of 1.4 x1022 Pa s or larger) to lithosphere folding.  

Passive margin inversion for favourable mechanical conditions includes three stages: i) 
widespread deformation of continental crust at the passive margin by folding ii) deformation 
that is confined to the passive margin where shortening is accommodated by a continent-ward 
propagating thrust system that evolves from and roots in a decollement at the base of the 
ductile passive margin crust facilitating underthrusting of the oceanic plate, and iii) subduction 
of the oceanic lithosphere. These evolutionary stages are characterized by a 35-50% reduction 
of deformation width documenting the switch from distributed deformation (stage I) to 
localized deformation (stages II and III).  

On the basis of our experimental results, we constrain early stage length scales of 
deformation at passive margin to predict the likeliness of subduction initiation. Our models 
predict that underthrusting would occur in case of folding at passive margin over a distance of 
λ= 100-300 km, whereas short (λ= 50-100 km) and long wavelength foldings (λ= 500-1000 km) 
are characteristic of intra-oceanic underthrusting and continental lithosphere folding, 
respectively. Our results are consistent with length-scales of deformation of natural inverted 
passive margins and allow for narrowing down favourable mechanical conditions for subduction 
initiation.  
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Highlights: 

 Analogue models are used to infer favourable mechanical conditions for subduction 
initiation at passive continental margins. 

 Strength of the ductile lithospheric mantle is key for creating instabilities. 

 Low-strength ductile continental crust is important for focusing deformation at passive 
margins during the inversion and underthrusting phases. 

 Prior to underthrusting, folding at passive margin is the primary response to 
compression. 
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