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[1] The long geological history of passive margin evolution is complex yet typi� ed by an
initial ramp-like tilting of the subaerial surface toward the continent-ocean boundary,
followed by episodic uplift and subsidence at a smaller wavelength. We argue that this
behavior is due to changes in margin structure brought about by buoyancy-driven
lithospheric� ow. Continental lithosphere is melt-depleted, buoyant, and thick. It will resist
convective breakdown into the asthenosphere below, but will be prone to lateral� ow due
to horizontal density contrasts. Changes in lithosphere thickness at the transition between
continent and ocean will nucleate convection cells. Using a numerical model of viscous
upper mantle� ow, we show that stability or instability of the continental lithosphere at a
passive margin is a function of the lithospheric rheology and composition. Increased
compositional buoyancy leads to oceanward lateral� ow of the continental lithosphere
whereas decreased buoyancy has the opposite effect, causing landward lateral� ow of the
continental lithosphere. In model simulations, a continental lithosphere thought typical of
Phanerozoic continental platforms experiences� rst a margin-wide ramp-like tilting,
followed by topographic� uctuations due to an evolving array of convection cells in the
mantle. The timing and magnitude of predicted changes in topography are similar to those
observed at the eastern North American margin, suggesting that the tilting and episodic
uplift and subsidence at continental passive margins are a natural consequence of the
evolution of continental lithosphere after breakup and during mature sea� oor spreading.

Citation: Armitage, J. J., C. Jaupart, L. Fourel, and P. A. Allen (2013), The instability of continental passive margins and
its effect on continental topography and heat ßow,J. Geophys. Res. Solid Earth, 118, 1817Ð1836, doi:10.1002/jgrb.50097.

1. Introduction

[2] It has long been recognized that the continents have a
history of changing uplift and subsidence, leading to strong
variations in the degree of continental inundation [Sloss,
1963]. Continental margins and adjacent plate interiors
preserve a record of large-scale movements of the surface
of the Earth in their stratigraphic records. In some examples,
such as North America and Northern Africa, an initial large-
scale tilting is followed by episodes of variable subsidence
and erosion at a smaller wavelength (Figure 1) [Allen and
Armitage, 2012]. Intracratonic basins and continental inte-
rior platforms in South America [Soares et al., 1978;Japsen
et al., 2012], Africa [Hartley and Allen, 1994;Crosby et al.,
2010; Kadima Kabongo et al., 2011; Buiter et al., 2012],
North America [Heller et al., 1982;Poag and Sevon, 1989;

Coakley and Gurnis, 1995;Burgess et al., 1997], and Austra-
lia [Lindsay et al., 1987;Shaw et al., 1991;Lindsay, 2002],
contain a long record of this ever changing topography.

[3] The initiation of subsidence within intracratonic basins
is not randomly distributed through time [Klein and Hsui,
1987; Allen and Armitage, 2012], rather there are periods
of basin formation that cluster around times of superconti-
nent breakup and dispersal. Over the last billion years,
through two cycles of supercontinent formation and dis-
persal, there have been two main periods of basin formation,
during the Cambrian to Ordovician and during the Permian
to Triassic [Allen and Armitage, 2012]. In particular, the
North American basins (Oklahoma, Illinois, Michigan)
formed during the Cambrian as a large-scale ramp-like tilt
toward the ocean, seen in the isopach pattern of the latest
Proterozoic-Early Ordovician“Sauk” sequence of eastern
North America (Figure 1a) [Sloss, 1963]. At a similar time,
the North African region was one extensive ramp, becoming
later divided into individual basins [Selley, 1972; Boote
et al., 1998]. The broad regional tilting of the continent
toward the oceanic domain may be a generic feature of
supercontinental breakup and passive margin evolution
[Allen and Armitage, 2012]. Cratonic basins later individual-
ized and became the oval- to kidney-shaped depocenters we
observe today. These large sedimentary basins and continen-
tal platforms have experienced a long history of episodic
subsidence. Some periods of increased subsidence have been

1Dynamique des Fluids Géologiques, Institut de Physique du Globe de
Paris, Paris, France.

2Department of Earth Science and Engineering, Imperial College
London, London, UK.

Corresponding author: J. J. Armitage, Dynamique des Fluids
Géologiques, Univ Paris Diderot, Sorbonne Paris Cité, Institut de Physique
du Globe de Paris, UMR 7154 CNRS, F-75013 Paris, France
(armitage@ipgp.fr)

©2013. American Geophysical Union. All Rights Reserved.
2169-9313/13/10.1002/jgrb.50097

1817

JOURNAL OF GEOPHYSICAL RESEARCH: SOLID EARTH, VOL. 118, 1817–1836, doi:10.1002/jgrb.50097, 2013



observed across continental land masses (the late Devonian
“event” ; Figure 1b), while others are more local to individ-
ual basins [Bond and Kominz, 1991;Sloss, 1991].

[4] The changing pattern of continental uplift and subsi-
dence has been attributed to different causes, including dy-
namic topography driven by underlying mantle circulation
[Pritchard et al., 2009], slab subduction [Mitrovica et al.,
1989; Coakley and Gurnis, 1995; Burgess et al., 1997;
Spasojevic et al., 2008;Moucha et al., 2008], and in-plane
stresses due to remote tectonic forcing [Bond and Kominz,
1991;Karner, 1985;Cloetingh and Kooi, 1992]. Yet these
mechanisms require each change in subsidence to be linked
to unique events in the past. The apparent relationship
between periods of basin formation and supercontinent
breakup and dispersal suggests that the cause may lie in
the new continental con� gurations that are generated. The
temporal recurrence of accelerated subsidence and uplift on
a wide range of continental margins through the Phanerozoic
(Figure 1b) [Heller et al., 1982;Bond and Kominz, 1991;
Japsen and Chalmers, 2000] points to a mechanism that is
intrinsic to continental margins, independently of larger-
scale convective and tectonic stresses. At a passive margin,
there exists a change from thick and buoyant continental
lithosphere to a thinner and less buoyant oceanic lithosphere,
a situation that is inherently unstable. How this transition
zone evolves will affect margin topography, dimensions,
and position.

[5] The potential for lateral gradients in lithosphere thick-
ness to nucleate mantle� ow has been studied in the past
[King and Anderson, 1998; Shapiro et al., 1999; Nielsen
and Hopper, 2004; Sleep, 2007; van Wijk et al., 2008,
2010;Hardebol et al., 2012]. These studies do not consider
the density change due to melt depletion when continental

lithosphere transitions to oceanic. If continental lithosphere
is intrinsically buoyant, then there is a lateral density differ-
ence at the continent-ocean transition. In an idealized sys-
tem, we would expect there to be a lateral gravitationally
driven � ow, where the continental lithosphere drives into
(over, under, or both) the oceanic lithosphere. In the model
of Huismans and Beaumont[2011], a thick buoyant root is
placed on one side of a rifting margin with a large lateral
density contrast (50 kg m� 3). The lower lithosphere spreads
horizontally and rapidly drains into the young rift margin
(in less than 15 Myr for the rheological properties used).
Similar calculations byNikolaeva et al. [2011] illustrate
the same process of deep lateral lithospheric� ow for a range
of conditions at the ocean continent transition. But
depending on the density contrast and shape of the transition
from oceanic to continental lithosphere, this lateral� ow will
potentially be countered by convection cells that develop at
the same time. The dynamic equilibrium that results would
lead to observable changes in surface topography, which
could be diagnostic of the structure of the lithosphere at
the passive margin. Using a 2-D numerical model of highly
viscous mantle� ow, we explore this phenomenon for
different mantle deformation mechanisms of diffusion and
dislocation creep. Model results are discussed in relation to
the topographic and heat� ow history of continental margins
and their sedimentary basins.

2. Methods

[6] Our modeling strategy is to understand the behavior of
an idealized 2-D highly viscous system that represents the
continental to oceanic lithosphere transition zone. We wish
to understand how the system behaves as we change three

Figure 1. Continental subsidence at the margins. (a) Map of the earliest sedimentary sequence of North
America, modi� ed from Sloss[1988]. The Sauk sequences (Latest Proterozoic to Early Ordovician)
highlighted in the map shows a region of broad tilting of the continent toward the eastern and western mar-
gins. (b) Subsidence plotted against time from the initiation of subsidence for two bore holes representa-
tive of the Paleozoic western and eastern North American margins [Bond and Kominz, 1991] and a third
from the West Siberian Basin [Saunders et al., 2005]. Periods of increased subsidence are marked in light
grey, with the North American wide late Devonian period of subsidence marked in dark grey. Note the
� rst period of faster subsidence may be due to the basin formation mechanism [Armitage and Allen, 2010].
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key control variables: (1) the intrinsic buoyancy contrast be-
tween oceanic and continental lithosphere, (2) the width of
the transition region between continental and oceanic
lithosphere, and (3) the viscous rheology of the litho-
sphere-asthenosphere system. The aim is to understand the
physics of how the transition in temperature and composi-
tion at the passive margin affects its geological and topo-
graphic evolution.

2.1. The Transition From Continental to Oceanic
Lithosphere

[7] The depth to the base of the lithosphere depends on
how the lithosphere is de� ned, in terms of thermal, compo-
sitional, mechanical, or seismic structure [Jordan, 1981;
McKenzie and Bickle, 1988;Goes and van der Lee, 2002].
However, it is clear that lithosphere thickness is greater un-
der the continents than under ocean basins, causing there
to be a gradient in thickness across the continental margin.
For example, the North American continent has a thermal
lithosphere thickness beneath the Archean craton of up to
� 250 km [Jaupart et al., 1998;Lévy and Jaupart, 2011].
From inversions of seismic tomography, the mantle
isentrope is not reached until the 200–250 km depth beneath
the stable eastern North America [Goes and van der Lee,
2002]. A change in the characteristics of seismic anisotropy
is mapped beneath North America at this approximate depth
[Yuan and Romanowicz, 2010]. This can be compared with
oceanic lithosphere that has a typical thickness of about
100 km [Priestly and McKenzie, 2006;Afonso et al., 2007;
Korenaga and Korenaga, 2008].

[8] All samples of lithospheric mantle exhumed at the sur-
face of the earth or transported by kimberlite eruptions show
evidence of melt depletion [e.g.,Jordan, 1975; Poudjom
Djomani et al., 2001; Schutt and Lesher, 2006; Grif� n
et al., 2009]. The ideal continental lithosphere would be
isopycnic, where the density change due to melt depletion
would completely offset the density change due to tempera-
ture [Jordan, 1975]. Such isopycnic conditions are
suggested to have secured longevity [Shapiro et al., 1999].
But a complete lack of density contrasts is very hard to
maintain in a thermally convecting system. Given the lateral
contrast in lithosphere thickness, conductive cooling will
lead to lateral density contrasts that will inevitably violate
the isopycnic condition. Recent petrological models suggest
that continental lithosphere has a density that is somewhat
greater than that of the isopycnic ideal [Schutt and Lesher,
2006]. Furthermore, inversions for density from seismic
tomography indicate that continental lithosphere is on
average less depleted than petrological estimates from
small sample suites [Cammarano et al., 2011]. Therefore
whilst there can be no doubt that continental lithosphere is
intrinsically buoyant, there is less certainty on the degree
of buoyancy.

[9] The relationships between the different de� nitions of
lithosphere thickness have� lled many pages in the literature
[Jaupart et al., 2007] and are beyond the scope of this paper.
Unless stated otherwise, the term lithosphere will refer to the
melt-depleted boundary layer at the top of the Earth’s mantle
throughout this paper. Such lithosphere is thinner than
the thermal and seismic boundary layers, which are both de-
� ned as extending to the mantle isentrope and hence include

a thin convective boundary layer beneath the chemically
depleted layer.

2.2. Momentum Balance in the Presence of Intrinsic
Buoyancy

[10] We make the assumption that the upper mantle can be
modeled as a viscous� uid solving Stokes equations under
the Boussinesq approximation. The numerical methods are
as outlined inNielsen and Hopper[2004] andArmitage
et al. [2008]. Flow in the upper mantle is driven by change
in density, which is solved for through the momentum balance:

�
@t ij

@xj
þ

@p
@xi

¼ � � r gl i (1)

where upward� ow is in the negativezdirection (the symbols
are given in Table 1). We write the change in density as a func-
tion of temperature and depletion as follows:

� r ¼ � r T þ � r F ¼ r 0 a� T þ bFð Þ (2)

wherea is the coef� cient of thermal expansion,� T= T� Tm

Table 1. Model Parameters and Assumed Values

Parameter Value Units Description

B Buoyancy number
d 700 km Depth to base of model domain
F Melt depletion
p Pa Pressure
T � C Temperature
X Hypothetical trace element
� Pa s Viscosity
_I

0

2 Dimensionless second invariant of
strain rate

t Pa Stress
g 9.81 m s� 2 Acceleration due to gravity
Xref 1.3 Reference depletion
Tm 1315 � C Mantle potential temperature
r 0 3340 kg m� 3 Mantle reference density
� r kg m� 3 Change in density due to

temperature and melt depletion
� r T kg m� 3 Change in density due to

temperature
� r F kg m� 3 Change in density due to melt

depletion
� r ref kg m� 3 Change in density at reference

depletion
a 3.3� 10� 5 K� 1 Coef� cient of thermal expansion
b Coef� cient of depletion related

density reduction
l i Unit vector in the vertical
k 10� 6 m2 s� 1 Thermal diffusivity
� 0 1020 Pa s Scaling viscosity

Temperature-dependent rheology
E 120 kJ mol� 1 Activation energy
Aref 1.129� 10� 4 Normalizing factor

Temperature and pressure-dependent rheology
E 387 kJ mol� 1 Activation energy
V 25 cm3 mol� 1 Activation volume
Aref 7.784� 10� 19 Normalizing factor

Temperature, pressure, and stress-dependent rheology
E 523 kJ mol� 1 Activation energy
V 4 cm3 mol� 1 Activation volume
n 3.6 Stress exponent
Aref 8.640� 10� 12 Normalizing factor
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is the temperature difference,Tm is the mantle potential tem-
perature,b is a coef� cient which sets the magnitude of den-
sity changes due to melt depletion, andF is the total amount
of melt removed. For comparison with geochemical and
petrological data on residual peridotite samples, we use a pa-
rameter,X, which represents a completely compatible tracer.
Assuming that the melt and solid remain in equilibrium with
each other, mass balance dictates that

F ¼
X � 1

X

� �
(3)

The value ofX increases from 1 as melting progresses,
which allows a simple parameterization.b can be calculated
from a reference state of melt depletion:

b ¼
� r ref

r 0Fref
¼

� r ref

r 0

Xref

Xref � 1
(4)

We shall also consider isopycnic conditions such that� r = 0
at all depths for the initial temperature distribution, which
sets the initial vertical pro� le of � r F in the thick continental
lithosphere. In all calculations, we assume that no further
melting occurs as the ocean-continent transition region
evolves. It is convenient to introduce a buoyancy number:

B ¼ �
� r F

� r T
(5)

such thatB= 1 for an isopycnic structure.
[11] Schutt and Lesher[2006] have emphasized that the

effect of melt depletion on density depends on pressure due
to changes in the mineral assemblages that are in thermody-
namic equilibrium with melt. ForF = 20% (X= 1.25), they� nd
density reductions of 0.42–1.14% for 1–7 GPa. From the melt-
ing of model fertile lherzolite compositions and estimates from
natural rocks, complete clinopyroxene removal occurs at a
total melt fraction of roughly 23%, corresponding to a
Mg# � 92 for the solid residue [Lee, 2003;Schutt and Lesher,
2006]. We take this as our reference state of melt depletion.
For � r ref= 34 kg m� 3, close to the estimate ofPoudjom
Djomani et al. [2001] for Proterozoic lithosphere,b = 0.044.
According toLee[2003], the density reduction for Mg# = 92
is � r ref= 43.2 kg m� 3, or 1.29% forr o= 3340 kg m� 3. This
reduction in density is slightly larger than that estimated for
Proterozoic lithosphere byPoudjom Djomani et al. [2001]
and similar to the calculations of continental lithosphere den-
sity by Schutt and Lesher[2006]. For this set of parameters,
b = 0.056. There is some uncertainty in the density change
due to melt removal and we shall consider these two different
values ofb in order to illustrate the impact of the intrinsic
buoyancy contrast between continents and oceans.

[12] The intrinsic buoyancy contrast between continen-
tal and oceanic lithosphere and the width of the transi-
tion zone are de� ned in the initial conditions of the
model. These are of a linear geotherm to the base of
the lithosphere that then transitions to a constant temper-
ature of 1315� C and of a linear decrease in melt deple-
tion to pristine mantle (Figure 2). Oceanic lithosphere
is initially thermally and compositionally 100 km thick
and continental lithosphere is 200 km thick. The margin
marks a linear transition in thickness over horizontal dis-
tances of 100 km (sections 3.1) or 400 km (section 3.5
and Figure 2).

[13] For a given value ofb, we introduce two intrinsic
density structures, a“normal” and an“extra-depleted.” The
normal melt depletion case has an initial compositionX that
increases linearly from bottom to top fromX= 1 to X= 2
(Figures 2 and 3). Under this assumption, our normal conti-
nental lithosphere has a maximum melt removed at the surface
of 50%. For a base model, we takeb = 0.044, which gives a
density that is greater than the isopycnic structure (Figure 3b
black line). The extra-depleted continental lithosphere has a
melt depletion that is increased by� X= 0.2 from its base
giving a melt removal of 16% at the base to 54% at the top
(Figure 3 red line; see sections 3.1). This extra-depleted
continental lithosphere has signi� cant lower lithosphere
buoyancy but becomes denser than isopycnic at shallow
depths. We also consider two other intrinsic density structures:
one withb = 0.056 (Figure 3c thin lines), and a second where
b = 0.087 and the initial melt depletion is calculated such that
B= 1, an isopycnic initial condition. For the geotherm used
here,� r F = 90 kg m� 3 at the surface for this isopycnic initial
condition. This density change is larger than that the average
value for Archean lithosphere (� 60 kg m� 3) [Poudjom
Djomani et al., 2001].

2.3. Time Scales of Flow and Lithosphere Rheology
[14] In the absence of thermal convection, a buoyant conti-

nental lithosphere would thin and spread at the passive margin.
Likewise the dense asthenosphere would� ow laterally into
and beneath the less dense continental lithosphere. At the same
time, the lithospheric mantle can become convectively unsta-
ble which may affect the� ow and surface topography. We
now show that the two processes occur over comparable time
scales, so that one cannot study one independently of the other.

[15] Assuming that the� ow is isoviscous, the movement
of the interface between continental and oceanic domains
could be modeled simply a gravity current. For a� xed vol-
ume, the front of the gravity current varies with time to the
power of a� fth (t1/5). Huppert[1982] derives the following
solution for the movement of that front:

L ¼ CN
� r gA3

3� l

� � 1=5

t1=5 (6)
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Figure 2. Initial condition for an“extra-depleted” continen-
tal lithosphere with a margin width of 100 km. (a) Hypotheti-
cal trace elementX that is completely compatible. (b) Initial
temperature within the model domain.
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whereCN = 1.411. . . [Pattle, 1959] andg= 9.81 m s� 2 is the
acceleration due to gravity. Assuming a bulk viscosity of
� l = 1020 Pa s and the 2-D area of continental lithosphere that
spreads is� xed atA= 1400� 100 km, for bulk density con-
trasts,� r , of 10–40 kg m3, topographic changes due to the
� ow of the lithosphere and asthenosphere should migrate
laterally by between 600 and 1000 km in 100–200 Myr
(Figure 4). For a lithosphere that has a bulk viscosity of
� l = 1022 Pa s, lateral displacement of lower lithospheric
material proceeds over distances between 200 and
400 km within the same time period (Figure 4).

[16] This lateral movement will most likely be altered by
convection. Depending on the buoyancy of the continental
lithosphere, it will either remain intact or destabilize by
Rayleigh-Taylor-like instabilities into the asthenosphere
below [Conrad and Molnar, 1997; Jaupart et al., 2007].
The pattern of instability is dependent on the buoyancy,
parameterized by the buoyancy number,B, the thickness of
the continental lithosphere, and the rheology. As the buoy-
ancy number is increased beyondB> 0.5, the continental
lithosphere will likely stabilize to a state where the base
oscillates but does not become entrained with the convecting
asthenosphere below [Jaupart et al., 2007]. By making a
linear approximation for the momentum and energy equation
of the� ow of an incompressible� uid, a critical dimensionless
frequency,o 0

c, and wave number for a thermally convecting
two-� uid layered system of different densities can be calcu-
lated, from which the time scale of the development of insta-
bilities can be estimated [Jaupart et al., 2007]:

T ¼
2p
o 0

c

� l

ra � Tgh
(7)

where forB> 0.3,o 0
c � 50� 150� 10� 4.a= 3.3� 10� 5K� 1

is the coef� cient of thermal expansion,h= 100–200 km is
lithosphere thickness, and� T= 1315� C is the temperature dif-
ference across the lithosphere. Using these values and assum-
ing a bulk viscosity of� l = 1020–1022 Pa s, the time scale for

instabilities to develop is between roughly 10 Myr and 3 Gyr.
The critical wave number has a value between 1.5 and 2, giv-
ing a wavelength of three to four times the thickness of the
lithosphere. For continental lithosphere of 200 km thickness,
this gives a wavelength of 600 and 800 km [Jaupart et al.,
2007].

[17] The time scales and length scales of the lateral and
vertical motion of the continental lithosphere are therefore
(1) of a similar order of magnitude, so in a thermally
convecting system, it would be reasonable to assume that
they would interact, and (2) dependent on the rheology of
the convecting� uids. The response of the lithosphere to
deglaciation suggests an upper mantle (asthenosphere and

Figure 4. Position of the front of a gravity� ow scaled to
that of the model continental lithosphere, see equation (6).

(a) (b) (c)

Figure 3. Initial conditions for the various model con� gurations. (a) Temperature and (b) hypothetical
trace element,X, for the oceanic domain (dashed line) and continental domains (solid lines). In Figure 3b,
the black solid line is for the normal continental lithosphere and the red solid line is for the extra-depleted
continental lithosphere. (c) Density as a function of depth forb = 0.044 (see equation (4)) compatible with
the estimates ofPoudjom Djomani et al. [2001] andGrif� n et al. [2009], thick lines, andb = 0.056 com-
patible with the estimate ofLee[2003], thin lines. For the larger value ofb, the lower continental litho-
sphere becomes lighter than the asthenosphere for both the normal and extra-depleted conditions.
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lithosphere) with a viscosity of the order of 1020–1021 Pa s
[Mitrovica and Forte, 1997]. This would potentially give a
geologically rapid destabilization of the passive margin.
However, the continental lithospheric mantle is likely to be
more viscous than the asthenosphere [Hirth et al., 2000],
implying a slower process.

[18] Laboratory experiments on olivine, which make up
the bulk of the Earth’s mantle, suggest that the mantle
deforms by diffusion and dislocation creep [e.g.,Weertman
and Weertman, 1975; Goetze and Evans, 1979; Chopra
and Paterson, 1984; Hirth and Kohlstedt, 1996; Mei and
Kohlstedt, 2000]. The rheology differs if the solid mantle
matrix is water-saturated,“wet,” or water-poor,“dry” [Hirth
and Kohlstedt, 1996;Mei and Kohlstedt, 2000]. The small-
scale convection required to provide the observed heat� ow
beneath the Canadian shield furthermore suggest that the
mantle more likely deforms by a“wet” dislocation creep
mechanism [Lévy and Jaupart, 2011]. A recent reappraisal
of experimental studies on the deformation of mantle rocks
provides bounds for the activation energy,E, volume,V, and
stress exponent,n, in the constitutive relationship between
stress and strain-rate [Korenaga and Karato, 2008]. Before
modeling the rheologies based on laboratory data, we� rst
consider for simplicity a simple temperature-dependent
diffusion creep that is a reasonable approximation for the
deformation of the Earth based on geological observations
(section 3.1) [Watts and Zhong, 2000]. In order to compare

results obtained for different rheological laws, we impose a
� xed viscosity value� = 1020 Pa s at 200 km depth.

[19] For temperature-dependent Newtonian material, vis-
cosity is written as

� ¼ � 0Arefexp
E

RT

� �
(8)

where� 0= 1020 Pa s andAref= 1.129� 10� 4 (Tref= 1588 K).
FollowingWatts and Zhong[2000], we set the activation en-
ergy toE= 120 kJ mol� 1, a small value which was determined
empirically to achieve agreement between calculations of
plate� exure near seamounts and observations. As shown by
Christensen[1984], Jaupart and Mareschal[2011], and be-
low, using such small activation energy may be regarded as
a convenient expedient to approximate nonlinear dislocation
creep by a Newtonian analog.

[20] It is most likely that the rheology of the Earth’s inte-
rior is pressure dependent. Accordingly, we also consider a
diffusion creep that is pressure and temperature dependent,
taking the mean experimentally derived values for wet diffu-
sion creep (section 3.2) [Korenaga and Karato, 2008],

� ¼ � 0Arefexp
E þ pV

RT

� �
(9)

whereE= 387 kJ mol� 1, V= 25 cm3mol� 1 [Korenaga and
Karato, 2008], andAref= 7.784� 10� 19 (Tref= 1588 K and
pref= 6.55 GPa).
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Figure 5. Upper mantle after� 100 Myr of model evolution for a temperature-dependent rheology where
b = 0.044: (a) viscosity, (b) mantle depletion,F, and (c) temperature with vectors of� ow, for a continental
lithosphere that has a“normal” initial melt depletion that is linear from the base at 200 km to the surface
from F = 0 to 0.5. (d) Viscosity, (e) mantle depletion,F, and (f) temperature with vectors of� ow, for a
continental lithosphere that has a“extra-depleted” initial melt depletion that is linear from the base at
200 km to the surface fromF = 0.16 to 0.54. Inset top right is a vector of length 100 mm yr� 1 for scale.
Model resolution is 512� 512 elements.
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[21] Finally, the most likely mechanism of deformation
within continental lithosphere is“wet” dislocation creep
[Lévy and Jaupart, 2011]. Again taking the mean values
from Korenaga and Karato[2008], we model the continen-
tal to oceanic lithosphere transition (section 3.3) assuming

� ¼ � 0A1=n
ref exp

E þ pV
nRT

� �
_I

01� n
n

2 (10)

where E= 523 kJ mol� 1, V= 4 cm3mol� 1, n= 3.6
[Korenaga and Karato, 2008], and_I

0

2 is the dimensionless
second invariant of the deviatoric strain rate tensor.
Aref= 8.64� 10� 12 for the reference state ofTref= 1588 K,
pref= 6.55 GPa, and _E

0

ref ¼ d2=kð Þ_Eref ¼ 490 ( _Eref ¼
1 � 10� 15 s� 1 ). Note that the Arrhenius term in equation
(10) involves an effective activation energy equal toE/n.
This explains why the activation energy must be set at lower
values in approximate Newtonian calculations of� ow in
nonlinear materials.

2.4. Numerical Procedure
[22] The equations of� ow are solved over a 2800 km wide

and 700 km deep 2-D domain with an aspect ratio of 4 to 1
using the convection codeCitCom, with a viscosity cutoff of

105 [Moresi et al., 1996;Nielsen and Hopper, 2004]. The
model is based onCitComversion II by Louis Moresi, which
was subsequently used to developEllipsus3D. Boundary con-
ditions are of free slip and of no normal� ow. The velocity and
pressure� elds are solved using a multi-grid approach, with the
temperature and melt depletion� elds solved using a stream-
line upwing Petrov-Galerkin (SUPG) scheme [seeMoresi
and Solomatov, 1995]. Nonlinear viscosity is solved by
repeated substitution at each multi-grid level of the Uzawa
iteration [Moresi and Solomatov, 1998]. The SUPG leads to
known overshoot, and to assess the impact of this on our
results, we used Cartesian grids with different mesh sizes to
verify that results were not sensitive to the numerical resolu-
tion. Grids with 256� 256, 512� 512, and 1024� 1024 ele-
ments were explored, see Appendix A. We� nd that the
surface topography supported by the normal stresses and the
mantle heat� ow is relatively unaffected by the resolution.
We have used resolutions of 512� 512 for the eight main
models (sections 3.1 to 3.4). For the subsequent study of the
isopycnic lithosphere and wide passive margin (sections 3.5
and 3.6), we used a resolution of 256� 256 elements.

[23] The thermal Rayleigh number is set to 4.877� 106 so
that the scaling viscosity is 1020 Pa s:
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Figure 6. Margin structure for“normal” (left) and“extra-depleted” (right) continental lithosphere with
a temperature dependent rheology at� 50 Myr, whereb = 0.044. (a) Density at 56.0 Myr for continental
lithosphere that is as depleted as the oceanic lithosphere at the surface,“normal” continental lithosphere.
(b) Topographic change relative to the initial surface supported by the normal stresses. (c) Pro� le of
horizontal velocity atx= 0 km in Figure 6a. (d) Density at 51.7 Myr for continental lithosphere that is
depleted by an extra 20%,“extra-depleted” continental lithosphere. (e) Topographic change relative to
the initial surface supported by the normal stresses. (f) Pro� le of horizontal velocity atx= 0 km in
Figure 6c. Model resolution is 512� 512 elements.
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Ra¼
agr m� Td3

k� 0
¼ 4:877� 106 (11)

where a is the coef� cient of thermal expansion,g is the
acceleration due to gravity,d is the depth to the base of
the model,k is the thermal diffusivity, and� T= 1315� C is
the superadiabatic temperature drop from the surface to
depth d= 700 km. For the physical properties of Table 1
andRa= 4.877� 106, � 0 = 1020 Pa s.

[24] Topography changes induced by lithospheric and
convective� ows are expected to be small, typically a few
hundred meters, which makes it possible to work with a
� xed free surface. Uplift or subsidence is calculated from
the normal stress balance atz= 0 (Earth’s surface):

Y
zz

¼ r ogh (12)

where� zz is the normal stress andh is elevation. To under-
stand how topography may change as the model evolves, we
then calculate the change in topography relative to the
topography generated after the� rst time step.

3. Results and Discussion

[25] The rather simple system of a continental margin
connecting thick depleted continental lithosphere to thinner
oceanic lithosphere sets up three different types of� ows.
One is the gravity-driven horizontal� ow of intrinsically
buoyant continental material. Another is the convective
circulation that is set up at the sloping edge of the thick con-
tinental root, which we shall call an edge� ow. This� ow is

due to the lateral thermal contrast between well-mixed
oceanic asthenosphere and strong continental lithosphere.
A third type of� ow is due to the convective breakdown of
the unstable thermal boundary layers. These three� ows in-
teract in complex ways because they develop with different
orientations to gravity and with different magnitudes
depending on the host of parameters involved.

3.1. Temperature Dependent Diffusion Creep
[26] In this section, we consider the evolution of the con-

tinent to ocean transition for the temperature-dependent
diffusion creep (equation (8)). The wavelength of convective
instabilities is between 400 and 600 km for both the oceanic
and thicker continental lithosphere, which is within the
expected range from scaling arguments that convection cells
will have a wavelength that is between three and four times
the thickness of the lithosphere (Figure 5) [Jaupart et al.,
2007]. Vigorous small-scale convection is not observed,
which is due to the low activation energy. The largest
dynamic feature in both the normal and extra-depleted
continental lithosphere models is the edge� ow set up by the
change in lithosphere thickness with a maximum velocity of
50 mm yr� 1 (Figure 6). After 50 Myr of model evolution,
the margin has migrated by� 60 km or at a rate of
� 1 mm yr� 1 toward the continent (Figures 6a and 6c). This
is re� ected in the landward migration of the topographic
low shown in Figure 6b by� 150 km in 100 Myr
(Figures 7a–7c), as the convection cell migrates into the
continental lithosphere (Figure 6a). The magnitude of hori-
zontal lithospheric spreading is similar to that predicted
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Figure 7. Movement of surface topography for a temperature dependent rheology. (a) The lateral posi-
tion of the locus of minimum elevation relative to anx coordinate of 0 km, positive distance is landward,
for the“normal” depleted continental lithosphere. (b) The elevation of the topographic low. (c) The eleva-
tion at a horizontal distance of 0 km within the model (Figures 6a and 6c). (d and e) As before but for the
case of an“extra-depleted” continental lithosphere.
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from equation (6) for an isoviscous gravity current where
the continental lithosphere has a viscosity of 1022 Pa s
(Figure 4). These calculations illustrate how shallow lateral
mantle density differences can drive topographic change
and coastline migration at the passive margin.

[27] Migration of the coast, or the point of stratigraphic
onlap in sedimentary sequences, is commonly observed
during passive margin evolution, as observed for example
at the eastern U.S., eastern Brazil, West Africa, and Western
Australia. The New Jersey coastline, U.S., has moved
300 km landward in roughly 100 Myr. Coastline migration
has been explained as due to a combination of� exure due
to sediment loading and cooling of the lithosphere post
breakup [e.g.,Watts and Steckler, 1979;Bond and Kominz,
1984]. Onlap of sedimentary sequences at the passive margin
may be generated by an increasing� exural rigidity [Watts,
1989]. Another possibility involves surface processes, such
that a reduction in erosion rates as rift� anks are eroded back
allows post breakup subsidence due to cooling to become
the dominant mechanism [van Balen et al., 1995]. What these
models neglect is mantle� ow. From ocean bathymetry, it is
clear that mantle convection affects subsidence after 80 Myr
of lithosphere evolution, and it is reasonable to assume that
it will also in� uence subsidence at old passive margins. What
we show is that subsidence at the coastline may be directly
controlled by mantle� ow.

[28] With enhanced depletion in the continental litho-
sphere (the“extra-depleted” case), a stronger lateral pressure
gradient is set up at the ocean-continent transition. The
buoyant continental lithosphere spreads into the oceanic

lithosphere, and the continental to oceanic transition moves
toward the ocean at a rate of� 1 mm yr� 1 (Figures 6d and 6f).
This is re� ected in the oceanward migration of the locus of
minimum elevation and the subsequent high (100–150 m)
elevation of the margin (Figures 7d–7f).

[29] We � nd that the effect of mantle� ow on topography
is very different for these two cases. (1) For normal conti-
nental lithosphere, the edge convective� ow is dominant,
generating a 200 km depression inboard of the margin
that migrates landward (Figures 6b and 7a). (2) With extra-
depletion, the gravity spreading is dominant, resulting in
an oceanward migration of topographic highs and deeper
continental lithosphere, but it is hampered by the edge� ow
(Figures 6d, 6e, 7d, and 7f).

3.2. Temperature and Pressure Dependent Diffusion
Creep

[30] In this section, we consider the evolution of the conti-
nent to ocean transition for the temperature and pressure
dependent diffusion creep (equation (9)). Adding pressure
dependence to the rheology has the effect of damping deeper
convection as the viscosity at depth is higher (Figure 8). It
has been previously suggested that this can help to explain
the longevity of continental interiors [O’Neill et al., 2008].
After 50 Myr of margin evolution, the wavelength of instability
is approximately 200 km beneath the old oceanic lithosphere
(Figures 8 and 9). Small-scale convection leads to elevated
topography within the ocean basin with ridges and troughs
formed by the compression and extension of the upper litho-
sphere due to the convection cells (Figures 9b and 9e).
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Figure 8. Upper mantle after� 100 Myr of model evolution for a temperature-pressure-dependent rheol-
ogy whereb = 0.044: (a) viscosity, (b) mantle depletion,F, and (c) temperature with vectors of� ow, for a
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[31] With respect to the previous set of calculations, the
bulk behavior of the margin is the same but there are signi� -
cant differences in the� ow of continental lithosphere. For
continental lithosphere with normal melt depletion, the con-
vection cell closest to the margin places the continent once
more in compression (Figures 9a–9c). For an extra-depleted
continent, the buoyancy once more causes the continental lith-
osphere to� ow toward the oceanic domain causing margin
migration (Figures 9d–9f). The two sets of calculations, which
involve exactly the same physical properties and Rayleigh
number save for lithosphere buoyancy, predict different char-
acteristics for the small-scale convection cells that develop in
the oceanic domain. The pair of convection cells closest to
the margin has a wavelength that is roughly 100 km wider
for the case of the continental lithosphere with normal melt de-
pletion, which has a knock-on effect on the more distal cells,
as can be seen in Figures 8c, 8f, 9a, and 9c. These differences
are due to the contrasting lateral lithospheric� ows that de-
velop. In these two cases, these� ows differ not only in their
absolute velocities but also in their direction.

[32] With temperature-pressure-dependent diffusion creep,
the continent is stable for 200 Myr. The pressure dependence
increases the strength of the deeper regions of the lithosphere
such that convection is limited to the upper 300 km

(Figures 8,9a, and 9b). The effect is to produce regions of up-
lift and subsidence with a wavelength of 200–300 km in the
oceanic domain. A similar mantle� ow pattern has been found
byShahnas and Pysklywec[2004] andRamsay and Pysklywec
[2011], who linked this to the high topography of Bermuda
Rise in the western Atlantic Ocean. In our calculations, how-
ever, the margin migrates, which affects the dimensions and
velocity of convection cells. For the more buoyant continental
lithosphere, the oceanward migration reduces the velocity of
the upward return� ow and narrows horizontal aspect of the
convection cell (compare Figures 9a and 9b with 9d and 9e).
In the earlier studies ofShahnas and Pysklywec[2004] and
Ramsay and Pysklywec[2011], the rheology is temperature
dependent only, with a high viscosity imposed within the con-
tinental lithosphere, such that it is essentially� xed and non-
deformable. With the pressure dependence on the rheology,
one also generates strengthening of the deeper continental lith-
osphere which prevents destabilization of the lithosphere.

3.3. Temperature and Pressure-Dependent Dislocation
Creep

[33] In this section, we consider the evolution of the conti-
nent to ocean transition for the temperature and pressure
dependent dislocation creep (equation (10)). Due to the shear-
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Figure 9. Margin structure for“normal” (left) and“extra-depleted” (right) continental lithosphere with a
temperature-pressure-dependent rheology at� 50 Myr, whereb = 0.044. (a) Density at 50.9 Myr for con-
tinental lithosphere that is as depleted as the oceanic lithosphere at the surface,“normal” continental lith-
osphere. (b) Topographic change relative to the initial surface supported by the normal stresses. (c) Pro� le
of horizontal velocity atx= 0 km in Figure 9a. (d) Density for continental lithosphere at 55.6 Myr that is
depleted by an extra 20%,“extra-depleted” continental lithosphere. (e) Topographic change relative to the
initial surface supported by the normal stresses. (f) Pro� le of horizontal velocity atx= 0 km in Figure 9c.
Model resolution is 512� 512 elements.
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thinning behavior, once a convection cell is initiated, the
viscosity reduces and� ow can intensify (Figures 10 and 11).
This overcomes the strengthening of the deep lithosphere
due to pressure dependence and a� ow pattern similar to the
temperature-dependent rheology is recovered (see Figures 5
and 10). For continental lithosphere that has not been exten-
sively melt-depleted,“normal,” the result is relatively steady
landward migration of topographic lows and density anoma-
lies at a speed of close to 1 mm yr� 1 (Figures 12a, and 12b,
and 11a). The subsequent interaction between the lateral
movement of the transition region and convective instabilities
causes an episodic rise and fall of topography at a� xed posi-
tion at the surface (Figure 11c).

[34] For normal-depleted continental lithosphere, there is
enough lithospheric� ow to put the continental lithosphere
into compression, where after 50 Myr of model evolution,
the continent-oceanic lithosphere transition has migrated
by � 60 km landward (Figure 12a). Movement of the litho-
sphere transition zone, from continental to oceanic, for the
extra-depleted case is oceanward at a rate of 1 mm yr� 1

(Figures 11d and 11f), but the effect on margin topography is
not as strong as for the normal case (compare Figures 12a–
12c with 12d–12f). The minimum in topography remains rela-
tively � xed at� 50 m at a distance of between 50 and 150 km
oceanward of the initial transition zone, 0 km (Figures 11d,
12d–12f).

[35] The degree of lithosphere erosion or movement of the
continent to oceanic lithosphere transition zone has been
discussed previously. An early model found that an initially
sharp continent-ocean transition gets smeared out and

becomes rounded [Shapiro et al., 1999], in contrast to our
present results. The key difference is that we allow for hori-
zontal movement at the upper surface boundary with a free-
slip condition, while in the numerical models ofShapiro
et al. [1999] the upper surface is� xed. In more recent
numerical models,Hardebol et al. [2012] have argued in
favor of very ef� cient continental lithosphere erosion, of
up to 1000 km in 100 Myr. There is little evidence for� ow
of this magnitude at a continental margin, and we certainly
do not reproduce it here. We attribute the difference to the
fact thatHardebol et al. [2012] do not allow for an intrinsi-
cally buoyant continental lithosphere. When density change
due to melt depletion is included along with the effects of
pressure on lithosphere rheology, which strengthens the
deeper mantle, the convective vigor is reduced along with
the amount of continental lithosphere erosion. It is possible
that the passive margin can be used as a rheometer and, to
a degree, a density meter for the lithosphere. How it deforms
is a function of these two parameters, where coastline migra-
tion and changes in elevation can provide useful bounds on
the lithosphere structure.

3.4. The Effect of Increased Buoyancy
[36] Models of the melting of mantle rocks suggest that the

density difference of the residual solid matrix after 23% melt
removal compared to the mantle might be greater than that
estimated for the Proterozoic lithosphere: 43.2 kg m� 3 com-
pared to 32 kg m� 3 [Poudjom Djomani et al., 2001;Lee,
2003; Grif� n et al., 2009]. The effect of changingb from
0.044 to 0.056 to account for this possible larger density
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contrast is to make the whole lithosphere much more buoyant
and stable. In the case of a temperature and pressure-depen-
dent dislocation creep (equation (10)), the convective instabil-
ity at the base of the lithosphere is much reduced (Figures 13a
and 13d). The edge-driven� ow generates a wisp of material
that destabilizes into the asthenosphere for both cases of melt
depletion. For the case where the continental lithosphere is
not signi� cantly depleted, this greater stability is displayed in
the lack of signi� cant change in topography (Figure 13b). Fur-
thermore, due to the increased buoyancy of both the oceanic
and continental domains, the lateral drift of the transition zone
is, after 50 Myr, small. The horizontal velocities within the
lithosphere are less than 0.5 mm yr� 1 (Figure 13c). Increasing
b has made the oceanic and lower regions of the continental
lithosphere lighter than the mantle (Figure 3c); therefore until
the convective thermal boundary layer has developed beneath
the oceanic lithosphere, the asthenosphere beneath the oceanic
lithosphere is denser than the cooler continental lithosphere,
driving oceanward lateral spreading. As the thermal boundary
layer grows, the continental lithosphere becomes denser than
the adjacent oceanic asthenosphere, leading to a shift in the
direction of lateral spreading. In the case where the continental
lithosphere is extra-depleted, it is always less dense than the
oceanic lithosphere and asthenosphere. The transition zone

maintains a high topography because the margin is in com-
pression as buoyant continental lithosphere spreads oceanward
at a velocity of� 1 mm yr� 1 (Figures 13e and 13f).

[37] This case (normal melt depletion withb = 0.056) is the
most stable scenario, with minimal horizontal movement of the
continent to ocean transition zone and a high degree of stability
against convective breakdown. This is due to the lower conti-
nental and oceanic lithospheres being both lighter than the
underlying asthenosphere. This model, however, is dif� cult
to reconcile with the lack of free air gravity and geoid anoma-
lies within the continents, and with the chemistry of cratonic
mantle xenoliths. These xenoliths typically have Mg# that is
too large, such that they are denser than isopycnic (although
there is a lot of spread within the data; e.g.,Lee et al. [2011]).

3.5. Isopycnic Lithosphere
[38] For the isopycnic initial condition, where both the

oceanic and continental lithosphere has changes in density
due to melt depletion that are exactly balanced by thermally
induced ones, we only discuss results for temperature and
pressure-dependent dislocation creep (equation (10)). We
� nd that there is greater vertical stability against convective
breakdown than in the previous models (compare Figures 10
and 14), as expected. Horizontal stability, however, is not
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Figure 11. Margin structure for“normal” (left) and“extra-depleted” (right) continental lithosphere with a
temperature-pressure-stress-dependent rheology at� 50 Myr, whereb = 0.044. (a) Density at 50.0 Myr for
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maintained. The oceanic lithosphere cools more rapidly than
the continental lithosphere due to the greater change in
temperature with depth (Figure 15). This destroys the initial
isopycnic structure and a lateral density contrast develops at
the margin, with continental lithosphere that is more buoyant
than the adjacent oceanic lithosphere. The continental to
oceanic transition migrates into the ocean by a distance of
the order of 100 km in 100 Myr (1 mm yr� 1). This is
re� ected in the topography, which migrates oceanward by
roughly 100 km.

3.6. Margin Width
[39] Up until now we have considered models where the

margin initially thickens from ocean to continent over a
width of 100 km. Such a width is typical of many rift mar-
gins, including the volcanic southeast Greenland margin
[Holbrook et al., 2001;Hopper et al., 2003] and its conju-
gate, the Hatton Bank [Fowler et al., 1989]. Just to the south
of Hatton Bank, however, the margin is much wider and
reaches 400 km [Vogt et al., 1998]. Likewise, offshore
Uruguay, the margin is spread over more than 300 km
[Chang et al., 1992]. To explore the effect of a wider conti-
nent to ocean transition, we have modeled a 400 km wide
transition region for both depletion cases withb = 0.044
(Figure 16).

[40] In the case of a temperature and pressure-dependent
dislocation creep (equation (10)), increasing the margin
width has the effect of reducing the strength of the edge� ow
(Figures 16a and 16c). This results in, (1) for the normal

depletion case, a more stable margin that does not migrate
landward to a high degree and, (2) for the extra-depleted case,
the edge� ow that could resist the lateral� ow of buoyant
continental lithosphere is diminished, and the continent-ocean
transition rapidly migrates oceanward, reaching a distance of
close to 200 km from its initial position after 50 Myr. This is
re� ected in the broad region of 50 m high topography that
stretches out oceanward (Figure 16b).

3.7. Discussion of Modeling Assumptions
[41] Our calculations were made for a speci� c set of physi-

cal properties and mantle rheological parameters chosen
within ranges allowed by current experimental constraints.
We have explored the impact of lithospheric buoyancy and
have illustrated a wide range of possible behaviors. All� ows
are driven by buoyancy, which acts in predictable ways and di-
rections. The effect of changing the values for the coef� cient
of thermal expansion or for the initial temperature distribu-
tions can be understood easily using the buoyancy number
B. As shown by equation (6), changing the reference viscosity
value� 0 has a weak effect on the spreading velocity and hence
on the characteristic times for margin evolution.

[42] The calculations were made in 2-D and hence cannot
account for the heterogeneity of real geological structures.
We note, however, that the characteristics of continental
margins seem to be rather uniform over large distances along
strike, which is consistent with 2-D behavior. A 3-D model
would require speci� cation of along-strike variations of
lithosphere composition and structure as well as of the style
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Figure 12. Movement of surface topography for a temperature-pressure-stress-dependent rheology.
(a) The lateral position of the locus of minimum elevation relative to anx coordinate of 0 km, positive dis-
tance is landward, for the“normal” depleted continental lithosphere. (b) The elevation of the topographic
low. (c) The elevation at a horizontal distance of 0 km within the model (Figures 11a and 11c). (d and e)
As before but for the case of an“extra-depleted” continental lithosphere.

ARMITAGE ET AL.: INSTABILITY OF PASSIVE MARGINS

1829



of rifting with consequences for the initial margin con� gura-
tion. Such information is rarely available with the degree of
precision that is needed and we felt that this should be left
for future investigations where the rather complex behavior
shown here would serve as a useful starting point.

4. Implications of Lateral Lithospheric Flow at
Continental Margins

[43] The set of numerical model results presented here con-
� rms that continental lithosphere that is highly depleted has
great stability against convective breakdown (Figure 14), as
proposed byJordan[1981]. For a continent of� nite size that
lies adjacent to ocean basins, however, this is not suf� cient to
guarantee total stability, as the intrinsic buoyancy of the lith-
ospheric mantle induces spreading in the horizontal direction
(e.g., Figures 11b and 11c). Thus, enhancing stability against
convective breakdown may be regarded as self-defeating in a
sense because it also enhances lateral destabilization. We� nd
that � ow of lithosphere at the margin causes topographic
lows and highs that migrate either oceanward or landward

with differing velocities. We discuss the possible implica-
tions of these results below.

4.1. Continent Subsidence and Coastline Migration
[44] The North American eastern margin has undergone a

history of periodic increases in subsidence and a general
landward migration of the coastline since its formation in
the Late Jurassic (Figure 17) [Heller et al., 1982]. The rela-
tive sea level changes on the eastern coast of North America
since the Eocene have been attributed to mantle� ow related
to descent of the Farallon slab [Moucha et al., 2008;
Spasojevic et al., 2008]. This dynamic topographic signal
is not found on the opposite side of the central north Atlantic
on the West African margin [Moucha et al., 2008]. Subduc-
tion of oceanic lithosphere can cause wide scale subsidence
of the continental interior [Coakley and Gurnis, 1995;
Burgess et al., 1997]. The North West European margins
have also experienced periods of uplift and subsidence con-
tinuously since the Eocene [Stoker et al., 2010]. Stresses
from remote tectonic events can, in theory, cause increased
subsidence within extensional and� exural basins [Karner,
1985]. Compressional regimes have also been invoked for
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Figure 13. Margin structure for“normal” (left) and“extra-depleted” (right) continental lithosphere with
a temperature-pressure-stress-dependent rheology at� 50 Myr, whereb = 0.056. (a) Density at 55.5 Myr
for continental lithosphere that is as depleted as the oceanic lithosphere at the surface,“normal” continen-
tal lithosphere, and vectors of� ow. (b) Topographic change relative to the initial surface supported by
the normal stresses. (c) Pro� le of horizontal velocity atx= 0 km in Figure 13a. (d) Density at 53.4 Myr
for continental lithosphere that is depleted by an extra 20%,“extra-depleted” continental lithosphere.
(e) Topographic change relative to the initial surface supported by the normal stresses. (f) Pro� le of
horizontal velocity atx= 0 km in Figure 13c. Model resolution is 512� 512 elements.
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the formation of interior basins [Shaw et al., 1991] and
large-scale continental uplift [Hillis et al., 2008]. We
argue, however, that the large forces that are generated
within the continental passive margin itself, driven by
changes in thermal and compositional structure, will con-
tinually change margin topography (Figures 7 and 12).
There are two styles:

[45] 1. If the continental lithosphere is not highly depleted,
there is initially a general tilting of the margin toward the
ocean (Figures 6c and 11c), followed by alternating uplift
and subsidence of the margin (Figures 7c, 12c, and 17b)
and landward migration of the coastline.

[46] 2. If the continental lithosphere is highly depleted,
there are margin uplift (Figures 6d and 11d) and migration
of the continent to ocean transition zone toward the ocean
(Figures 6f and 11f).

[47] The continental platform of North America is most
likely associated with weak compositional buoyancy be-
cause of its relatively young age. The initial regional tilting
toward the ocean found in our simulations has similarities

with the regional tilting observed during the Sauk super se-
quence of North America (Figure 1a) [Sloss, 1988;Burgess,
2008] and the earliest sedimentary sequences of north Africa
[Selley, 1972;Boote et al., 1998]. In the U.S., the Sauk se-
quence outlines a region of broad tilting that extends roughly
2000 km inland of the continent to ocean transition, and the
stratigraphic units progressively onlap into the continent
[Burgess, 2008]. In our idealized 2-D model, we� nd a re-
gion of tilting that extends into the continent over a distance
of 400 km due to convective erosion of the continental lith-
osphere. Our model is 2-D while the Earth evolves in 3-D,
and during the latest Proterozoic to Early Ordovician, the
North American eastern margin had two landward striking
rift zones that may have extended this tilting deeper into
the continent due to the associated thinning of the litho-
sphere. In addition, the continental lithosphere may have
been in a phase of general extensional stress associated with
continental breakup, which may have added to the regional
tilting [Armitage and Allen, 2010]. Importantly, long-
wavelength tilting occurred before subduction of the Iapetus
in the Middle Ordovician [Coakley and Gurnis, 1995],
suggesting that the initial tilting of the passive margin was
not due to subduction and was due instead to breakup and
associated processes.

[48] As well as tilting of the continent at the then young
passive margin, continents that are not highly buoyant in
nature are more likely to experience landward migration of
the continent-ocean transition and the topographic conse-
quences of this are dynamically supported subsidence and
uplift that are episodic. We� nd that coastline migration is
due to the lateral spreading of deep lithospheric mantle as
thermally driven convection cells erode into the thicker
continental lithosphere. Although erosion and deposition
will feedback into the evolution of a margin, it is crucial
to question whether coastline migration is a consequence
of lateral mantle� ow or of changes in� exural loading as
time progresses.

0

50

100

150

200

250

300

T
op

og
ra

ph
y 

(m
)

�600 �400 �200 0 200 400 600

Distance from margin (km)

Dynamically Supported Topography

(c)

0

200

400

600

D
ep

th
 (

km
)

�600 �400 �200 0 200 400 600

Distance from margin (km)

3180 3190 3200 3210 3220 3230 3240 3250 3260

Density (kgm�3 )

(b) 241.7Myr

0

200

400

600

D
ep

th
 (

km
)

Continental Margin

100 mmyr�1

(a) 110.2Myr

Figure 14. Density structure for the isopycnic initial condi-
tion, whereb = 0.087 and the initial melt depletion,F, is calcu-
lated to balance the thermal contribution (a buoyancy number
of B= 1). (a) Density at the margin after 110.2 Myr. Inset top
right is a vector of length 100 mm yr� 1 for scale. (b) Density
at the margin after 241.7 Myr. (c) Topography across the mar-
gin, dashed line at 110.2 Myr and solid line at 241 Myr. Model
resolution is 256� 256 elements.

0

200

400

600

D
ep

th
 (

km
)

�600 �400 �200 0 200 400 600

Distance from margin (km)

0 200 400 600 800 1000 1200 1400

Temperature (oC)

(b) 241.7Myr

0

200

400

600

D
ep

th
 (

km
)

(a) 110.2Myr

Figure 15. Temperature� eld for the isopycnic initial con-
dition, (a) after 110.2 Myr and (b) after 241.7 Myr. Model
resolution is 256� 256 elements.

ARMITAGE ET AL.: INSTABILITY OF PASSIVE MARGINS

1831



[49] Intracratonic basins and continental platform subsi-
dence of North America show periods of subsidence and
uplift superimposed on a slow, very long term background
trend (Figures 1 and 17) [Heller et al., 1982;Armitage and
Allen, 2010;Allen and Armitage, 2012]. Taking two bore-
hole subsidence curves from the eastern North American
margin, the magnitude of change in topography is similar
to that produced by destabilization of the lithosphere at the
margin (100–200 m; Figures 17b and 17c). Similar pulses
of uplift/subsidence superimposed on a long-term back-
ground trend are found in the West Siberian Basin, Russia
(Figure 1b), the interior basins of South America [Soares
et al., 1978;Nikishin et al., 2002;Saunders et al., 2005],
and Australia [Lindsay et al., 1987;Shaw et al., 1991;Lindsay,
2002]. We suggest that these aredue to the intrinsic instability
of the continent-ocean transition region. Other consequences
are changes in the stress� eld at the surface, similar to those
predicted byForte et al. [2007], which could be the root cause
of the many earthquakes observed at passive margins.

4.2. Continental Passive Margin Heat Flow
[50] It is often considered that older continental regions

have a greater compositional buoyancy than younger ones

[Sleep, 2005] and that this may explain the highly eroded
surface of northern Canada. From our 2-D numerical
models, we have found that increased lithosphere buoyancy
leads to oceanward continental� ow at margins, with a
spreading rate that is dependent on the initial lithospheric
geometry.

[51] Heat � ow signatures at passive margins might pro-
vide insight into the� ow of deeper continental lithosphere.
The isopycnic continent and extra-depleted continent have
lower heat� ow at the margin compared to continental litho-
sphere with normal depletion (Figure 18). This is because
for the latter, the edge� ow erodes into the continental
margin reducing lithosphere thickness and insulation of the
mantle. Heat� ow in Voisey Bay, Labrador, North America,
has a mantle contribution of< 15 mW m� 2 [Mareschal
et al., 2000]. Voisey Bay sits at the coastline of eastern
Canada. Offshore heat� ow measurements indicate that,
away from the margin, the mantle contribution to heat� ow
is much higher and similar to oceanic values [Goutorbe
et al., 2007]. That the transition from continental to oceanic
heat� ow signatures exists right at the margin is in agree-
ment with our model predictions (Figure 18, red and blue
lines). Furthermore, the gravitational� ow of buoyant
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Figure 16. Margin structure for“normal” (left) and“extra-depleted” (right) continental lithosphere with
400 km margin width and a temperature-pressure dependent rheology at� 50 Myr, whereb = 0.044. (a)
Density at 52.1 Myr for continental lithosphere that is as depleted as the oceanic lithosphere at the surface,
“normal” continental lithosphere. (b) Topographic change relative to the initial surface supported by the
normal stresses. (c) Pro� le of horizontal velocity atx= 0 km in Figure 16a. (d) Density at 53.5 Myr for
continental lithosphere that is depleted by an extra 20%,“extra-depleted” continental lithosphere. (e) To-
pographic change relative to the initial surface supported by the normal stresses. (f) Pro� le of horizontal
velocity atx= 0 km in Figure 16c. Model resolution is 256� 256 elements.
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continental lithosphere would help to explain why the Lab-
rador Sea is anomalously shallow [Louden et al., 2004].

[52] To the south of the Labrador Sea, the Newfoundland
margin and its conjugate, the Iberian margin, are both very
wide. If margin width is some function of breakup pro-
cesses, then for wide margins, we expect a reduced heat� ow
signature from the mantle extending out into the shelf seas
(Figure 18, dashed line). This reduction is due to the reduced
vigor of convection driven by the transition in lithosphere
thickness. Encouragingly, lower than average heat� ow
values are measured across the wide Goban Spur and Galicia
Bank [Louden et al., 1991].

[53] Other margins have observations of high heat� ow
and volcanism that could be related to mantle� ow such as

the young Gulf of Aden passive margin [Lucazeau et al.,
2008] and the older southeast Australian passive margin
[Sandiford and Egholm, 2008;Holfard et al., 2011]. At both
these margins, it has been suggested that high heat� ow
values are due to upper mantle� ow at the edge of thick con-
tinental lithosphere. We have shown that under the
right density contrasts such a� ow is to be expected,
although we do not observe a signi� cant return� ow of the
upper mantle to generate any melt due to decompression,
even when we include a deep“wet” solidus [e.g.,Armitage
et al., 2008]. To achieve vigorous edge� ow that generates
melt would likely require the whole system to be migrating
above the deeper mantle, creating a“mantle wind” [King
and Anderson, 1998].

5. Conclusions

[54] Continental lithosphere is thicker and more melt-
depleted than its oceanic counterpart. Melt depletion leads
to a compositional buoyancy that helps to stabilize the
lithosphere from sinking into the asthenosphere below.
A possible case is that continental lithosphere is isopycnic,
where density variations dueto temperature are perfectly
offset by a compositional change. But such an ideal
cannot hold where thin lithosphere undergoes a transition
to thick, due to the cooling of the lithosphere bringing
about lateral contrasts in density. Lateral changes in den-
sity lead to large forces and horizontal movement of the
upper mantle. This horizontal� ow can be opposed by
thermally driven circulation that nucleates off the strong
thickness gradient between the oceanic and continental
lithosphere. How these two� ows interact has large impli-
cations on the evolution of passive margins and adjacent
continental interiors.
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imum subsidence curves for the two bore holes COST GE-1 and COST B-3, fromHeller et al. [1982].
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Figure 18. Mantle heat� ow after 100 Myr of model evolu-
tion for three non-Newtonian model cases:“normal” depleted,
“extra-depleted” (b = 0.044), and isopycnic continental litho-
sphere (b = 0.087).
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[55] In model runs, highly melt-depleted continental litho-
sphere� ows laterally into the oceanic lithosphere, poten-
tially reducing the surface heat� ow at the coast. The� ow of
buoyant lithosphere would also maintain a high topography
that migrates out into the ocean basin. This is a possible
explanation for the high elevation of the Labrador Sea sea-
� oor. The lateral� ow of lithosphere is relatively indifferent
to lithosphere rheology, but convection is sensitive to the
activation volume of the upper mantle. For increasing pressure
dependence, larger convection cells do not form, limiting
small-scale convection to beneath the oceanic lithosphere.
From a purely physical standpoint, these calculations show
that one must account for the pressure dependence of the
rheology in geological contexts involving lithospheres of
different thicknesses.

[56] The geological record particularly from North America
and also from North Africa shows that after their formation,
passive margins experience a broad ramp-like tilting toward
the ocean. Subsidence is subsequently episodic in nature with
a landward migration of the coastline. Periods of uplift and
subsidence can be related to a number of individual events.
However, the very nature of the transition in lithosphere
thickness and density nucleates instabilities in the continental
lithosphere. If the compositional buoyancy of the continental
lithosphere is low, these instabilities generate� rst a ramp-like
tilting of the continental interior, followed by episodic
periods of increased subsidence as convective cells roll away
from the margin landward. Consequently, episodes of uplift
and increased subsidence are to be expected in continental

interiors and adjacent passive margins due to the natural
thermomechanical evolution of the margin.

Appendix A: Numerical Resolution

[57] We wished to assess the accuracy of calculating the
change in topography from the normal stresses for increased
model resolution. We have tested all three rheologies with
grid resolutions of 256� 256, 512� 512, and 1024� 1024
elements. The reason for this is the SUPG solvers used to
advect the melt depletion are known to overshoot and cause
a front to develop ahead of the� eld that is being advected.
The resulting change in topography supported by the normal
stresses and the surface heat� ow after 50 Myr of model evo-
lution is shown in Figure A1 for the temperature-dependent
diffusion creep (equation (8)). For this snapshot in time for all
model resolutions, there is very little difference in topography
or heat� ow. The evolution of the dynamic topography is es-
sentially identical for all three resolutions (Figure A2). The
same is true for the temperature and pressure-dependent diffu-
sion creep and dislocation creep. This numerical error is re-
duced by increasing the resolution and there exist simple� lters
for reducing this numerical error [e.g.,Lenardic and Kaula,
1993], yet given that the topography and heat� ow are
relatively indifferent to this error, for our purposes adding an
additional� lter is not necessary. In the models presented in
the main body of this paper, we have used a resolution of
512� 512 and 256� 256.
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Figure A1. Topography and heat� ow for the temperature
dependent rheology after 50 Myr for resolutions of
256� 256, 512� 512, and 1024� 1024 elements. (a) To-
pography change relative to the initial topography supported
by the normal stresses. (b) Heat� ow at the surface of the
model. It can be seen that the difference in topography and
heat� ow for these three different model resolutions is only
very minor. (a)

(b)

(c)

Figure A2. Movement of surface topography for a temper-
ature dependent rheology for resolutions of 256� 256,
512� 512, and 1024� 1024 elements. (a) The lateral position
of the locus of minimum elevation relative to anx coordinate
of 0 km, positive distance islandward, for the“normal”
depleted continental lithosphere. (b) The elevation of the
topographic low. (c) The elevation at a horizontal distance
of 0 km (Figure 6).
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