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Abstract

The Moho discontinuity is one of the fundamental boundaries on Earth, separating the crust
from the upper mantle. Arrival times of seismic reflection and refraction data are used to estimate
the depth of the Moho, but the nature of the Moho remains illusive. We present a synthetic
seismogram modelling study for a suite of possible velocity models of the oceanic lower crust and
Moho transition zone (MTZ). For modelling, we have used a 45-km long multichannel streamer
(MCS) geometry, to get insight about waveforms and amplitudes of seismic phases like the crustal
refraction (Pg), Moho reflection (PmP) and mantle refraction (Pn), and the interactions between
these phases. We find that the nature of PmP reflection not only depends on the velocity structure of
the MTZ but also on the velocity structure of the lower crust and upper mantle. The triplication
resulting from these three seismic arrivals and its lateral extent mainly depend on the velocity
structure in the lower crust. Apart from the velocity in the crust, the critical distance for the PmP
arrival depends on the velocity gradient in the MTZ. The amplitude versus offset analysis of the
wide-angle PmP arrivals indicates that there are two broad high amplitude peaks for the MTZ
thickness less than or equal to the dominant seismic wavelength and only one large narrow peak for
a thicker MTZ. Consequently, strong PmP arrivals for a thick MTZ lie in a narrow offset range
around the critical offset whereas they lie over a large offset range for a sharp Moho. We also have
modelled the synthetic seismograms for velocity structures from the Oman and the Bay of Islands
ophiolites. Our modelling results indicate that the quantitative analysis of amplitudes and
waveforms of ultra-long offset MCS data could provide detailed information about the lower crust

and MTZ.
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1 Introduction

Based on the observation of wide-angle reflection arrivals from an earthquake on October 8,
1909, Andrija Mohorovici¢ [1910] suggested that there should be a boundary between the lower
continental crust and the upper mantle, which was later termed as the Moho. Soon after the Second
World War, active source seismic experiments led by Ewing and Press [1950, 1952] in the Atlantic
Ocean and Raitt [1956] in the Pacific Ocean allowed the discovery of the oceanic Moho. They
found that the crustal P-wave velocity in the oceanic domain is higher than those observed on
continents, suggesting that the oceanic crust is possibly composed of basaltic/gabbroic rocks above
mantle rocks, separated by the Moho, where the Moho is a lithological boundary. Hess [1962], on
the other hand, suggested that the oceanic Moho might be a serpentinization front, separating
serpentinized peridotite in the lower crust with pure peridotite in the mantle. Since then many
seismic experiments (reflection and refraction) have been carried out to determine the crustal
thickness and velocity structures in different ocean basins from different spreading environments,
which are well documented by White et al. [1992], Mutter and Carton [2013] and Christeson et al.
[2019].

Seismic reflection experiments in the Pacific Ocean, where the oceanic crust is formed in
fast and intermediate spreading environments, showed reflections 2-3 s below the basement away
from the ridge axis, suggesting that there should be a sharp P-wave velocity contrast at the Moho
[Herron et al. 1980; Kent et al. 1994; Barth, 1994; Barth and Mutter, 1996; Mutter and Carton,
2013; Aghaei et al. 2014]. Using a 3D seismic imaging technique, Singh et al. [2006] imaged a
reflection from the Moho beneath the ridge axis, and suggested that the Moho is formed at zero age.
Based on the reflection characters, Kent et al. [1994] identified three types of Moho reflections,
which they termed as impulsive, shingled or diffused. When the Moho transition zone (transition
zone between oceanic lower crust and upper mantle; MTZ) is thin, then single phase impulsive
(continuous) and shingled (discontinuous; broken in smaller sections) reflections are observed
[Brocher et al. 1985; Nedimovi¢ et al. 2005]. However, when the MTZ becomes thick (e.g. gradient
zone), then the Moho reflection becomes multiphase and diffusive, even may disappear [Collins et
al. 1986; Ohira et al. 2017]. Although continuous Moho reflections have been observed in fast and
intermediate spreading environments, they have been only intermittently imaged in slow spreading
oceanic environments (e.g. [Morris et al. 1993; McBride et al. 1994; Mehouachi and Singh, 2018]),
and never observed in ultra-slow spreading environments. Even though near or zero offset seismic
reflection data can provide a seismic image of the Moho [Eittreim et al. 1994; Barth and Mutter,

1996], they do not provide any quantitative information about the nature of the Moho [Mutter and
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Carton, 2013]. Since the streamers used in seismic reflection experiments are generally short (3-6
km long), these data do not provide much information about the velocity in the crust, and hence
most of the seismic images are interpreted in two-way vertical travel time. In order to convert these
images into depth, crustal velocity information is required, which is commonly obtained using

wide-angle seismic (refraction and reflection) data.

Initially wide-angle data were acquired either using disposable sonobuoy [e.g. Raitt, 1956]
or two ship expanding spread profiles [Stoffa and Buhl, 1979; Harding et al. 1989; Vera et al.
1990 ], and simple 1D slope-intercept time methods were used to determine crustal velocities and
Moho depths [e.g. Stoffa et al. 1981]. These data recorded crustal refraction (Pg) arrivals, mantle
refraction (Pn) arrivals and wide-angle reflection from the Moho (PmP) (see Figure 1) [Vaddineni
et al. 2021]. The advent of ocean bottom seismometers (OBS) and tomographic methods have
allowed to better quantify the oceanic crustal velocities and crustal thicknesses [Christeson et al.
2019]. White et al. [1992] synthesised crustal thickness using these data and found that the crustal
thickness varies from 5.8 to 8.5 km with an average of 7.1£0.8 km. Christeson et al. [2019] have
recently updated this analysis and find an average crustal thickness of 6.15 km, which is
independent of spreading rates. All these wide-angle results suggest that the oceanic crust consists
principally of two layers; an upper crust (Layer 2) with a high velocity gradient and a lower crust
(Layer 3) with a low velocity gradient. As the velocity gradient in the lower crust is generally low,
and Pg and PmP arrivals overlap beyond critical distance, the arrival times of crustal arrivals (Pg)
only constrain the velocity information of the upper crust [Vaddineni et al. 2021], whereas the
velocity in the lower crust and the Moho depth are constrained by PmP arrival time. Although the
PmP rays travel through the lower crust, there is a trade-off between lower crustal velocities and
Moho depth [Mjelde, 1992; Cook et al. 2010, Vaddineni et al. 2021]. Furthermore, in most of the
wide-angle tomographic analyses, the Moho is defined as a reflection interface, and hence these

methods do not provide any information about the nature of Moho or MTZ.

The petrological study of ophiolites has allowed to link seismological results with lithology
and shed light on the formation and evolution of the oceanic crust and Moho. According to the
Penrose model [Penrose, 1972], the upper crust (Layer 2) consists of pillow lavas (Layer 2A) and
dikes (Layer 2B) and the lower crust (Layer 3) of homogeneous gabbro. Insights obtained from the
Oman ophiolite [Quick and Denlinger, 1993], the presence of upper crustal melt lens [Detrick et al.
1987; Kent et al. 1990] and the low velocity anomaly in the lower crustal [Harding et al. 1989; Vera
et al. 1990; Toomey et al. 1990] beneath fast and intermediate spreading ridges led to the suggestion
that the lower crust is formed by cooling and crystallisation of melt in the upper crustal melt lens

and subsequent subsidence, which is termed as the gabbro glacier model [Henstock et al. 1993]. But
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some other studies of the Oman Ophiolite [Boudier et al. 1996; Kelemen et al. 1997] indicated the
presence of secondary melt sills in the lower crust, suggesting that the lower crust could be formed

by melt sill injection in the lower crust, termed as the sheeted sill model.
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Figure 1: Wide-angle seismic data: Wide-angle seismic data recorded on one of the OBS55 of LITHOS
profile [Vaddineni et al. 2021], showing the crustal (Pg), mantle (Pn) arrivals and PmP reflection from
Moho. The vertical axis is the reduced travel time with a reduction velocity of 8 km/s and the horizontal axis

is the source-receiver offset.

There are two types of layering observed in the Oman Ophiolite, layered gabbro and
gradational layering. The layered gabbro consists of 10 cm to 100 m thick layers of different types
of homogeneous gabbros with sharp boundaries [Boudier et al. 1996]. In the gradational layering,
the crystal sizes are large at the bottom of the section and gradually become finer towards the upper
section of the gabbro [Boudier et al. 1996]. In the last decade, multiple melt sill reflections have
been imaged beneath the East Pacific Rise [Arnulf et al. 2015; Marjanovic et al. 2015] and the Juan
du Fuca Ridge [Carbotte et al. 2020]. Very recently, Guo et al. [2021a] have imaged seismic
layering in the lower crust for a crust formed at the slow spreading Mid-Atlantic Ridge between 7
and 13 Myr, indicating that the lower oceanic crust might indeed be formed in situ by melt sill

injection and cooling and crystallisation in the lower crust.

Studies of ophiolites have also provided insight about the MTZ. For example, the MTZ
could be sharp and/or up to 750 m thick in the Oman ophiolite (Figure 2) [Boudier and Nicolas,
1995; Jousselin and Nicolas, 2000; Jousselin et al. 2012] and a couple of kilometres thick in the Bay
of Islands ophiolite [Kempner and Gettrust, 1982; Karson et al. 1984]. One of the authors (Singh)

travelled to Oman three times, twice with Professor Adolphe Nicolas who inspired this study, and
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he recently visited Oman in January 2020 (see Figure 2). The crust in the Oman ophiolite is
supposed to have formed at a fast spreading ridge, and has been used as a typical example of a fast
spreading crust [Nicolas et al. 1996]. The presence of layered gabbros and a sharp Moho is
consistent with this hypothesis. On the other hand, the crust in the Bay of Islands ophiolite was
supposed to have formed in a slow spreading environment [Kempner and Gettrust, 1982]. The
geology in the Bay of Islands is more complex, where both the crust and the MTZ are more
heterogeneous. Although the lower crustal gabbros are well preserved in ophiolites, peridotites and
dunites are heavily serpentinized [Kelemen et al. 2020] and cannot be used directly to correlate with
seismic observations. On the other hand, the observation of core complexes and serpentinized
peridotite on the seafloor has led to the suggestion that the lower crust consists of serpentinized

peridotite and the Moho could represent a serpentinization front [Cannat, 1993].

Layered lower gabbro

ayered gabbro

ower crust

Figure 2: MTZ in Oman Ophiolite: The ophiolite section from the Oman region, where layered gabbro of
lower oceanic crust and mantle harzburgite are separated by dunite layer of the Moho Transition Zone
(MT?Z). Insets show examples of the different geology around the MTZ, such as wehrlite, layered gabbro,
gabbro sills within the MTZ and banded dunite from the upper mantle.

In conclusion, the Moho could either be a sharp boundary or could be a thick transition
zone, depending upon the physical and chemical processes that have created it. For example, as the
melt migrates (percolates) from the mantle towards the surface to form the magmatic part of the

crust, it would interact and react with host rocks, creating a complex heterogeneity within the MTZ
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depending upon different physical and chemical conditions [Boudier and Nicolas, 1995]. For
example, in the Bay of Islands ophiolite, the MTZ consists of a combination of gabbroic sills,
wehrlite, dunite and harzburgite [Collins et al. 1986]. Furthermore, the MTZ is also influenced by
the mantle flow and ductile deformation beneath the ridge axis [Boudier and Nicolas, 1995]. In
other words, the MTZ acts as a physical and chemical filter separating the crust above from the
mantle below. In any case, at a sharp Moho, the change in the P-wave velocity would be abrupt and
could be interpreted as a rapid change from mafic crustal composition to ultra-mafic mantle
composition [Karson et al. 1984]. In a thick MTZ, there could be a smooth P-wave velocity gradient
representing a gradual transition from mafic to ultra-mafic compositions or a layering with low and
high velocities of gabbroic and mantle rocks, which might be the case for slow or ultra-slow

spreading crust [Kempner and Gettrust, 1982].

The synthetic seismogram modelling study for velocity models derived from seismic
reflection or refraction data [Helmberger and Morris, 1969; Fuchs and Muller, 1971; Fowler and
Keen, 1979] and from ophiolites [Kempner and Gettrust, 1982; Brocher et al. 1985; Collins et al.
1986; Brocher and Frazer, 1987] have been carried out using ray-tracing [Helmberger and Morris,
1969] and reflectivity [Fuchs and Muller, 1971] methods. Brocher et al. [1985] computed normal
incidence synthetic seismograms for 1D velocity models for the Oman and the Bay of Islands
ophiolites while Collins et al. [1986] extended this study to 2D velocity models to characterise near
offset seismic reflection response from the Moho in the Bay of Islands ophiolite. These studies were
further extended to wide-angle Ocean-Bottom Seismometer (OBS) geometry to understand the
nature of both seismic reflection and refraction arrivals [Spudich and Orcutt, 1980; Sereno and
Orcutt, 1985; Jarchow and Thompson, 1989; Prodehl et al. 2013]. A similar study was performed
for continental Moho [Carbonell et al. 2002]. However, the variations in lower crustal and upper
mantle structures on the reflection characteristics from Moho have not been examined in detail
[Mutter and Carton, 2013]. For example, there are no detailed studies showing the dependence of
the lower crust velocity models on the nature of Pg arrivals, interaction of the lower crustal arrivals
with PmP arrivals near critical distance and the changes in the nature of PmP reflection both at near
offset and at far offsets due to structural variations in MTZ. Also, the amplitude versus offset
(AVO) analysis of PmP reflection arrivals, which provides significant information on the
characteristics of MTZ, has never been attempted. Here we have performed the AVO analysis for
different thicknesses and geometries of MTZ to understand the variation in AVO response. We
present a comprehensive synthetic seismogram study that includes small scale variations in the
lower crust and MTZ to get insight about the role of the various structural features on amplitude and
phase covering a wide range of offsets from 0 to 45 km allowing to analyse all the arrivals in detail.

We also show why and how the conventional full waveform inversion techniques [Shipp and Singh,
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2002] will have difficulties in resolving the finer details of reflection from Moho near critical
distance from OBS data, and propose a solution for designing seismic experiments and inversion

strategies to understand the nature of the lower crust and MTZ.

2 Velocity Models

We have constructed one-dimensional (I1D) models based on a three-layer generic slow-
spreading oceanic crustal model [e.g. White et al. 1992] where the crust is 6 km thick. We assume a
water depth of 3.5 km. The P-wave velocity at the seafloor increases from 3.5 km/s to 4.5 km/s in a
700 m thick zone, representing Layer 2A [Grevemeyer et al. 1998; Audhkhasi and Singh, 2019],
followed by a linear increase in velocity from 4.5 km/s to 6.5 km/s in a 2300-m thick zone
representing Layer 2B, and a 3-km thick Layer 3 (lower crust). The Moho boundary lies at 9.5 km
depth and the mantle extends down to 20 km (bottom of the velocity model). The ratio of P and S
velocities was approximated as 1.73 [Shipp and Singh, 2002], assuming a Poisson ratio of 0.25

[Collier and Singh, 1998].

We have kept the upper crustal velocity fixed and varied only the velocity in the lower crust
and at the MTZ. Five different velocity models are created by changing velocities in the lower crust
(Figure 3). These models include the lower crust with a constant velocity (Figure 3a), a positive
velocity gradient (Figure 3b), a negative velocity gradient (Figure 3c), a gradational velocity
layering (Figure 3d) and a layered velocity model (Figure 3e). In the constant velocity model, the
velocity in the lower crust is 6.5 km/s. In the positive gradient velocity model (Figure 3b), the
velocity increases linearly from 6.5 km/s (top of the lower crust) to 7 km/s (bottom of the lower
crust) at 9.5 km depth with a velocity gradient of 0.17 s~!. The smaller velocity gradient of 0.17 s’
compared to a higher velocity gradient in the upper crust (~1.1 s!) could be due to minute
petrological variations, metamorphic changes, the effects of pressure and temperature at lower
crustal depths [White et al. 1992; Christenson et al. 2019]. On the other hand, in the negative
velocity gradient model (Figure 3c¢), the velocity decreases linearly from 6.5 km to 6.0 km/s with a
velocity gradient of -0.17 s™!. The negative velocity gradient in the lower crust could be the result of
a progressive serpentinization of upper mantle material to crustal velocity material [Mithal and
Mutter, 1989]. In the gradational velocity model (Figure 3d), the velocity in the lower crust consists
of four layers (G1, G2, G3 and G4), where the velocity in each layer increases linearly by 200 m/s
in a 500 m thick zone, with a sharp boundary at the base where the velocity decreases to 6.5 km/s
(background velocity). In the layered velocity model (Figure 3e), there are four 500-m thick layers
each with constant velocities of + 200 m/s from the background velocity of 6.5 km/s, representing a
layered lower crust. Two high velocity layers are marked as L1 and L2. The gradational and layered

velocity models could represent oceanic layered gabbro [Schanker and Lippsett 2016; Jousselin et
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al. 2012] which could have occurred due to hydrothermal alteration in the lower crust [Singh et al.
1999] or the lower crust could have been formed by in situ cooling and crystallisation of melt sills
in the lower crust (sheeted sill model) [Kelemen et al. 1997]. In both gradational and layered
models, the topmost and bottommost parts of the lower crust are 500 m thick with a velocity of 6.5

km/s.

P-wave Velocity (km/s)
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Figure 3: Velocity Models: a) 1D generic velocity model of oceanic crust and upper mantle, showing
different layers such as water layer, Layer 2A, 2B of upper oceanic crust, Layer 3 (lower oceanic crust),
Moho boundary and upper mantle. The upper panel represents four variants of the lower crust velocity
structure, namely b) positive velocity gradient, ¢) negative velocity gradient, d) gradational layering with 4
layers G1, G2, G3 and G4, and e) layered velocity where two high-velocity layers are marked as L1 and L2.
The bottom panel represents four variants of the MTZ, namely f) gradient MTZ, g) staircase MTZ with 5
steps; sl, s2, s3, s4 and s5, h) layered MTZ, where two high velocity layers are marked as mL.1 and mL.2,
and i) low velocity beneath a sharp MTZ.

Different types of MTZ models are assumed below the lower crust where the velocity in the
mantle (below MTZ) is assumed to be 8 km/s, which increases linearly to 8.1 km/s at the bottom of
the model at 20 km depth. A sharp Moho is defined as an interface where the velocity increases
from 7 km/s to 8 km/s (Figure 3a) [Foulger et al. 2003]. A thick MTZ can have a linear velocity
gradient of different thicknesses or can have layered structures. At the sharp boundary, the P-wave
velocity shows an abrupt transition and could be interpreted as a rapid change from mafic crustal
composition to ultra-mafic mantle composition [Karson et al. 1984]. In the thick layer MTZ, there is
a linear gradient of P-wave velocity representing the gradual transition between mafic and ultra-
mafic compositions [Collins et al. 1986]. For the gradient MTZ, the velocity increases linearly from
7 km/s to 8 km/s from 9.5 km to 11.5 km depth, in a 2 km thick gradient zone (Figure 3f). The MTZ

could have a staircase Moho structure, where the velocity increases by 200 m/s at every 500 m in
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the MTZ of 2 km thickness (Figure 3g), representing five steps; s, s2, s3, s4 and s5. The gradient
and staircase Moho could represent MTZ for slow spreading crust [White et al. 1992; Ohira et al.
2017]. Sometimes, there could be banded dunites, gabbro sills or a number of parallel and
horizontal gabbro lenses [Boudier and Nicolas, 1995] just below the Moho, which would produce a
layered MTZ. In the layered MTZ model (Figure 3h), the velocity increases from 7 km/s to 8 km/s
at the Moho interface at 9.5 km depth and then there are three 500 m thick alternating low and high-
velocity layers (mL1 and mL2) with a velocity of change of + 200 m/s over the background velocity
of 8 km/s, representing the banded dunite layering in harzburgite [Dick and Sinton, 1979; Karson et
al. 1984] or the presence of a number of gabbro sills in the MTZ [Boudier and Nicolas, 1995]. At
the gabbro-harzburgite boundary the velocity variations would be much larger, from 6.7 km to 8.1

km/s.

For a P-wave velocity of 6.5 km/s to 8 km/s and a dominant frequency of 5-10 Hz, the
wavelength will be between 650 m and 1600 m, and therefore, a 500 m layer thickness is reasonable
in order to resolve these layers using seismic methods, such as seismic full waveform inversion
[Guo et al. 2021a]. It is possible that layers could be thinner, but we cannot resolve them using
current OBS types of data, and therefore we have not considered thinner layers. However, a stack of
thin layers in the lower crust, as observed in the Oman ophiolite, would lead to anisotropy [Backus,
1962], which should be taken into account during data analysis. To resolve these layers, higher
frequency data would be required. In the last model (Figure 3i), velocity decreases from 8 km/s to
7.4 km/s over a 2 km thick layer below the sharp Moho, which remains at 7.4 km/s to the base of
the model, representing a low-velocity layer in the upper mantle. Though there are large structural
variations observed from the lower crust and MTZ using wide-angle studies [White et al. 1992],
there is a lack of focused study on seismogram modelling for such variations present in the oceanic
crust. In our study, we collectively use these different velocity models of the oceanic crust to

understand the differences in seismic response of the different arrivals.

3 Methodology
3.1 Forward Modelling

In our study, we have used a finite-difference solution of the elastic wave equation in the
time and space domain [Levander, 1988] to compute synthetic seismograms. The finite difference
method is capable of modelling any type of waves including refracted waves, turning waves,
interbed multiples and converted waves and hence it helps to accurately model complex seismic
wavefields. We use elastic modelling to make sure that the energy partitioning between P- and S-
waves at interfaces is properly taken into account. This is specifically important for modelling of

wide-angle reflections where the P-to-S partitioning is significant. The grid for the finite-difference
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scheme is staggered both in time and space. This helps to generate second-order time operator and
fourth-order spatial operator. It requires only five grid points per wavelength to minimise the grid
dispersion which is computationally less intensive. For this synthetic seismogram modelling, we
have used the algorithm developed by Shipp and Singh [2002]. The primary inputs for the synthetic
seismogram modelling are: P- and S-wave velocity models, density, a source wavelet, the source-
receiver geometry, and the boundary conditions. We have applied the optimal absorbing boundary
conditions to attenuate the artefacts in the synthetic seismogram from the boundaries of the medium

[Peng and Toksoz, 1995] so that there are no reflections or conversions from the boundaries.

3.2 Source and Receiver Configuration

For near-offset and wide-angle geometry, we have used an offset range of 0 to 45 km. For
1D modelling, we have used single source and multiple receivers at 10 m (one grid point: same used
for designing 1D velocity model) interval, allowing the simulation of multichannel seismic data.
The source is located at 50 m within the model. The five grid points before the source and after the
last receiver are kept empty and we have applied optimal absorbing boundary conditions to avoid
artefacts (like reflections or conversions) from the boundary of the model. The length of the
streamer is designed to ensure that all types of waves (Pg, PmP, Pn) from the deepest parts of the
model can be recorded. For the source wavelet, we have used a Ricker wavelet, with a dominant
frequency of 10 Hz. According to stability criteria (grid spacing and a maximum frequency of
source), the time step increment (t) is 0.0007 s and the total number of time steps per trace is 19000
so that we are able to obtain travel time data of ~14 s, which is sufficient to obtain the seismograms

for arrivals from the end of the model.

4 Results
4.1 Lower Crust Models

We first modelled a constant velocity, a positive velocity gradient and a negative velocity
gradient in the lower crust without Moho interface. The synthetic seismograms for the constant
velocity lower crustal model (Figure 4b) for the whole offsets (0-45 km) are shown in Figure 4a.
Here we have plotted true amplitude (without normalisation) synthetic seismograms with offset as a
horizontal axis and travel time as a vertical axis with an apparent reduction velocity of 6.5 km/s. We
observed two primary seismic arrivals: the reflection from the seafloor and the P turning rays (Pg)
from the upper crust. Here, the arrivals between 4-6 km correspond to Layer 2A. Between 6 and 14
km offset, we observe arrivals from Layer 2B. As these two rays are turning rays, they have large
amplitudes with an apparent velocity corresponding to their respective velocities in these layers. At
offset >14 km, we observed refraction arrivals with an apparent velocity of 6.5 km/s, which occur

due to the velocity change from Layer 2B to Layer 3. The amplitude of these arrivals slowly
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decreases with the increase in offset. For the positive velocity gradient (Figure 4d) in the lower
crust (Figure 4c), the amplitude of the Pg arrival continues to be large at far offsets and it travels
with increasing (6.5 km/s to 7 km/s) apparent velocities. In contrast, for the negative velocity
gradient (Figure 4f), the amplitude of the arrivals decreases rapidly with offset and is not observed
beyond 28 km offset (Figure 4e). So the presence of a strong Pg arrival at far offsets would indicate
the existence of a positive velocity gradient layer in the lower crust and a weak Pg arrival at far

offsets is suggestive of a low velocity gradient in the lower crust.
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Figure 4: Synthetic Seismograms for simple models in the lower crust without Moho: a) Whole offset
(0-45 km) synthetic seismograms for the generic velocity with a constant velocity in the lower crust , as
shown in b), without Moho showing the seafloor reflection and the Pg arrivals from Layer 2A (cyan color),
2B (yellow color) and lower crust (red color). The vertical axis is the reduced time with a reduction velocity
of 6.5 km/s and the horizontal axis is the source-receiver offset in km. In the 2 insets, the Pg wave is
extracted in the offset range of 16-45 km; c) for the positive gradient velocity model, as shown in d) and e)

for the negative gradient velocity model, as shown in f).

When we compute synthetic seismograms for the gradational velocity model in the lower
crust, we observed four low-amplitude, low-and-high frequency reflections (G1, G2, G3 and G4)
starting at zero offset up to [16 km offset, before seafloor reflection arrival (Figure 5a). The low-
frequency part of the reflected energy is due to the linear increase in velocity in the 500-m thick
zone, and the high-frequency signal is due to the sharp decrease in velocity (-200 m/s) at the base of
the layer (Figure 5b). The amplitude and the time difference between these reflections decrease with

the increase in offsets. As the velocity variations at the base of these layers are small, the velocity



350 contrast is small (0.03) as compared to the Moho reflection which could be ~0.12. As the offset
351 increases, the arrivals from different layers interfere and cancel out and hence do not affect the Pg
352 arrivals at far offset much. However, the amplitude of the Pg arrival is slightly higher than those for
353 the constant velocity layer due to an increase in the average P-wave velocity in the lower crust. For
354  the layered lower crustal model, we observe alternate negative and positive polarity reflections,
355 starting at zero offset (Figure 5c,d). We have marked the positive polarity reflections as L1 and L2,
356  which can be followed up to 8-24 km offset as they merge with the Pg arrivals. The change in the
357 polarity corresponds to alternate layers of the low and high velocities with respect to the
358 background velocity of 6.5 km/s in the lower crust. Because of the high-velocity contrasts and
359 interference effects, one can observe strong wide-angle reflections between 12 and 17 km offset
360 from L1, which interfere with the Pg arrival, and the second wide-angle reflections at 16-24 km
361 offsets. The shingling effect is observed at 17-18 km offset due to the first low velocity layer. These
362 observations suggest that Pg arrivals are sensitive to layered structures in the lower crust, which has
363 been independently confirmed by Guo et al. [2021a]. At zero offset, the amplitudes of these
364 secondary reflection arrivals (L1 and L2 in Figure 5d) for the layered lower crust having alternate
365 high and low velocity layers are higher than the amplitudes G1 to G4 for the gradational lower
366 crust having velocity increasing in steps (Figure 5b) because of the high-velocity contrast in the

367 layered lower crust, i.e., 400 m/s over 200 m/s for the gradational model.
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370 Figure 5: Synthetic seismograms for layered structures in the lower crust without Moho: a) Whole
371  offset (0-45 km) synthetic seismogram for the gradational lower crustal velocity model, as shown in the
372  upper inset. Seismic phases are the same as described in Figure 4. In the synthetic seismograms, phases Gl,
373 G2, G3 and G4 mark the low-amplitude reflections due to the gradational layering in the velocity model. b)
374  Enlarged portion of the lower crustal reflections (G1-G4) at near offset (0-5 km) plotted without any
375  reduction velocity. ¢) Synthetic seismogram for layered velocity model, as shown in the upper inset; L1 and
376 L2 mark the positive polarity reflections due to layering in the velocity model. d) Enlarge portion of the two

377 lower crustal reflections (L1 and L2) plotted without any reduction velocity.
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4.2 Lower Crust Models and a Sharp Moho

Having the information about the waveform of Pg for a suite of five different lower crust
velocity models, we now analyse the effect of these lower crustal models on the reflection arrival
(PmP) from the Moho. For this, we have introduced a sharp Moho boundary in all five models of
the lower crust at 9.5 km depth. The whole offset (0-45 km) synthetic seismograms for the positive
gradient velocity model with a sharp Moho is shown in Figure 6. Other than seafloor reflection and
Pg arrivals, we observe a strong PmP reflection over the entire length of offset. The Pn refraction
from the mantle is observed after the critical distance at 26 km (distance at which PmP has
maximum amplitude). The Pn arrival is tangent to the PmP arrival at the critical distance. As the Pn
is a head wave, its amplitude decreases rapidly with offset. Also note that the Pg arrivals at

offsets >26 km are no more independent, but have merged with the PmP arrivals.
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Figure 6: Seismogram for a positive velocity gradient lower crust with a sharp Moho: Whole offset (0-
45 km) synthetic seismogram for the positive velocity gradient with a sharp Moho boundary, as shown in the
inset. Other than the seafloor reflection and crustal Pg arrivals, the PmP reflection starts at zero offset and Pn
(marked in blue) arrival starts after the critical distance. Note the large amplitude wide-angle PmP reflections
starting from 14 km offset and extending up to 38 km offset, with the critical offset at 26 km offset,
representing a typical wide-angle seismic data in the oceanic domain. Both Pg and Pn arrivals are tangent to

PmP arrival at the critical distance.
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Except for the waveform of PmP in synthetic seismograms for the sharp Moho below
different lower crust models, all the rest of the features are similar, as shown in Figure 4 or Figure 5
and therefore, the whole offset synthetic seismograms for the remaining four models (constant,

negative gradient, gradational and layered velocity) are shown in the supplementary Figure S1.

Figure 7 shows wide-angle data (20-45 km) for all five models of the lower crust with a
sharp Moho. A clear triplication zone encompassed by the Pg, Pn and PmP arrivals is observed for
the constant lower crustal velocity (Figure 7b) model over 16-km offset range (Figure 7a). The
offset range for the triplication zone (width) is defined by the offset at which Pg and Pn become
tangent respectively to PmP. For the positive velocity gradient model (Figure 7d), the extent of
velocity contrast between the lower crust and the Moho boundary decreases and the triplication
reduces to a point at 27 km offset (Figure 7c) where the Pg interferes with the PmP just before the
critical distance. On the other hand, the presence of a negative velocity gradient in the lower crust
(Figure 7f) generates a shadow zone with a clear time shift between the PmP and Pg arrivals; the
triplication disappears, and the Pg extends only up to Pn arrival (Figure 7¢). The PmP is a clean
arrival without any interference with Pg arrival. For the gradational (Figure 7h) and layered lower
crust (Figure 7j) models, we observe a triplication similar to the constant velocity model, but here
the width of the triplication zone (lateral extent) is 12 km for the gradational velocity model (Figure
7g) and 9 km for the layered velocity model (Figure 7i). This decrease in the width of the
triplication zone is the result of a slightly increased average P-wave velocity in the lower crust and
the interference of small amplitude reflections with Pg arrival. The difference in the width of these
triplication zones for the gradational and layered lower crust is the result of the amplitudes of G1 to
G4 and L1, L2 reflections. This means that the interference of low amplitude reflections (G1 to G4)
with Pg changes its waveform to a smaller extent as compared with the interference of high
amplitude reflections (L1 and L2) with Pg. At far offsets, we also observe interbed multiples below
the PmP arrival for the layered lower crustal (Figure 7i1). Because of the interference of lower
crustal reflections with PmP at the end of the triplication zone, the amplitude of the PmP reflection
at far offsets (> 40 km) is high except for the positive and negative velocity gradients in the lower
crust. But the PmP amplitude is lower for the positive velocity gradient as compared with the
negative velocity gradient because the former has a low-velocity contrast between the lower crust

and the sharp MTZ than the latter.
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Figure 7: Wide-angle arrivals for the lower crust models with a Moho boundary: Wide-angle (20-45 km
offset) synthetic seismograms for five lower crustal models when there is a sharp Moho boundary at the
bottom of the lower crust. a) A 16-km-wide triplication zone between Pg, PmP and Pn for the constant
velocity in the lower crust, as shown in b). ¢) The absence of a triplication for the positive velocity gradient
model, as shown in d). e) A shadow zone above the PmP arrival for the negative velocity gradient model, as
shown in f). g) A 12-km-wide triplication zone for the gradational velocity model, as shown in h), and i) a 9-

km-wide triplication zone for the layered velocity model, as shown in j). Note the interbed multiples below
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4.3 Moho Transition Zone Models

The synthetic seismogram for a sharp MTZ with a positive velocity gradient in the lower
crust represents the typical reflection response from the Moho (Figure 6). On the other hand, when
the MTZ becomes a 2000 m thick gradient zone , the PmP arrival does not start at zero offset but at
22 km offset (Figure 8a), and there is no triplication. Here the critical distance is ~33 km, instead of
26 km for the sharp Moho. To understand the relation between the waveform of the PmP arrival and
the gradient MTZ thickness, we varied the thickness of the gradient zone from 0 m to 2000 m over a
step of 100 m (Figure 9 and S2). When the MTZ thickness increases from O m to 300 m, the
amplitude of the Moho reflection at near offsets (0-5 km) does not change much (Figure 9). When
the MTZ thickness increases up to 1000 m, the amplitude decreases gradually and the waveform
widens, resulting in the diffusion of reflection from the MTZ (Figure 9). When the thickness
reaches 1100 m, the PmP reflection is not observed at zero offset (last panel of Figure 9). These
results of diffused Moho reflections are consistent with the results obtained by Ohira et al. [2017],
where the zero-offset data show weak amplitude or absence of reflection from the Moho when the
thickness of the MTZ is ~1 km. When the thickness of the MTZ is greater than 1100 m, the offset at
which PmP is observed increases with the increasing MTZ thickness (Figure S2), and the maximum
amplitude of the PmP arrival also increases. The critical distance linearly increases with the
thickness of MTZ, i.e. by ~350 m for every 100 m increase in the MTZ thickness (Figure 10). To
calculate the critical distance, here we have used the locally maximum amplitude of the PmP arrival
where the Pn arrival is tangent to the PmP. Thus the location of the critical distance can be used to
get some idea about the nature of the MTZ. Furthermore, large amplitude PmP arrivals can be
observed at broad far offset range in the presence of a sharp Moho whereas in the presence of a
thick MTZ, the offset extent of the PmP arrivals lies within a limited offset range around the critical
distance. Note that we have used the term critical distance in a more generic sense, not sensu stricto

where the term critical distance is defined for a sharp high velocity contrast.

In the case of the staircase MTZ model, five weak reflections at zero offset are observed (s1-
s5), because of the increase in the velocity by 200 m/s over the steps of 500 m thick zone (Figure
8b). The amplitudes of s2, s3, s4 and s5 reflections decrease as the offset increases. The amplitude
of sl slightly increases after 21 km offset and merges with the PmP reflection at 29 km offset. All
the other reflections (s2-s5) also merge with this event (PmP) as the offset increases. The critical
distance occurs at 34 km offset, similar to the 2-km thick velocity gradient model (Figure 8a), and
therefore, it would be difficult to distinguish between a gradient MTZ and a staircase MTZ only
from the arrival times of wide-angle seismic data. However, the waveforms are different, and hence
a full waveform inversion type approach should allow to distinguish a linear gradient MTZ from a

staircase MTZ. In the case of a layered Moho (Figure 8c), there are small-amplitude reflection
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arrivals below the PmP reflection (marked as mL1 and mL2) due to the alternate low and high
velocity layers over the background velocity of 8 km/s below the sharp MTZ. The amplitude of
mL1 is higher than mL2 because of the difference in the velocity contrast. The mL2 reflection is not

observed after 8 km offset and mL1 reflection merges with the PmP arrival at 21 km offset.
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Figure 8: MTZ Seismograms: Whole offset (0-45 km) synthetic seismograms for different MTZ models. a)
Seismogram for the gradient MTZ velocity model, containing PmP arrivals starting at 22 km offset. b)
Seismogram for the staircase MTZ contains low amplitude reflections s1, s2, s3, s4 and s5 starting at zero
offset and strong PmP starting at 23 km offset. ¢) Seismogram for the layered MTZ; besides PmP, two low-
amplitude reflections (mL1, mL2) start at zero offset, and the Pn becomes a multi-phase arrival (marked by
two blue lines). d) Seismogram for a low velocity layer beneath the sharp MTZ indicating the absence of Pn

arrivals. The respective velocity models are shown as insets at the bottom right of each seismogram.
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Figure 9: Near offset reflections for a gradient MTZ: Near offset (0-5 km) synthetic seismograms
showing only the PmP reflection for different thickness of the gradient MTZ with thickness varying O m to
1100 m, as shown on the right side of the figure. The velocity models for different thicknesses of gradient
MTZ are shown only between 9-11 km depth. The numbers on the right of the velocity models indicate the
thickness of the gradient MTZ. In the seismograms, the time axis is plotted without any reduction velocity in

a 400 ms window (6.8-7.2 s) encompassing the Moho reflections in all panels.

Furthermore, we observed that the Pn refraction is a single phase arrival for the sharp,
gradient and staircase MTZ models, but it becomes multiphase, one starting at 28 km offset and the
second one at 32 km, due to the presence of alternate high and low velocity layers below the sharp
MTZ (Figure 8c). So, the presence of high and low velocity layers below the MTZ does not only
produce reflections starting at zero offset (below PmP) but also changes the signature of Pn
refraction. Therefore, the waveform coda of the PmP and Pn arrivals should provide information
about the layered MTZ. Finally, when the velocity in the mantle becomes < 8 km/s , we do not
observe Pn refraction after critical distance (Figure 8d), which means decreasing the velocity below
the MTZ results in the absence of mantle arrivals [Christeson et al. 2020]. Therefore, the absence of

Pn arrivals could be interpreted as a decrease in velocity with depth below the Moho in the mantle.
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Figure 10: Relationship between the MTZ thickness and the critical distance: Red dots are observed
data points and blue line is a linear fit along with the equation of the linear fit (in blue text). The equation for
linear trend of critical distance (y1 in km) with respect to the thickness of the MTZ (x in m) is also shown

here.

4.4 Synthetic Seismogram for Lithology from the Oman Drilling Project

We have used the velocity data of the ophiolite samples obtained from the recently drilled
borehole in Oman for computing synthetic seismograms. There are 5 borehole sequences; GTI1,
GT2, GT3, CMI1 and CM2, each with ~400 m thickness (Section S.2 and Figure S3 in
supplementary material; [Okazaki et al. 2018; Kelemen et al. 2020]). The physical properties like P-
wave velocity, bulk-density and porosity were measured for each sample from the lithology of the
borehole sequence. For the synthetic seismogram modelling, we assigned GT1, GT2 and GT3
sequences for the lower crust and CM1, CM2 sequences for the crust to mantle transition zone. The
P-wave velocities in the X, Y and Z directions are averaged to get single P-wave velocity for each
sample from the borehole. After averaging the P-wave velocity, we have extracted the samples at
each 10 m interval from the borehole sequence and used their velocities to construct the 1D velocity
profile of the lower crust and MTZ. The 10 m interval was decided based on the grid spacing of
velocity models in all the previous cases of the lower crust and MTZ. The velocities of the upper
crust and beneath the MTZ are the same as those of the synthetic models shown in Figure 3a. The

presence of low velocity could have occurred due to: 1) hydrothermal circulation near the
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spreading-ridge axis, 2) during the obduction onto the Arabian continental margin, 3) present-day
weathering. The extended and the entire 1D profiles of P-wave velocity, density and porosity along
with the lithology of all the borehole samples are shown in Figure S3. Although the average P-wave
velocity in the lower crust increases from 6 km/s to 7 km/s, there are many low velocity layers
which could be attributed to alteration. On the other hand, the average velocity in the mantle is ~5.7
km/s due to serpentinization. In the original study by Okazaki et al. [2018], the samples were
obtained at random depth intervals, but here we selected the sample at each 10 m interval to
construct the 1D profile of the velocity model (inset of Figure 11) for synthetic seismogram
modelling. We have assumed that the Moho is sharp and included the drilling results in the lower
crust above the Moho. This model could be considered as a velocity model of a core complex where
high velocity gabbroic rocks have been emplaced above serpentinized peridotite [Canales et al.

2008; Davy et al. 2020].
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Figure 11: Synthetic seismograms for the Oman Model: Whole offset (0-45 km) synthetic seismogram
for the given 1D Velocity model at 10 m grid spacing (as shown in the bottom inset), which was obtained
from the Oman borehole lithology [Kelemen et al. 2020]. The detailed lithology and velocity are shown in
Figure S3 [Kelemen et al. 2020]. In the seismogram, a sharp Moho is included at the base of the Oman
velocity model at 10 km depth. Complex reflections and interference at both near offset and far offset are

observed.
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The synthetic seismograms corresponding to this velocity model are more complex as
compared with seismograms for 1D lower crust and MTZ models (Figure 11). We observed
reflection from the seafloor, Pg and a strong amplitude PmP reflection. Due to the presence of
positive and negative velocity fluctuations in the lower crust over the background velocity of 6.5
km/s, we observe few strong amplitude reflections above the PmP arrival starting from zero offset.
Some of the multi-phase reflections merge at 26 km offset and continue as single-phase reflection
up to 44 km offset. Other reflections merge either with the Pg or with the PmP arrivals. The Pg and
PmP arrivals are not observed after 30, and 40 km offsets, respectively. The PmP is not observed
over the entire offset because of large dissipation of seismic energy due to velocity fluctuations in
the lower crust and MTZ. The seismic arrivals below and parallel to the PmP reflection are interbed
multiples due to the velocity structure in the lower crust. Here the Pn refraction is very weak due to
strong and complex reflectivity responses from the lower crust. Also, the Pg and Pn do not become
tangent to the PmP at far offsets due to velocity variations in the lower crust, especially due to the

presence of low velocities (less than 6.5 km/s).

4.5 Synthetic Seismogram for the Bay of Islands Ophiolites

We have also analysed the synthetic seismogram for the velocity model from the Bay of
Islands ophiolites [Karson et al. 1984]. In this model (inset of Figure 12), the velocity linearly
decreases from 6.8 km/s to 6.0 km/s in the lower crust from 9 km to 9.5 km depth, then linearly
increases up to 7.6 km/s at 10 km depth, then decreases from 7.6 km/s to 6.8 km/s at 10.5 km depth,
and increases to 8 km/s at 11 km depth [Karson et al. 1984]. So this model represents layers of
alternate gradients of velocity like a negative (decreasing velocity) and positive (increasing
velocity) gradients over a 2 km thick MTZ. Karson et al. [1984] and Collins et al. [1986] have
carried out near offset reflection modelling, and here we extend these studies from zero to 45 km

offsets.

The whole offset (0-45 km) synthetic seismogram is shown in Figure 12. Two low
frequency reflections start at 7 s and 7.3 s at zero offset, which correspond to the two layers. With
the increase of the offset, the two reflections merge at 27 km offset and continue as a single phase
reflection till 36 km offset. The amplitude of this single phase reflection decreases between 36-38
km offset due to the interference effect. There is another reflection arrival starting at 26 km offset
below the second reflection, which merges with the single phase reflection at 38 km offset and
continues till 45 km. Here we observed multiphase Pn refraction; first, starting at 36 km and the
second at 40 km offset because of the presence of gradient velocity layers in the MTZ. A complex
interference between the Pg and MTZ arrivals gives the appearance that the Pg arrival continue up

to 42 km offset. So, when there is a cluster of gradient velocity layers in the MTZ, we observe
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multiple wide-angle reflections depending on the number of velocity layers which eventually
converge to single phase reflection at far offsets. Also, the presence of velocity layers changes the
waveform of the Pn arrivals.
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Figure 12: Synthetic seismograms for the Bay of Islands Model: Whole offset (0-45 km) synthetic
seismogram for the given 1D Velocity model of the Bay of Islands Ophiolites [Karson et al. 1984], as shown
in the bottom inset. In the seismogram, the low frequency reflections at near offsets become strong two
reflections at intermediate offsets (15 -26 km), merging into one PmP arrivals up to 36 km offset. The Pn

arrival is a double-phase response; one starting at 36 km offset and the other at 40 km.

4.6 Synthetic Seismogram for a 2D Velocity model

We have also created a 2D velocity model inspired from the Bay of Islands ophiolites
[Collins et al. 1986]. The model has a depth of 20 km and extends over 60 km (Figure 13a). The
water depth (3.5 km) and the crustal thickness (6 km) are the same as for the 1D velocity models.
The MTZ is around 3 km thick (between 9.5 and 12.5 km) and has three main interfaces with
heterogeneity between the top and bottom interfaces. These three interfaces are composed of the
gabbro P-wave velocity of 6.7 km/s, wehrlite velocity of 7.9 km/s, harzburgite velocity of 8.1 km/s
and dunite velocity of 8.2 km/s and then the mantle. In the MTZ, the gabbro heterogeneities are
present in the harzburgite and wehrlite layers, as well as harzburgite and dunite heterogeneities in
the gabbro and wehrlite layers. Gabbro and harzburgite sills are present in the centre of the model.

Some dunite sills are present just below the MTZ top interface and gabbro sills are just above the
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MTZ bottom interface. We computed synthetic seismograms for this model using three source

positions, one at either end of the model at 0 and 60 km and one in the centre of the model at 30 km.

We computed a 0-60 km ultra-long offset synthetic seismogram (Figure 13b) for the source
at the left end of the model (source 1). We observed Pg and seafloor reflection. Between 0 and 10
km offset, we observed low-amplitude and multiphase (shingled) PmP reflections. Due to
interference and merging of multiphase reflections, the amplitude of the PmP begins to increase
after 12 km, and becomes maximum at the critical distance of 28 km in this case. The PmP is found
as a continuous and single phase reflection between 28 and 38 km offsets. The PmP reflection
becomes discontinuous and multiphase after 38 km offset, with a substantially higher amplitude
than near offset reflection (0-10 km). The amplitude of the Pg arrival weakens after 24 km offset
and it becomes tangent to the PmP at 28 km offset near the critical distance (inset of Figure 13b),
while the Pn is not tangent to the PmP at the critical distance. The Pn has a low amplitude which
begins at 36 km and lasts until 44 km. Due to the MTZ strong and complex reflectivity response,
the amplitude of the Pn refraction arrival is very weak. The presence of the MTZ interfaces and the
small-scale heterogeneities within the MTZ result in complex and multiphase PmP reflections at
near offset (low amplitude) and far offset (high amplitude), as well as weakening of the Pg

amplitude just before the critical distance and weak-amplitude of the Pn after the critical distance.

We computed synthetic seismograms for the source at the centre of the model (source 2 at
30 km) for a 30 km offset in both directions (Figure 13c). The PmP reflection is multiphase and
discontinuous again between -10 and 10 km offsets. Some of them have a higher amplitude and are
separated by reflections with a lower amplitude. When compared to reflections from 0 to -10 km
offset, the amplitude of the reflections from 0 to 10 km offset is considerably higher. The amplitude
of these reflections decreases until they are -14 km (on the left side) and 17 km (on the right side)
from the source. Due to the interference and merging of multiphase reflections with increasing
offsets, the amplitude begins to increase beyond -14 km and 17 km offsets on both sides. In
comparison to the right side of the model, the PmP reflection is more continuous (and
homogeneous) on the left side. Because of the heterogeneous structure of the MTZ, the PmP

reflection is again complex and multiphase (and discontinuous).

Finally, we computed 60-km ultra-long synthetic seismograms (Figure 13d) for the source at
60 km distance (source 3). In this case, the PmP reflection is more complicated than that in Figure
13b. Between 0 and -5 km, it has a very low amplitude. The PmP reflection is observed as
multiphase (discontinuous) starting at -10 km offset and continue until the end of the model. Its

amplitude begins to increase between -10 and -40 km offsets due to the interference of multiphase
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reflections (inset of Figure 13d). After -40 km offset, its amplitude starts decreasing. At a very far
offset (-38 km), the Pg becomes tangent to the multiphase PmP reflection. Due to the presence of
gabbro heterogeneities (low velocity) in the MTZ, the Pn has a very weak amplitude between -38
and -47 km, and is not tangent to PmP. Due to the MTZ strong and complex reflectivity response,
the Pn refraction shows a very weak amplitude. When compared to the Pn and the PmP observed in
Figure 13b, here, the Pn has a lower amplitude and the PmP has a higher amplitude. Between 28
and 38 km offsets, the PmP is observed as single phase when the source is at the left end of the
model (Figure 13b) and as multiphase (discontinuous) when the source is at the right end of the
model for the same offset range (Figure 13d). The heterogeneous structure of the MTZ is

responsible for the differences in the nature of the PmP reflections at far offsets.
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657 Figure 13: Modelling of a 2D velocity profile: a) 2D velocity model for the Bay of Islands ophiolites
658 recreated from Collins et al. [1986]. The top and bottom interfaces of the heterogeneous MTZ layer are
659 marked by the dashed lines and consist of layers and heterogeneities of gabbro (velocity = 6.7 km/s),
660 wehrlite (7.9 km/s), harzburgite (8.1 km/s), dunite (8.2 km/s). Red stars show the position of three sources
661 for computing the synthetic seismogram. b) Ultra-long 0-60 km offset synthetic seismogram for a 2D
662  velocity model when source 1 is at the left end of the model. Inset shows the waveforms of the Pg, Pn and
663  PmP arrivals between 15-50 km at the reduction velocity of 6.5 km/s. ¢) 60 km long (-30 to 30 km) synthetic
664  seismogram for source 2 at the centre of the model. Inset shows the detailed waveform of the PmP
665 reflections between -10 and 10 km. d) Ultra-long 0-60 km offset seismogram for source 3 at the right end of
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the model. Inset shows the waveforms of the Pg, Pn and PmP between -15 and -50 km offset at a reduction
velocity of 6.5 km/s.

In a nutshell, near offset PmP shows strong amplitude reflection when the MTZ is uniform
and sharp (as observed in 1D models). The waveforms of the PmP and the Pn, however, are affected
by the MTZ complex velocity structure. The near offset PmP amplitude is quite low, but it increases
as the offset increases. The presence of high and low velocity heterogeneities in the MTZ causes the
PmP reflection to be discontinuous (multiphase) and the Pn amplitude to be very weak. Because of
the heterogeneous structure of the MTZ, the interference and merging of multiphase PmP reflection

depend on the source-receiver geometry.

S Discussion
5.1 Lower crustal velocities

In normal oceanic crustal settings, ray-based travel time tomography of Pg arrivals only
samples down to the upper crust-lower crust boundary e.g., [White el al. 1992; Christeson et al.
2010; Christeson el al. 2019; Vaddineni et al. 2021] as Pg and PmP arrivals interfere with each
other and have more or less the same travel times in the case of a positive velocity gradient in the
lower crust (e.g. Figure 6). Therefore, the velocity in the lower crust is mainly estimated using the
arrival times of PmP arrivals, and hence there is a trade-off between the Moho depth and the lower
crustal velocity estimation [Jarchow and Thompson, 1989; White et al. 1992; Jousselin et al. 2012;
Christeson et al. 2019; Vaddineni et al. 2021]. If there is a positive velocity gradient in the lower
crust, the rays must turn in the lower crust, and hence the waveform of the combined Pg and PmP
arrivals should contain information about the lower crust. Using appropriate waveform inversion
strategy, such as elastic waveform inversion [e.g. Shipp and Singh, 2002], one should be able to

retrieve information about the velocity gradient in the lower crust.

Shadow zones are generally observed near the ridge axis, indicating the presence of low
velocity in the lower crust possibly associated with the presence of partial melt in the lower crust
[Toomey et al. 1990; Jian et al. 2017]. Low velocity in the lower crust has been observed using
expanding spread profile over the 118 Ma slow spreading Atlantic crust [Mithal and Mutter, 1989],
otherwise they are rarely observed over the normal oceanic crust. On the other hand, most of the
tomographic inversion results indicate that the velocity increases in the lower crust, say from 6.5
km/s to 7 km/s [Korenaga et al. 2000; Van Avendonk et al. 2001; Holmes et al. 2008; Planert et al.
2009; Christeson et al. 2010], which means Pg arrivals would have a large amplitude at far offsets,
but it would interfere with the PmP arrivals. However, the triplication is likely to be absent due to

the presence of a high velocity gradient in the lower crust. Therefore, the lateral extent of the
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triplication could be used to characterise the velocity gradient in the lower crust, i.e. a wide
triplication may indicate zero or very low velocity gradient in the lower crust whereas the absence
of triplication would suggest a higher velocity gradient in the lower crust. The OBS data shown in
Figure 1 do not have any triplications, suggesting the presence of a positive velocity gradient in the

lower crust, consistent with the tomographic results [Vaddineni et al. 2021].

Waveforms of Pg arrivals are influenced by the structures in the lower crust (Figure 5),
especially by the layering in the lower crust (Figure 5c). Although the high-frequency Pg rays do
not travel through the lower crust, the low frequency wavefields do sample the lower crust. Guo et
al. [2021a] have recently performed full waveform inversion of Pg arrivals using OBS data from the
Atlantic Ocean and discovered the presence of layering in the lower crust. They also show that
layered structures, similar to Figure 3e, instead of gradational layering (Figure 3d), are required to
explain their observation, which is consistent with our analyses (Figure S5c). Therefore, we
recommend that waveform and amplitude based analyses should be performed to extract

information about the lower oceanic crust.

5.2 Amplitude Variation with Offset (AVO) analysis of MTZ reflections

Our synthetic seismogram modelling of the MTZ indicates that the amplitude versus offset
behaviour of the PmP arrivals are different for different velocity structures of the MTZ. Hence, we
performed an AVO analysis for those models in terms of reflection coefficient (RC) [Chapman,
1994; Thomson et al. 1986]. The amplitude (or energy) of the reflected and transmitted waves vary
with the angle of incidence. As the angle of incidence approaches the critical value, the transmitted
P-wave energy goes to zero, and most of the energy is reflected as P-wave. We first computed the
synthetic AVO response for a two-layer model assuming layer 1 as a lower crust with Vp; = 6.5
km/s, Vs; = 3.705 km/s, p1 = 2.778 kg/m?, and layer 2 as a sharp MTZ with Vp, = 8.0 km/s, Vs, =
4.560 km/s, p2 = 2.926 kg/m>. The normalised RC for such two-layer configuration using a layered-
matrix approach [Aki and Richard, 1978] is shown in Figure 14a. Here, we have converted the
angle (in degrees) to approximate offset (in km) assuming the Moho interface at 9.5 km depth. The
RC for the P-to-P and P-to-Sv (P-wave converted to the vertically polarised S-wave) reflections
from the Moho are shown in Figure 14a, where P-P RC is 0.12 at zero offset and gradually
decreases with offset up to 20 km and then increases suddenly to a peak value of 1.0 near the
critical angle (~54°) at an approximate distance of 24 km. The RC for P-P remains high in the post-
critical regime, but two peaks are observed, one associated with the P-wave critical angle and the
other with the S-wave critical angle. The RC for the converted S-wave is zero at zero offset then
slowly increases and becomes maximum at ~16 km before decreasing to zero at the critical offset,

and then again increases beyond 24 km offset. Note the inverse correlation between the P-P and P-
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742  Figure 14: Amplitude versus offset (AVO) for MTZ models: a) Normalised reflection coefficient (RC) as
743 a function of angle (offset) for a simple two layer model containing lower crust and upper mantle with the
744 Moho as an interface. The incident angle is converted to approximate offset assuming the Moho interface at
745 9.5 km and the crustal velocity of 6 km/s. b) Normalised PmP AVO for the four different models for MTZ as
746 shown in Figure 3: sharp (black line), gradient (red line), staircase (green line) and layered (blue line). ¢)
747 Normalised PmP AVO for different thicknesses of gradient MTZ starting from 100 m to 2000 m. The gap
748  between 7 and 14 km is due to interference with seafloor reflection.
749
750 To extend the above analysis to a realistic case, we compared the reflection amplitude for
751  various MTZ models in which the amplitudes corresponding to the PmP reflections are extracted
752  from synthetic seismograms for the different models discussed above. First, the normalised PmP
753  AVO for the four MTZ models (sharp Moho, gradient Moho, staircase Moho, layered Moho) are
754 shown in Figure 14b. For the sharp and layered MTZ, the amplitude decreases up to 5 km offset.
755 We do not show the amplitudes of the PmP arrivals between 7 and 14 km offsets because of the
756 interference of the PmP arrivals with the seafloor reflection and the Pg multiple arrivals. Beyond 14
757 km offset, the amplitude for the sharp and the layered Moho rapidly increases, attain the first peak
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value near the critical distance at ~23 km offset and the second peak at ~30 km offset. Between 23-
30 km offset, the amplitude corresponding to the layered MTZ shows a complex behaviour due to
the layering of the velocity below the sharp MTZ. Compared to these two models, the amplitude of
the PmP arrival for the staircase Moho is low from zero up to 24 km offset due to the absence of
strong PmP reflection, and it suddenly starts increasing after 24 km offset, with a very large narrow
peak at 33 km offset (critical distance) where a strong amplitude Pn arrival is tangent to PmP arrival
(Figure 8b). On the other hand, for the gradient MTZ, the PmP amplitude is zero at zero offset and
starts increasing after 22 km offset as observed in the synthetic seismograms (Figure 8a), with a

peak at 33 km but over a slightly wider offset range as compared to the staircase MTZ.

We observed two peaks for the PmP reflection amplitudes for the sharp and layered MTZ, as
indicated by the simple two-layer model (Figure 14a), but only one peak for the gradient MTZ and
staircase models in a narrow offset range around 33 km. To understand the transition from one
peak to two peaks, we extracted the PmP amplitudes for different gradient MTZ models where the
MTZ thickness increased from 300 m to 2000 m at 100 m interval. The corresponding AVO
response is shown in Figure 14c. As expected, the lower the thickness of the gradient MTZ is the
higher the amplitude of the PmP reflection is at near offsets (0-5 km). When the thickness of the
MTZ is more than 1100 m, the PmP amplitude is zero at the zero offset. After 14 km offset, the
PmP amplitude gradually increases with increasing offset. When the thickness of the MTZ is less
than 1400 m, we observed two peaks in the AVO response: first in the offset range of 22-27 km and
the second in the 31-33 km range. Furthermore, the critical distance increases with increasing
thickness of the MTZ. The PmP AVO for models with a thickness greater than 1400 m shows only
one peak in the offset range of 30-34 km along with the increase in the critical distance with
increasing offset. So the transition from two broad high amplitude peaks to a single narrow peak in
the AVO response depends on the thickness of the MTZ. Our results indicate that when the
thickness of the MTZ is less than ~1.75 times of dominant seismic wavelength (which is 800 m in
our case because the dominant frequency of the source is 10 Hz and the P-wave velocity at the
Moho is 8000 m/s), there are two high amplitude peaks for the PmP reflection in AVO response.
Also note that the AVO response shown in Figure 14a is based on single-layer-matrix calculation
whereas the normalised PmP amplitudes are extracted from synthetic seismograms which are
obtained from the finite difference solution and hence we were able to capture the frequency
dependent (MTZ thickness or structure) nature of PmP reflections. These results confirm the above
analyses demonstrating that the PmP arrivals for a thick MTZ (gradient or staircase) lie in a narrow
offset range around the critical distance. It should be noted that the location of the offset range

around critical distance will depend on the crustal thickness and the velocity in the crust. The
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presence of a broad high amplitude PmP arrival in the real data shown in Figure 1 indicates that the

Moho is likely to be a sharp boundary [Vaddineni et al. 2021].

The above analyses indicate that some insight could be obtained about the MTZ from the
AVO analyses from high-quality zero offset to 40-45 km offset data. However, in real world, we
either have Moho reflections at near offsets from MCS data or wide-angle PmP arrivals from ocean
bottom seismometer data (OBS) over 15-40 km offset range with the interference of the Pg and Pn
arrivals around the critical distance (Figure 1). Since the offset range in the MCS is short and the
signal-to-noise ratio for OBS data is generally low, especially when the seafloor morphology is

rough, the AVO analysis for MTZ has never been performed.

5.3 Limits of the present study and suggestions for the future:

We have mainly focused on 1D structures in the lower crust and MTZ for certain crustal
velocity structures and upper mantles, with one case of 2D model, based on the Bay of Islands
ophiolites. Our findings will change depending upon the change in these parameters. Furthermore,
the Earth is 3D visco-elastic anisotropic, and one has to take all these effects into account in
quantifying the nature of the MTZ. The presence of 3D structures would create more complex
waveforms and amplitude versus offset variations, whereas the attenuation due to visco-elasticity

will cause a decrease in amplitude with offset, and may even change the waveforms.

Secondly, most of near offset data are acquired using 3-6 km long streamers and wide-angle
data using OBSs sparsely deployed on the seafloor where the signal-to-noise ratio is generally very
poor, and hence these data are not suitable for the type of analyses suggested here. In order to
provide a quantitative information about the lower crust and MTZ, one would require high-quality
multi-channel type data recorded from 0 to 40-50 km, with a shot interval of 100-200 m. To obtain
such an offset, we suggest to acquire two-vessel data, with each vessel carrying 15-km long
streamers and identical sources, spaced at 30 km, moving in the same direction and shooting
alternatively (Figure 15). When Vessel 1 shoots, these shots will be recorded on Streamer 1,
providing offsets of 0-15 km (black arrows), which will also be recorded by Streamer 2, with offsets
from 30 to 45 km (orange arrows). When Vessel 2 shoots, the data will be recorded by Streamer 1
recording an offset range of 15 to 30 km (green arrows), and also by Streamer 2 recording a
duplicate of the 0-15 km offset range. Each vessel will shoot at 100 m interval in an alternate mode.
As data recording will be continuous, the two vessels data could be arranged in such a way that a

continuous offset range from 0 to 45 km can be achieved at 100 m shot interval.
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Figure 15: Ultra-long offset seismic reflection data acquisition design: 0-45 km long offset novel two-
ship survey design with ray diagrams, each vessel carrying a large source and a 15 km long streamer. Each
vessel carries 15-km long streamers and identical sources, spaced at 30 km, moving in the same direction and
shooting alternatively. Shots from Vessel 1 recorded on Streamer 1 will provide 0-15 km offset MCS data
(black arrows), and shots recorded by Streamer 2 will provide 30 to 45 km offset data (orange arrows).
Shots from Vessel 2 recorded by Streamer 1 will provide 15 to 30 km offset data (green arrows). OBSs are

placed on the seafloor.

Mithal and Mutter [1989] have shown using expanding spread profile, where MCS
technology was used, one could record Moho reflections continuously starting from zero offset to
post-critical distance. Guo et al. [2021a] have recently demonstrated that the full elastic waveform
inversion of Pg arrivals could retrieve information about the lower crustal layer. Neves and Singh
[1996] have indicated that full waveform inversion of continuous MCS seismic data from zero
offset to critical angle could provide complete information about the sub-surface with a resolution
of the quarter of the wavelength. Therefore, 2D elastic full waveform inversion of 0-45 km MCS
type data should provide complete information about the lower crust, the MTZ and the structure of
the upper mantle. One should note that wide-angle reflection amplitude from the lower crust and the
MTZ do not simply depend on the P-wave velocity but also depends on the S-wave velocity, and
therefore, elastic, not acoustic, waveform inversion should be used to characterise the lower crust

and the MTZ.

Figure 14 indicates that the reflection coefficient suddenly increases from ~0.10 at 20 km
offset to ~1.0 at 24 km offset, and shows a complex behaviour between 24 and 32 km offset, which
may pose some problems in applying conventional waveform inversion [Shipp and Singh, 2002].
In this case a global search algorithm should be used. Guo et al. [2021b] have applied a global

search algorithm based a Bayesian Monte Carlo approach to a limited offset OBS data, and showed
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that the MTZ could be equally explained by a sharp and a layered MTZ. However, by having a
good starting velocity model based on 0-45 offset continuous PmP arrivals, this non-linearity in

waveform inversion could be mitigated.

6 Conclusions

The waveform and interaction of Pg (crustal refractions), PmP (reflection from the Moho)
and Pn (upper mantle refraction) are studied by analysing synthetic seismograms for a suite of 1D
velocity models of the lower crust and the MTZ and a 2D model inspired from the Bay of Islands

ophiolites. The following conclusions can be drawn from our modelling studies:

1. The wide-angle seismic reflection response of the MTZ does not only depend on the velocity

structure of the MTZ but also on the velocity structure in the lower crust.

2. The size and the lateral extent of the triplication involving Pn, Pg and PmP arrivals depend on

velocity gradient in the lower crust and the nature of the MTZ.

3. The amplitude of near-offset Moho reflection decreases as the thickness of the gradient MTZ

increases, and becomes zero when the thickness is greater than 1100 m.

4. The amplitude variation with an offset (AVO) analysis of MTZ models suggests that the critical

distance increases linearly with the increase in the thickness of the MTZ.

5. When the thickness of the MTZ is less than ~1.75 times the dominant seismic wavelength, two
high-amplitude peaks for PmP reflections occur at critical distances associated with P- and S-wave

velocities.

6. For a thicker MTZ only one large peak at large offset is observed, suggesting that AVO analyses

could provide information about the MTZ.

Our study indicates that a continuous recording of 0-45 km offset data using MCS technology with
a source spacing of 100-150 m combined with elastic full-waveform inversion should provide a
complete information about the elastic properties of the lower crust, MTZ and upper mantle. These
results combined with an effective medium theory analysis [Taylor and Singh, 2002] and rock and
mineral properties [Hacker and Abers, 2004] would allow to predict lithology, which in turn would
help to shed light upon the physical and chemical processes responsible for the formation and

evolution of the oceanic crust and upper mantle.
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