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Abstract :

The Demerara Plateau (offshore Suriname and French Guiana) is located at the junction of the Jurassic
Central Atlantic and the Cretaceous Equatorial Atlantic Oceans. The study of its crustal structure is
fundamental to understanding its tectonic history, its relationship with the adjacent oceanic domains and
to enlightening the formation of Transform Marginal Plateaus (TMPs). This study presents two wide-angle
seismic velocity models from the MARGATS cruise seismic experiment, and adjacent composite seismic
reflexion lines. The plateau itself is characterized by a 30 km thick crust, subdivided into three layers,
including a high velocity lower crust (HVLC). The velocities and velocity gradients do not fit values of
typical continental crust but could fit with volcanic margin or Large Igneous Province (LIP) type crusts. We
propose that the, possibly continental, lower crust is intruded by magmatic material and that the upper
crustal layer is likely composed of extrusive volcanic rocks of the same magmatic origin, forming thick
seaward dipping reflector sequences tilted to the west. This SDR complex was emplaced during hotspot
related volcanic rifting preceding the Jurassic opening of the Central North Atlantic and forming the
present-day western margin of the plateau. The internal limit of the SDR complex corresponds to the
future limit of the eastern margin. The Demerara Plateau would therefore be an inherited Jurassic volcanic
margin boarding the Central Atlantic. This margin was reworked during the Cretaceous at the eastern limit
of the Jurassic SDR complex, creating the present-day northern transform margin and the eastern
divergent margin along the Equatorial Atlantic. This study also highlights the major contribution of thermal
anomalies such as hotspots and superposed tectonic phases in the history of TMPs, which share a great
number of characteristics with Demerara.
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Introduction

Marginal plateaus are defined as submarine <eaiizor highs with a flat (or sub-
horizontal) top, located deeper than the shelf break 'viu.'n the continental slope (Mercier de
Lépinay et al., 2016). They are often located at the iunc..2on between two oceanic domains of
different ages (Mercier de Lepinay et al., 2013'. Fecently, the sub-category of Transform
Marginal Plateaus (TMP) was defined, fr. (hos> marginal plateaus bordered by at least one
transform or oblique margin (Loncke et ai., 2019). According to these authors, most of these
plateaus are associated with at least oric major volcanic event during their evolution. TMPs
are therefore geodynamic nodes that I ave possibly recorded polyphase tectonic and magmatic
histories. Their study provides ii,*armation on ocean opening processes, break-up conditions,
and the thermomechanical evc'uun of continental margins.

The Demerara P'~tecr is a transform marginal plateau located offshore South
America, on the Frer.c> Criuna-Suriname margin, at the junction between the Equatorial and
Central Atlantic (Figure .). Several academic and industrial data sets have been acquired in
this region over the past 20 years. The quantity and diversity of these data make it an ideal
place to study the formation and evolution of a TMP. Although the surface and shallow sub-
surface of the plateau have been intensively investigated (Gouyet, 1988; Campan, 1995;
Greenroyd et al., 2007; Basile et al., 2013; Pattier et al., 2013; 2015; Loncke et al., 2009 and
2016; Mercier de Lépinay, 2016; Tallobre et al., 2016; Fanget et al. 2020), the deeper part of
the plateau, located under a thick sedimentary cover has been little investigated.

The primary objective of this paper is to describe the deep crustal structure of the
Demerara Plateau. To address this objective, we adopted two geophysical. Firstly, academic

deep penetrating multichannel reflection and wide-angle seismic data acquired during the



MARGATS (IUEM/Ifremer) oceanographic experiment on the R/V L’Atalante in 2016 were
modeled and interpreted. The processing of the wide-angle data results in two velocity models
that span the eastern part of the plateau, crossing the eastern divergent edge. The second
dataset of Multi-Channel Seismic (MCS) lines includes several sets of deep-penetrating
reflection seismic data imaging down to 16 seconds two-way travel time (TWT). The
combination of velocity and geometry of the layers allows a robust interpretation and is used
to propose the chronology and processes that led to the formation of the plateau.

Figure 1: Bathymetric map of the Demerara Plateau and surrcunding area. Location of the
seismic profiles are indicated by black and red lines and frac.'ire .ones by white dashed lines.
The Southern Limit of the Equatorial Atlantic (SLEA) sep.'rate 5 the Jurassic Central Atlantic

southward and the Cretaceous Equatorial Atlantic dumain northward. The green line

underlines the northern trar fo:m margin.

1. Geological context

About twenty submarine plateau. worldwide have been classified as TMPs (Loncke et
al., 2019). While some of them hav: heen extensively studied, such as the Walvis Ridge
(Gladczenko et al., 1998; Ellioft ot al., 2009; Fromm et al., 2017; Planert et al., 2017), others
remain poorly known, partly .'te (9 their inaccessibility (e. g. Gunnerus Ridge: Leitchenkov et
al., 2008). Their tectonic his.2:y is complex since they frequently combine different rifting
phases and large m-y™Mai~ events. Different geological processes have been proposed to
explain the evolution rf TMPs. For example, the Falklands-Malvinas TMP underwent a
volcanic episode during its Jurassic break-up which was associated with the Karoo hotspot
province (Barker, 1999; Schimschal et al., 2018, 2019).A second phase of opening in the
Lower Cretaceous leading to the creation of the largest transform margin in the world
(Loncke et al., 2019), whereas the Hatton-Rockall TMP underwent a phase of volcanic
underplating (White et al., 2008, White and Smith, 2009) or the development of a volcanic
margin (Welford et al., 2012) during its second opening phase.

Several geological events are involved in the formation of the Demerara Plateau. First,
it is connected to the Guyana shield, a vast province extending from Venezuela to Amapa (NE

Brazil), which is mostly composed of rocks emplaced during the Trans-Amazonian orogeny



between 2.26 and 1.95 My in Paleoproterozoic times. It is the western continuity of the
western Africa craton providing evidence that South America and Africa were joined within
Gondwana before the opening of the Atlantic Ocean (Figure 2e). The opening of the Central
Atlantic Ocean is predated by a major magmatic episode corresponding to the Central Atlantic
Magmatic Province (CAMP ; Marzoli et al., 1999): a region of intense magmatic activity
dated at 200 My, extending over 2.5 million square kilometers and expressed in Guyana and
Guinea by dense networks of doleritic dykes. The Sierra Leone hot spot may have been
associated with the CAMP province before it localized in the Demerara area at the end of the
lower Jurassic (Basile et al., 2020).

When rifting that led to the Central Atlantic openi:ig initiated, the region now
occupied by the Demerara Plateau was connected to Floric» (Bahamas) to the NW and to
western Africa (Guinea) to the NE (Figure 2d). The centr. | Av'antic separates North America
and Africa approximately following the hercynian ornae.,v from the Newfoundland fracture
zone in the north to Guyana-Surinam in the south '“!icgord et Schouten, 1986), and was
characterized by a NW-SE opening direction (~gure 2 d). At that time, the Guinea and
Demerara Plateaus formed, the eastern dive:aend. margin of the southern Central Atlantic
(Figure 2 d and c). It is precisely this phe e that led to the formation of the western continental
margin of the Demerara Plateau along the easiern side of the present Guyana Basin (Labails et
al., 2007) (Figure 2c). This weste.n “cider was oriented perpendicular to the divergent
opening direction and separated . Lemerara Plateau from the Bahamas Platform (Figure
2b).

Then during upper “retaceous, the Equatorial Atlantic separated Africa from South
America following the ‘race of Panafrican orogeny whose geodynamical models predict a
suture offshore northeast Guyana (Figure 2b). Older Jurassic structures were then cut to the
north and to the east and the Guinea and Demerara Plateaus separated (Figure 2b). This
opening phase is complex, with a probably change of the opening direction around the
Albien-Aptien (Campan, 1995). Studies of oceanic fracture zones show a dextral shift at the
paleo-limit between the Demerara Plateau and the Guinean Plateau, highlighting the existence
of a transform or oblique fault (Campan, 1995) (Figure 2b). Kinematic reconstructions
(Moulin et al., 2010) propose the eastern margin of Demerara as a divergent margin (Figure
2b and a), which seems to be confirmed by large normal faults visible in the seismic data,
forming large basins filled by Cretaceous sediments (Sapin et al., 2016). To summarize, the
northern border of the Demerara Plateau is a transform margin whereas the eastern border
form a divergent margin of the western Equatorial Atlantic.
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After the Mid-Cretaceous, only vertical movements, recorded by sedimentation,
affected the plateau. A regional shallow water (wave-cut) or subaerial major erosion phase
during the Upper Albian led to a discordance between ante-Albian and younger sediments,
visible on the seismic lines (Basile et al. 2013). The Demerara Plateau has been subsiding
since then, although experiencing several large vertical movements (Sapin et al., 2016).
Inclination of the sedimentary layers indicates that the plateau has undergone several minor
tilting phases (Gouyet et al., 1988).

Figure 2: Geodynamic reconstructions (South America fixed) nt \ne Central and Equatorial
Atlantic (rotation parameters from Muller et al., 2016): a) Prc-er.c day, Demerara (D) and its
conjugates: Guinea Plateau (G) and Bahamas (B), FZ: +var.ure Zones, SLNEA : Southern
Limit of the Northern Equatorial Atlantic; b) Reconsuw~tiun at 80 Ma; ¢) Reconstruction at
120 Ma; d) Reconstruction at 160 Ma; d) Reconstruc*io.” at 200 Ma. PFC Panafrican Chains.

1.1. The superficial structure of the L">rerara Plateau

Previous studies (Loncke et al., 2109; Pattier et al.,, 2013 and 2015) using high
resolution seismic and bathymetric au*a prove the existence of series of stacked Mass
Transport Deposits (MTDs) or deep- ie¢ted collapses along the plateau that have recorded a
history of large-scale slope fail'i >s. 1 hose studies also reveal the existence of sets of normal
faults that provide possible patiivays for upward fluid migration through the sedimentary
series and the uppermost *1 2%, The development of the MTDs results from the combination
of the presence of flu.4 v = pressure, the internal geometry of the margin, the stratigraphic
decollements within the Zenozoic series (Pattier et al., 2015), and at least since Miocene, the
action of deep bottom thermohaline currents regularly eroding the slope (Fanget et al., 2020).

Within the plateau, E-W to WNW-ESE trending folds related to a period of
transpression dated latest Aptian - early Albian (Benkhelil et al., 1995; Mercier de Lépinay,
2016) are sealed by a well imaged regional unconformity (Basile et al., 2013). Some of these
folds are cut by normal faults related to the transform margin formation during the Mid/Late
Albian. The end of the shortening is probably related to a plate kinematic reorganization
around 105 My ago, that modified the strain field in the vicinity of the transform fault and
remained active until the Upper Cretaceous (Benkhelil et al., 1995; Basile et al., 2013).



Along the transform margin, the northern slope provides a useful cross section into the
deeper part of the plateau outcropping at the seafloor. Dredges (DRADEM cruise; Basile et
al., 2017) along the transform margin have recovered magmatic rocks: fresh basalts, rhyolites,
trachy-basalts and basaltic trachy-andesites. Rhyolites were dated to 173.4 + 1.6 Ma (Basile et
al., 2020). All samples share similar patterns in trace elements (Basile et al., 2020). They are
Light Rare Earth-enriched, and present positive anomalies in Nb, Ta, Zr and Hf, typical of
ocean island basalts (OIB), and thus indicate a possibly hotspot-related magmatic event.

These analyses support the hypothesis of a volcanic origin of the plateau (Reuber et al., 2016).

1.2. The deep structure of the Demerara Platea.!

The deep structure of the Demerara Plateau was firs. imaged by wide-angle seismic data,
along a 500 km SSW-NNE oriented line from the cu2st ~o the deep oceanic domain through
the ocean-plateau transition and the Cretaceous t"u.>sform or oblique margin (Greenroyd et al.,
2008; see location of this line on Figure 10). fsasca on variations in Moho depth and velocity
structure, the authors propose three d’«fer:nt domains: a continental domain, a thinned
continental crust plateau domain, anc a weh-defined oceanic domain. The continental nature
of the plateau itself was proposed dv. .~ ti.e absence of unequivocal lateral velocity variations
between the shelf and the plateau u.me.ns (Greenroyd et al., 2008).

The Demerara Plateau was 2also imaged by several deep seismic reflection surveys for
industry purposes (Reuber v* al , 2016). Interpretations of the MCS data reveal the existence
of distinct fan-shaper genlocical units composing parts of the crust, increasing in thickness
from east to west. The upy er part of the crust is composed of a 20 km thick layer comprised of
a large complex of superimposed wedges thickening towards the Jurassic margin (Reuber et
al., 2016). Based on the observed geometry, these sequences were proposed to be Seaward
Dipping Reflectors (SDRs; Reuber et al., 2016).

Below these units, the deepest unit is highly deformed and deeply affected by what are
likely be magmatic intrusions (Reuber et al., 2016). Alternatively, this might also represent a
geological unit pre-dating the opening of the central Atlantic and including a basement
composed in part of meta-sediments corresponding to the Guiana Shield (Precambrian craton)
(Mercier de Lepinay, 2016). Reuber et al. (2016) proposed the existence of a "volcanic
igneous crust” formed by magmatic processes during the Jurassic opening in relation to the



SDR wedges formation. These elements have led to reinforce the hypothesis of a crust of
volcanic origin of the Demerara Plateau rather than continental as proposed by Greenroyd et
al. (2008).

One of the main objectives of this study is to add new elements to the debate on the nature
of the Demerara Plateau using deep-sounding seismic reflection and new wide-angle seismic
data.

2. Acquisition and processing of the seismic Jdata
2.1. The MARGATS cruise

The MARGATS deep seismic cruise took ple.c on the R/V L’Atalante from October
20™ to November 16" 2016, offshore French Guiana an. Suriname. We used 80 ocean-bottom
seismometers (OBS) for 171 deployments. b2y were deployed along four combined
reflection and wide-angle seismic profiles /Eiy.'re 1). The seismic source consisted of a 6500
inch® airgun array fired every 60 seconds .~-ulting in a 150 m shot spacing. Seismic data were
recorded by a 3 km-long Sercel digi.nl streamer (480 channels). This paper presents two
coincident reflection and wide-anglc cer-.nic lines on the eastern part of the plateau: the NE-
SW MARO01 (56 OBS) profile cossiag the eastern divergent margin at its intersection with
the northern transform margin a1 the WNW-ENE MARO02 (37 OBS) profile intersecting the
eastern divergent margin. ~!! ()BS data were corrected for time drift and spatial drift that
occurred during the des-ent to the seafloor using direct arrivals and converted to SEGY
format according to seisir ic shots. The OBS data is of extremely high quality with offsets of
usable arrivals of up to 200 km on some instruments (Figure 3, Figure 4, Figure 5 and Figure
6). The arrivals from the different crustal layers (upper, middle, and lower crust) were
identified by their apparent velocities, amplitudes and arrival times. The picking of all phases
was undertaken, where possible, on unfiltered data. However, along noisy parts of the sections
a bandpass filter with the corner frequencies of 3-5-18-24 Hz was used. Based on these
identifications, the wide-angle seismic sections can be separated into two main groups
(examples are shown in Figures 3, 4, 5 and 6). The first group includes stations located in
shallow water depths on the plateau (Figure 3 and 6 for Profile 1 and 2, respectively) and are

therefore characterized by numerous multiple arrivals and a relatively high noise level,



requiring the use of bandpass filtering. The arrivals of the Moho reflection (PmP) and upper
mantle turning rays (Pn), if present, can be typically identified at offsets larger than 70 km,
indicating a thick crust in this region. Only a few and short arrivals from sedimentary layers
were recorded. The second group comprises the stations situated in the oceanic domain
(Figure 4 and 5 for Profile 1 and 2, respectively). Here, the PmP and Pn phases arrive at
shorter offsets, due to a thinner crust and a Moho situated at a shallower level. The
sedimentary phases are longer for the stations located along the sedimentary basins. Data
from the seismometers located along the slope of the plateau are characterized by a large
asymmetry with arrivals belonging to the first group towards the plateau and the second group
towards the ocean. Data from the seismometers located along *he slope of the plateau are
characterized by a large asymmetry, with arrivals from the pl3tea: on the one hand, and from
the ocean on the other. The reflection seismic data with & CD > spacing of 6.25 meters and a
22 fold coverage were first quality controlled. They e, > pre-processed on board using the
SolidQC software from Ifremer and processing w.~ completed ashore using Geovation
software (CGG). The processing included filteriny deconvolution, NMO correction, stacking,

velocity analysis, and time migration.

Figure 3: Data section of OBS 13 i.Irny, the MAROL profile. (a) Interpretation of the seismic
section with annotation of each ‘denufied phases: sediment layers (Sed1, Sed2), Upper crust
(Uc), Middle crust (Mc), Lrwe~ crust (Lc), and Moho reflection (Pmp). (b) Uninterpreted
seismic section. (c) Synti.otir, arrivals calculated from the final velocity model MAROL.

Figure 4 : Data section of OBS 32 along the MAROL1 profile. (a) Interpretation of the seismic
section with annotation of each identified phases (same legend as Figure 3; Mantle refraction
(Pn)). (b) Uninterpreted seismic section. (c) Synthetic arrivals calculated from the velocity
model.

Figure 5: Data section of OBS 14 along the MAROZ2 profile. (a) Interpretation of the seismic
section with annotation of each identified phases (same legend as Figure 2). (b)
Uninterpreted seismic section. (c) Synthetic arrivals calculated from the velocity model
MARO2.



Figure 6: Data section of OBS 29 along the MARO2 profile. (a) Interpretation of the seismic
section with annotation of each identified phases (same legend as Figure 3). (b)
Uninterpreted seismic section. (c) Synthetic arrivals calculated from the velocity model
MARO?2.

Wide-angle data were modeled using the RAYINVR foi . ‘ard modelling software (Zelt
& Smith, 1992). The resulting models comprise discrete laye rs a\ fined by depth and velocity
nodes. During the modeling process, the theoretical arrive s 1. om a two-dimensional velocity
model were calculated and the model was changed to fit “he theoretical arrival times with the
picked travel-times from the OBS sections. Addition.'lv. .n parts of the model a damped least
square inversion has been used to improve the fi* {Zelt & Smith, 1992). The superficial layers
(from the seafloor down to the top of the crus:) v.z.e further constrained by bathymetric data
and the coincident MCS data. We usec a riinimum structure/parameter approach to avoid
inclusion of structures unconstrained by tn¢ data and gravity modeling to test the broad

structure of the velocity models.

2.2. Error estimation

The quality of the fit s indicated by the RMS (root-mean-square) travel time residual
for all phases of each arrizal. A total of 24074 travel-time picks were used forprofile MARO1
and 14218 for MARO2. The resulting RMS travel-time residual is 128 ms for MARO1 and
137 ms for MARO2. RMS errors for all phases are listed in Table 1. The quality of the final
velocity model was tested by several methods: gravity modelling, synthetic seismogram
calculations using the finite difference modelling code from the Seismic Unix Package
(Stockwell, 1999; Stockwell & Cohen, 2003), and a Monte-Carlo inversion (Loureiro et al.,
2016).



The model resolution can be assessed by the number of rays passing through each
velocity node (Figure 7c and 7f). It is therefore dependent on the number of velocity nodes in
each layer (Figure 7a and 7d). A node is considered to be well constrained at values larger
than 0.5 in the resolution (Figure 7c and 7f). The ray density shows the number of rays in

each cell of the velocity model (Figure 7b and 7e).

Figure 7: Uncertainty calculation on MARO1 and MARO2 velocity models. (a and d) Position
of each layer, with the nodes. (b and e) Hit-count for velocity (g. ‘dded and colored). (c and f)

Velocity resolution. Only the constrained arcas a e colored.

In the MARO1 model, we observe that the resolution is sat.~far tory in the sedimentary part, as
well as in the upper crust and the middle crust (Figuc ”c,. The terms "upper”, "middle" and
"lower" crust refer only to an organization (crust divide: into three layers) and do not refer at
this stage to geological concepts. Less well constrained areas are: 1) the lower crust between
100 and 230 km model distance at a depth o1 ?6 to 31 km, and 2) the upper mantle (Figure
7e). The MARO2 model is well constrai>24 along most of the profile, even for the deeper
layers (Figure 7f). However, a small port of the lower crustal body is very poorly covered by
seismic rays between 120 and 150 [ 1 ,odel distance at 12 to 18 km depth. The thinning of
the lower crustal layer is related fo a significant decrease in resolution and the small number
of hits related to the geometrv. Then, the lowermost part of the crust appears poorly resolved
as ray-paths are complicated and arrivals are perturbed by two highly irregular interfaces
(Figure 7c).

The synthetic se:zmograms (Figure 3c, Figure 4c, Figure 5¢ and Figure 6¢) provide
additional constraints for velocity gradients of all layers. The input velocity model was
calculated from the 25 m lateral and 10 m depth intervals sampling of the forward velocity
model. Overall, along both profiles, the synthetic seismograms favorably reproduce the
amplitudes and arrival times of the OBS data, showing that the velocity models take into
account the majority of the observed phases (Zelt, 1999).

Our error analysis diagrams estimate model uncertainty (Figure 8). These figures were
based on simulating the same modelling process, but on models with systematic variations of
velocity and depth of crustal layers. The result is a diagram showing the relative RMS error,
as a function of depth, speed, and the number of points used, for a single phase. The final
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velocity models are clearly positioned in the well-constrained part of the model (zone where
the RMS is minimal) and describe a maximum number of travel times picks. We carried out
these simulations for the middle crust and Moho phases of each velocity models as the
sedimentary layers are additionally constrained by the MCS data (Figure 8). The results show
that the current models (black cross in Figure 8) are located in the best-constrained areas
(minimum RMS, with little variation in velocity and depth, and maximum number of points
used). These diagrams show that the error range is small: +- 0.2 km/s (Figure 8). For the
depth, the error range for the middle crust is relatively small, around 0,5 km. According to the
number of point used, the error range at the Moho is around +0,4/-0,4 km for MARO1 and
+0.6/-0.4 km for MARO2 (Figure 8).

Figure 8: Velocity anomaly diagrams for the "Mic'u:~ ¢ ust™ and "Moho" phases of the
MARO1 and MARO2 velocity models. The horizonta, ax¢.s represent velocity perturbation s
and the vertical axes depth perturbations. The color. rep.esent the RMS error resulting from
these perturbations. The black contours repr :sent the number of points explained by the
calcativi.

2.3. Gravity modeling

As densities and seismic ‘el "tues are proven to be well correlated, the calculation of
a predicted gravity anomaly ca be used to verify and extend the seismic model. The Ludwig,
Nafe & Drake law (Ludwig et a ., 1970) was used to convert seismic velocities into densities.
Then, polygons of con<tant density along each modeled layer were constructed with the
“Gravmod” software (Zei’, 1999). The predicted anomaly calculated from the gravity model
and derived from the velocity model can then be compared to the free-air gravity anomaly
obtained from satellite altimetry (Sandwell & Smith, 1997).

Figure 9: (A) Free-air Gravity map (Sandwell & Smith, 1997) used to localized the two
profiles. (B) MARO1 and (C) MARO2 profiles, gravity model calculated from the gravity
model and derived from the velocity model (red line). Gravity anomaly extracted from free-air
anomaly (black line) (Sandwell & Smith, 1997). The dotted black lines represents an error
margin of +5 mGal. In red, location of the 4 OBSs data shown in Figure 2,3,4 and 5.In black
the first and last OBS of the lines.
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The fit between the predicted density anomaly and the measured anomaly is good for
profile MARO1 (Figure 9B). The region at 250 km model distance is particularly well
reproduced. Most of the modeled values are included in an acceptable error margin of +5
mGal. Nevertheless, a notable difference in trend exists around 200 km of model distance,
where a more pronounced negative anomaly could not be modelled (the difference reaches
about 30 mGal maximum). The overall gravity map (Figure 9A) supports our suggestion that
this difference may be explained by a local 3D effect, as the profile is slightly offset from a
local gravity anomaly at this location (Figure 9A and B: near the OBS 27). There is another
difference between 260 and 350 km in this MAROL1 profile. It is difficult here to obtain a good
fit because this area probably correspond to the location of trar..*arm oceanic faults resulting
in a heterogeneous area with potentially massive lateral varic‘ion: in the crust. Consequently,
we also attribute this misfit to 3D effects. For profile 'MAKJ2 the difference between the
curves is relatively constant along the profile (all incliaed or very close to the £5 mGal error
margin), and the trends are similar (Figure 9A). ™erall, the two gravity models are

satisfactory and confirm the robustness of the ve'o: ity models.

2.4. Seismic reflection data

The second set of data used in this swrly was provide available by Total SA. It consists of
approximately 120 high-penetraw..nn reflection seismic profiles acquired by Fugro, CGG and
ION (Figure 10). These data ~re -ecorded respectively up to 12, 8 and 16 seconds two-way
travel time (TWT).

Figure 10: Bathymetiic map of the Demerara Plateau. The coloured lines correspond to
reflection seismic profiles. Each colour corresponds to a specific dataset: in red ION GXT
data with 16s (TWT) recording time, in blue CGG data with 8s (TWT) and in green Fugro

data with 12s (TWT). The location of the two wide-angle models is indicated by orange lines.

The two composite lines used are indicated in black (BB’) and purple (AA’). The location of

the previous velocity model (from Greenroyd et al., 2007) and the well FG2-1 (described by
Mercier de Lépinay et al., 2016) is also shown

The age and nature of the different units is partially constrained by well data (FG2-1 drill

described in Mercier et al., 2016; location on Figure 10).
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3. Results
3.1. Wide-angle seismic data

The MARO1 velocity model is 410 km long (56 OBS), the MARO2 profile is 270 km-
long. They include seven layers: the water column, two sedimentary layers, three deep layers,
and the mantle layer. The water velocity on both profiles was set to 1.51 km/s based on the
first reflection arrivals in the OBS data. Two sedimentary layers were modeled along both
profiles with a variable thickness between 1-2 km. Based on crustal velocities and layer
thicknesses, the final velocity models were divided into thre> domains, plateau, transition
zone and oceanic domain (Figure 11).

Along both MARO1 and MARO2 lines, the deep liyei: have a combined thickness of
around 25 km. The first two deep units have velocities ‘arying from 4.50 km/s at the top to
7.00 km/s at the base. These two layers differ in velc itie, and velocity gradients, with higher
gradients in the upper layer. The deepest unit (' avwer unit) above the Moho has velocities
between 7.20 and 7.60 km/s, and an average t..~'.ness between 5 km (MARO1) and 7 km
(MARO02). On line MARO1, this thicknes’, of 5 km decreases toward the northeast, until model
distance 230 km, where it pinches out.

On MARQO?2 the crustal thizi'ne2z decreases toward the southeast from 31 km to 10 km
without an associated lateral v«ioc.:y change, so the gradients increase towards the southeast.
The Lower unit decreases in th.~kness in the same direction. Along profile MAROL1 the depth
of the top of this unit is reictively constant; on MARO2 the top shallows from 21 to 12 km
depth. The unit pinches o't at the junction with the oceanic domain, at around model distance
160 km.

In the oceanic domain, the crustal layers are around 5 km thick along both profiles,
which is thinner than in the two other domains. Here, no high-velocity lower unit could be
identified and the crust directly overlies the mantle. Although the crust here is slightly thinner
(~5 km) than the mean thickness of oceanic crust, the velocities and velocity gradients are in
good agreement with an oceanic origin of the crust (White et al., 1992).

Figure 11: MARO1 and MARO2 final velocity models contoured at a 0.25 km/s interval.
Shaded areas correspond to the region constrained by ray-tracing. The colour indicates the
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velocity of the P-wave. The different domains are indicated at the bottom by colored areas:
the Plateau domain in orange; the transition domain in yellow and the oceanic domain in
blue.

3.2. MCS data and interpretation of composite MCS-WAS lines

Using the available MCS dataset, we built two composite lines that are partly
coincident with our two velocity models (Figure 10). Composite profile BB’ is a combination
of several seismic reflection lines (Figure 12) and spans the plateau from its western margin to
its northeastern margin, where it is approximately coincident with time converted wide-angle
velocity model MAROL. Composite profile AA’ is also a comwination of several seismic
reflection lines (Figure 13) and covers the plateau from .*< .orthwestern margin to its
southeastern margin where it is approximately coincic21.* with time converted wide-angle
velocity models MARO2. As this study focuses on th~. <~ey structures, along these composite
profiles, all the units above the Albian regional erosto. surface are considered as one single
post-Albian set. Seismic facies and geometric r :l7.dcns between the different units help us in
advancing an interpretation of the composi*= 1.nes completed by coincident velocity models.
The plateau and its adjacent areas can be '* 1ded into three sets: the plateau domain itself, the
western margin and adjacent oceanic “amain and the north eastern and eastern margins and

adjacent oceanic domains.

Figure 12: Composite profi’e »B’. Composed of MCS data in the west and combined wide-
angle and MCS data in the ea.*. The MARO1 velocity model is visible on the upper profile.
Ovr:iey, of seismic data from Reuber et al, 2016.

Figure 13: Composite - ofiles AA’, composed of MCS data in the west and combined wide-
angle and MCS data in the east. The MARO2 velocity model is visible on the upper profile.

e The plateau domain

The plateau domain, clearly imaged by composite lines BB’ (Figure 12) and AA’ (Figure
13), is affected by a major erosion surface (Basile et al., 2013; Fanget et al., 2020) at the base
of the post-Albian units. Below the unconformity, a thick lower Cretaceous unit is observable
(between 1 and 2 s TWT) (Figure 12and Figure 13). The unit is divided into two distinct
subsets: the lower located on the western part of the plateauis affected by numerous normal

faults toward the margin (related to major slope instabilities). The second subset corresponds
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to a wide younger basin truncated at its top, thinning toward the northeastern and eastern
margins and showing several compressive faults in its deep center related to long wavelength
folds (Figure 13). The northwestern side of the basin (Figure 13) shows numerous extensive
faults cutting the post-Albian units, highlighting a possibly local minor post-Albian
extensional phase.

Below the Cretaceous unit lies a unit with strong amplitude facies identified as a
Jurassic carbonate platform in the west of the plateau in well FG2-1 described in Mercier et
al., 2016.

This Jurassic layer thickens westward and northward reaching its maximum thickness
at the location of the outer slope break of the plateau. To the v~st, the Jurassic unit clearly
thins until it pinches out at the eastern edge of the plateau on line AA’ (Figure 13) and in the
middle of the plateau on line BB’ (Figure 12). Some »f ti e extensional faults from the
Cretaceous rifting either cross over the Jurassic unit or roct within it. The base of the Jurassic
sequence is often a clear erosional surface.

Underneath these Jurassic sediments, u,'ck superposed fan shaped bodies with
relatively continuous and high amplitude refectuis are observed. Regardless the nature of
these units, they present a typical geom try of Seaward Dipping Reflectors (SDRs), dipping
westward, and will be described witt. this terminology. The entire sequence is divided into 3
units: lower SDRs, upper SDRs 1 a0 2 (rigure 12 and Figure 13). Upper SDRs 1 and 2 are
differentiated by their extension . vards the west and by internal limits observed on the
seismic reflection data. To the ~ast, these units pinch out on older units (Figure 12 and Figure
13). The base of these unitc cor, asponds to east-dipping surfaces on which internal reflectors
seem to stop (Figure 12 and =igure 13). On lines AA’ and BB’ the boundary between upper
SDRs and lower SDRs cu incides with the top of the middle crust defined in velocity models
(Figure 11). This provides a velocity range between 4.5 and 6 km/s for upper SDRs, and
between 6 and 7 km/s for lower SDRs. However, towards the margins, this limit no longer
concurs: the SDR bodies thin towards the east while the velocity layers maintain similar
thickness, raising the question of velocity variations within these bodies. In the SDRs and
below, velocities appear to be depth-dependent, and not correlated with stratigraphic units.

The distinction between SDRs layers and the underlying unit, unit A, is based on a
change in seismic facies from continuous and powerful reflectors to rather chaotic facies
intermittently maintaining locally strong amplitudes that may correspond to magmatic
intrusions (dikes, sills). The limit between SDRs and Unit A is not detectable in the velocity
models.

15



Below the previously mentioned units, we observed two laterally adjacent deep layers. On
the one hand, in the western part of the plateau, we observed (only in MCS data) the Lower
Unit 1 (Figure 12 and Figure 13). This body is marked by a chaotic and very poorly reflective
facies. On the other hand, in the eastern part of the plateau, the velocity models image the
Lower Unit 2 (Figure 12 and Figure 13), presenting velocity values from 7.2 to 7.6 km/s
(Figure 10). These units are about 2 s TWT thick (Figure 12 and Figure 13). Due to the lack
of deep data in the centre of the plateau, no obvious connection can be proved between these

two units.

e The Western margin of the plateau and the Jurassic Central Atlantic adjacent oceanic

domain

The post Albian units above the Albian uncour ity definitely seal most of the
deformation expanding over the western margin ard e central Atlantic oceanic domain.
Only a few extensional faults below the actual cuJtir western slope of the plateau cross the
Late Albian unconformity and affect the lc.2s. 'avels of the Post-Albian unit.

The Cretaceous unit is characterizea v major west dipping extensional faults over the
inherited topography of the Jurassic ca honate platform (well imaged on Figure 12). On line
AA’ (Figure 13), the Cretaceous uni: for-is a bulge below the base of the actual western slope
of the plateau probably corresgndi.g to the distal domain of the gravity-driven slide of
Cretaceous series. Then the ~reiaceous unit thins westward over the Jurassic unit and outer
SDRs on line BB’ and over 1.~ "urassic unit and Jurassic oceanic crust (line AA’; Figure 13).

The Jurassic uni’ nicserts a major thickness decrease below the actual slope clearly
controlled by fault-relate.. slope failure on line AA’ (Figure 13). The position of the slope
seems to have been stable since Jurassic time when the westward extend of the carbonate
platform was already a major slope break (line BB’, Figure 12). On line AA’, a major
(possibly volcanic) body is located within the Jurassic unit below the actual slope and above
the eastern edge of the outer SDRs unit (Grey body on line AA’: Figure 13). Then the Jurassic
unit covers the outer SDRs unit toward the oceanic domains with a rather constant ~ 1 s
thickness. Further west at the boundary with the obvious oceanic domain, the unit is deposited
in a graben type structure where it reaches 3 s TWT on line BB’ (Figure 12). This structure
seems to clearly determine the limit between the Jurassic oceanic domain and the outer SDRs

sitting on top of the western enigmatic margin crust (western continuity of Unit A).
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The deeper part of the western margin toward the oceanic domain is characterized by the
end of Upper SDRs 1 and 2, but in terms of acoustic and geometric characteristics, a similar
unit is located in the continuity of these units in the transitional zone. We called this unit
“Outer SDRs” because of its location outside the plateau domain. It is thinner than similar
fan-shaped units in the plateau domain (about 1-2 seconds TWT; Figure 12 and Figure 13). Its
location corresponds to an area with significant change in Moho depth, which deepens from ~
11 seconds TWT (west) to ~ 14-15 s TWT below the plateau. The outer SDRs lie above the
westward continuity of Unit A, which is marked by a more chaotic facies with scattered but
laterally organized strong amplitudes.

At depth, below the western margin, the Lower Unit 1 is clc.-ly imaged only in line BB’.
This unit thins toward the west. The outset of the Jurassic ocenic crust is defined at the
eastern border of Outer SDRs unit and Lower Unit 1, also con :sponding to an area where the
Moho flattens (Figure 12 and Figure 13).

Finally, the western margin and the plateau doi.>2i:1 form a wide ~ 300 km coherent
structure from the oceanic Jurassic crust to the o'ue 5t crustal part without SDRs to the east.

e The northeastern and easterri margins of the plateau and the Cretaceous Equatorial

Atlantic adjacent oceanic dorna..

The Albian unconformity ic reladively difficult to follow toward the northeastern and
eastern margin transitional deme’n. Its position is uncertain; subsequently it is challenging to
precisely define the part m *h¢ cretaceous units that may be syn-cretaceous rifting phase.
However, it is clear t'.~t «* leust part of the ante Albian units are syn-cretaceous rifting phases.
These units form fan shz.ped basins controlled by mostly east dipping normal faults. The
Jurassic unit is very thin or absent in this area and the facies do not fit with the carbonate
platform described to the west (Figure 12 and Figure 13).

The western limit of the eastern transitional zone is defined at the location of the slope
break, which also coincides with the eastern limit of the upper and lower SDR units (Figure
12 and Figure 13). The base of the SDR complex still cannot be identified on the coincident
wide-angle velocity models. Eastward of this point, Unit A is located below post Jurassic
sedimentary units, including the post Albian units.

At depth, below Unit A, we find the eastern and northern part of Lower Unit 2. In the

northern margin, the thickness, around 1-2s (TWT) is lower (Figure 12) than in the eastern
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margin where Lower unit 2 is 2-4s-thick (TWT) (Figure 13). These units end before the limit
with the Cretaceous oceanic domain further east. It should be noted, however, that the
thickness of Lower Unit 2 increases (from 2 s to 3-4 s TWT) at the eastern margin, compared
to its thickness in the plateau domain.

Finally the northeastern and eastern margins appear as relatively narrow transitional
domains (<120 km) with no evidence of superficial volcanic facies or units comparable with
previously identified SDRs for the western margin.

4. Discussion

This study presents two new velocity models ac oss the Demerara Plateau,
complementing the one published by Greenroyd et .! \2007). Located to the east of the
previous work, our models are coherent in terms ~r velocities and units thicknesses.
Nevertheless, the number of OBS and their povrer.u! shots allow us to image deeper with an
increased resolution. We identify a new deec> unit: the Lower unit, the top of which can
correspond to the Moho interpreted by Crrenroyd et al. (2007). Additionally, Reuber et al.
(2016) demonstrated the presence of u.'ck SDRs in the western part of the plateau. Mercier et
al. (2016) also suggest the presenc: »n SDRs bodies, thinning towards the eastern margin.
Therefore, our correlation betwe=n ti.> velocity models and reflection seismic profiles provide
significant additional constrain.~ on these SDRs in terms of physical properties (velocities,
densities), geometry (thickncsses, different internal units, top and base of the complex, lateral
extensions). In this se~ticn w: discuss the nature and deep structure of this plateau, our results
(velocity models and corposite lines) will be compared in terms of crustal velocities and
geometries with different objects such as other TMPs (the Walvis TMP, the Faroe Bank, the
Falklands-Malvinas TMP), volcanic margins (the Pelotas, SE Greenland and Namibian
margins) and a LIP-type oceanic plateau (the Agulhas Plateau). The aim is to unequivocally

clarify the nature of the Demerara Plateau, its structure and limits, and its formation.

4.1. The deep structure of the Demerara TMP

According to our results, the deep crustal structure of the Demerara Plateau consists of

three layers (SRDs, Unit A, Lower unit). Using composite lines, we can correlate velocities
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values to better characterize each of these units (Figure 12 and Figure 13). The upper most set
(the upper part of the crust), present in the entire plateau domain, is made of SDR packages,
which is coherent with previous studies (Reuber et al., 2016; Mercier et al., 2016). In the
literature, SDRs are proposed to be composed of varying mixtures of subaerial volcanic flows,
volcanoclastic and non-volcanic sediments (Okay et al., 1995; Menzies et al., 2002). This set
is divided in two sub-units: Upper SDRs (corresponding to the upper crust in velocity models)
and Lower SDRs (corresponding to the upper part of the middle crust in velocity models).
Different velocities characterize these two parts: the Upper SDR unit shows relatively low
velocities (between 4.5 and 6 km/s) with a marked depth gradient, while the Lower SDRs
have higher velocities (between 6 and 7 km/s) and a sma'ler depth gradient. Higher
proportions of sediment in the upper body can explain ti:is cifference, as Paton (2017)
proposed for Argentina margin. However, our coincident elo ity models do not show major
lateral variations: at the same depth, the Lower SDR< i.~ve similar velocities to the Upper
SDRs (5 km/s at ~8-9 km depth; 6.5 km/s at abou. 1€ km depth). This suggests that the
velocity may be controlled by depth and press.ic (White et al., 1992). Alternatively, other
processes related to depth may be involved, “ucn as increasing weathering or hydrothermal
alteration in the upper part, or an increc<inr, proportion of intrusive rocks in the lower part,

but the available data do not allow to Jacipher these hypotheses.

The westward-downward abrupt t-.mination of SDR packages is debatable. In the
literature, these poorly underst=od .oundaries are interpreted as landward-dipping major
extensive faults (Gibson & Lnve 1989; Eldholm et al., 1995; Geoffroy et al., 2015) or as areas
flexured by dykes loading (i."'it‘er et al., 1982; Planke and Eldholm 1994; Paton et al., 2017)
or sills loading (Whi*~ e al. 2008). Our seismic data do not allow to resolve the debate and

this is not, moreover, the r.urpose of this paper.

According to MCS data, the SDRs are located above Unit A (Figure 12 and Figure 13).
However, the physical limit between the SDRs and Unit A is not detectable in the velocity
models. This can only be explained by either no or very low acoustic impedance contrast
across this transition. Unit A could be an older crust (Ante-Jurassic), composed of continental
crust injected by volcanic intrusions possibly related to volcanic events responsible for the
formation of the SDRs or older events related to CAMP (Bullard et al., 1965; May, 1971,
Bertrand, 1991, Deckart et al., 1997, Marzoli et al., 1999, McHone, 2000; Deckart et al.,
2005). It also could be part of the Guyana Shield (Costa et al., 2006). This unit could also be a
neoformed crust as suggested by Gernigon et al., 2004 and Reston, 2009 in similar context
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(Vering Basin) and could, in this case, be Jurassic in age. Our data do not allow us to
distinguish clearly between these hypotheses. Nevertheless, highly probable described
magma-affected middle crust or even magmatic crust such as the Namibian Margin (Bauer et
al., 2000) exhibit higher velocities for similar depths (7-7.5 km/s for the Namibian margin).

This result leads us to favor our first hypothesis.

A Lower unit is observed in the western part of the plateau in the MCS data sections, and
is imaged in the eastern part of the plateau by the velocity models. Due to lack of continuous
data at depth in the central part, and even if the Lower unit appears with comparable time
thicknesses and depth, it is not possible to affirm whether they are connected and belong to
the same unit. In the velocity models, the velocities of the Lowe, init range from 7.2 to 7.6
km/s, similar to previously described High Velocity Lower “rust (HVLC) (e.g. 7.2 to 7.6
km/s) (Geoffroy et al. 2005). In similar contexts, such selocities are explained by three
hypotheses: 1) an underplated unit (Planert et al., 207/, -, a serpentinized mantle (O’Reilly
et al., 2006) or 3) a pre-rifting continental crust inticded by a large amount of volcanic
products as suggested by Abdelmalak et al. (206} for the Voering Plateau. The serpentinized
mantle is generally characterized by a “ig.. velocity layer (7.0-7.6 km/s), difficult to
distinguish in wide-angle seismic data wi:> the underlying "standard” mantle (Christensen et
al., 2004), making the Moho difficult :2 observe. In our case, we have interpreted a clearly
visible PmP phase (Figure 3, Figure 4 ar u Figure 5). In addition, the serpentine is not stable in
high temperature conditions and *he p.esence of exhumed serpentinized mantle is restricted to
depths of up to ~5 km (e.c <an et al.,, 2000). Consequently, the serpentinized mantle
hypothesis is clearly not co.mo-tible with our observations. The two remaining hypotheses

both involve volcanic nrc-esces related to rifting.

In the western part of the plateau, the Lower unit clearly shares characteristics with the HVLC
typical for volcanic margins (Geoffroy et al. 2005) in terms of shape, velocities and geometry
where it is rarely described as an underplated unit. In contrast, in the eastern part of the
plateau the Lower unit has a more proximal position with respect to the Jurassic margin, and
exhibits a greater thickness (3-4 s TWT, corresponding to a thickness of 6-7 km according to
Figure 11) reaching its maximum thickness vertically from the cretaceous eastern divergent
margin slope (Figure 13) before pinching out toward the oceanic crust. This suggests that the

lower unit may have distinct origin on both sides of the plateau.

We propose the westward part of the Lower unit to be related to the Jurassic rifting. As we

have no velocity control, it can be either a pre-rifting continental crust intruded by a major
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amount of volcanic products Jurassic in age, or underplated magmatic material. Eastward, the
lower unit may result from a distinct magmatic event, Cretaceous in age, and therefore would
correspond to an underplated unit related to the cretaceous rifting event. This is in good
agreement with the volcanic sills in the eastern transition domain proposed by Sapin et al.
(2016) and the presence of a basaltic rocks dated to the Barremian (around 125 My) by well
FG2-1 (Mercier et al., 2016) (Figure 10).

4.2. Comparison of Demerara crustal velocities to different types of
crust

We compared 1D velocity-depth profiles underneath the top of the basement with those
from other geological objects (Figure 14). We first ccmpa ed with selected TMPs from
Loncke et al. (2019) and a well-documented LIP type nlawcau near Agulhas TMP, the Agulhas
Plateau (Parsiegla et al., 2008). We distinguish two mc " groups:

1) Demerara TMP, Agulhas TMP, w. lvi. TMP, Faroe Bank, Hatton-Rockall TMP
present comparable thicknesses (Fremm et al., 2017; Parsiegla et al., 2008; Funck et
al., 2008; White et al., 2009). The 1pper part of these profiles (from 0 to 6 km) slightly
differs, showing velocities varying between 4.5 to 6 km/s. However, all these
geological objects show similar trends with depth; in particular between 6 and 22 km
with velocities precise! 1anging from ~6.5 to ~7 km/s. These velocity values are
outside of the ranye m wnose of standard continental crust (Figure 14) as compiled by
Christensen eca: (13595).

2) Falklands-Malvinas TMP (Schimschal et al., 2018; Schimschal et al., 2019) and
Agulhas Plateau (Parsiegla et al., 2008) clearly differ from the first group with
significantly higher velocities ranging from ~6.7 to ~7.5 km/s above the Moho and
lower thicknesses. It should be noted that the Falklands-Malvinas TMP shows a very
heterogeneous structure (Schimschal et al., 2018; Schimschal et al., 2019). An internal
block of this TMP, the Maurice Ewing Bank, has a velocity profile similar to the
Demerara Plateau. Nevertheless, the Falklands-Malvinas TMP has additional domains
that differ from the structure of the Demerara Plateau. Further study is required to

decide if this internal block could be an analogue for the Demerara Plateau.
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In addition, we compare our velocities to those of well-documented volcanic margins: the
SE Greenland (Hopper et al., 2003) and the Namibian volcanic margins (Bauer et al., 2000).
This shows that the velocities along the Greenland Margin (Hopper et al., 2003) are
comparable to those of the TMPs presented in the first group (Figure 14l). This is not
surprising as it is close to the Hatton-Rockall-Faroe Bank and probably undergoes a similar
evolution (Hopper et al., 2003; Geoffroy et al., 2005). The velocities in the upper crust and the
lower crust of the Namibian Margin (in the transitional igneous domain from Bauer et al.,
2000) are similar to those observed on the Demerara Plateau (Figure 14m). The middle crust
differs, with higher velocities at the Namibian Margin: over 7.0 km/s at the top of the unit
(Bauer et al., 2000) probably due to an igneous composit.." and large-scale intrusive
magmatism (Schon et al, 1996; Bauer et al., 2000).

Figure 14: Vz comparison between Demerara Plat. ' (from Figure 10) in black, Walvis
Ridge (Planert et al., 2017) in grey, Agulhas TM!- (Pa.siegla et al., 2008), Faroe Bank
(Funck et al., 2008), Hatton Bank (White and S n‘.n, 2009), Rockall Bank (Vogt et al., 1998),
Falklands-Malvinas Bank (Schimschal et al., :'01o, Schimschal et al., 2019), Central Agulhas
Plateau (Parsiegla et al., 2008), SE Gre_nl: nd \nargin (Hopper et al., 2003) and Namibian
margin (= ".uer et al., 2000).

4.3. Demerera internal geo.reny

The search for analogs must ke into account the structure and subsequent possible nature
of the units. Based on the ke, zlements identified for the Demerara Plateau (SDRs, Unit A,
Lower unit (HVLC)), e = e defined two groups of possible analog structures.

The first group composed of Walvis TMP, Faroe Bank, and Hatton-Rockall TMP exhibit a
three-layer organization (Figure 15 a,b,c and d). These 25-33 km thick plateaus are all located
in the Atlantic. The Walvis TMP shows the closest resemblance and it is associated with a
complex rifted margin offshore Namibia with a thick (about 33 km) dominantly gabbroic
crust according to Planert et al. (2017). Gladczenko et al. (1998) and Elliot et al. (2009) also
propose a volcanic margin associated with a hotspot trail. The presence of massive SDR
complex is confirmed by MCS data (Elliot et al., 2009; Jegen et al., 2016; McDermott et al.,
2018). Hatton and Faroe banks also share this confirmation of a three-unit organization (even
if these units are narrower), with described SDRs, HVLC and what is called a transitional or

igneous crust in between, similar to Demerara Unit A. All these TMPs and margins are

22



volcanic and share the characteristic of being under hotspot influence during their formation
which explains the presence of SDR complex and HVLC (Fowler et al., 1989; Geoffroy et al.,
2005; White et al., 2008; Elliot et al., 2008), like the Iceland hotspot for Faroe Bank and
Rockall-Hatton TMPs (Elliot et al., 2008). The similarity of the structure and velocities with
the Demerara TMP raises the question of the origin of the major volcanic products revealed at
Demerara and suggests the possible presence of a hotspot. However, no hotspot has been
clearly identified for the Demerara region in early Jurassic time even if its existence is
proposed by Reuber et al. (2016) based on seismic data and Basile et al. (2020) based on deep

seafloor samplings, geochemical analyses and datings.

The second group includes the Falklands-Malvinas and Antilnies plateaus (Figure 14h, i, |
and k) (Figure 15e). The Falklands-Malvinas Plateau is a he=rr,geneous plateau, composed
from west to east of the Falklands-Malvinas plateau bacit. (17.-20 km overthickened oceanic
domain), a possible “continental” domain (Mauricr-_ Vg Bank) and the Georgia Basin
(oceanic domain) (Schimschal et al., 2019). Exch'aw1 the Maurice-Ewing Bank, which
shows similar velocities to the Demerara Plateat (™i¢'ure 14i), most of the Falklands-Malvinas
TMP share similar characteristics with the Ay:'lhas Plateau, which is defined as a LIP type
“oceanic” plateau (Parsiegla et al., 200&,. " his group does not show any evidence of either
SDRs complexes or HVLC. These two “nlateaus” are located within the South Atlantic Ocean
and their formation is also related t> ‘n. influence of a hotspot: the Karoo Hotspot (Linol et
al., 2015; Hole et al., 2016) bu* the, do not result from the same evolution as Demerara.

Consequently, not all proposed ~™MPs (Loncke et al., 2019) are formed by the same processes.

Notwithstanding, Z>miciara and Walvis TMPs share similar structural characteristics
with well documentea ‘oicanic margins such as the Pelotas and Namibian margins (Bauer et
al., 2000; Fernandez et ., 2010; Stica et al., 2014; Jegen et al., 2016; Planert et al., 2017).
These margins (Figure 15f and g) also present a three layers type crust including: 1) an upper
crust made up of SDRs, 2) a middle crust called igneous crust or transitional crust possibly a
pre-SDR crust strongly intruded by volcanism with evidence of sills and dykes (Bauer et al.,
2000; Fromm et al., 2017; Planert et al., 2017), and 3) a HVLC.

Based on this global analysis, we propose that the structure of the Demerara Plateau

corresponds to a Jurassic volcanic margin resulting from hotspot activity.

Figure 15: Structure comparison between: a) Demerara Plateau (Modified from Reuber et
al., 2016); b) Hatton Bank (Fowler et al., 1989); c¢) Walvis Rigde (From Planert et al., 2017,
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Jegen et al., 2016); d) Faroe Bank (White et al., 2008); e) Falklands-Malvinas TMP
(Schimschal et al., 2018; 2019); f) Pelotas volcanic margin (Stica et al., 2014); g) Namibian
volcanic margin (Bauer et al., 2000; Fernandez et al., 2010).

4.4. Origin of the volcanism of the plateau and the western margin

Based on MCS data, Reuber et al. (2016) first hypothesized the presence of a hotspot to
explain the SDRs and the subsequent huge amount of volcanic products for Demerara. This
hotspot, called "Bahamas hotspot”, was located close to the Bahamas at the west of the
Demerara Plateau during the Jurassic period (Reuber et al., 2016). However, hotspots are
active for long periods of time and their activities result in maj ir volcanic expression forming
hotspot tracks depending on the movement of tectonic platez Mvcrgan et al., 1983). In the
case of Demerara, no such hotspot track has been documen*z- . Jate.

Dredges from the DRADEM experiment https://doi.0i1/10.17600/16001900 (Basile et al.,
2017) recovered various magmatic samples from e very steep northern margin of the

plateau. Some samples were precisely dated on Zi*con 173.4 + 1.6 My (Basile et al., 2017).
All the magmatic samples revealed the same oaw.cins in trace elements, they are Light Rare
Earth-enriched, and present positive ano nal’2s in Nb, Ta, Zr and Hf, typical of ocean island
basalts (OIB). These results indicate a poss.bly hotspot-related magmatic event, consistent
with the opening age of the Central AMan.ic and younger than the volcanism associated with
CAMP (about 200 Ma). They s.ongy.y support the conclusion of a major hotspot related
volcanism resulting in the formatio.> of the Demerara Plateau during Early/Mid Jurassic time.
Basile et al. (2020) determinea » possible hotpot track, based on the hypothesis of a hotspot
located below Demerara at .70 Ma. This hotspot would also be responsible for the formation
of the Sierra Leone Ris~ (Basile et al., 2020). If their assumption were correct, then the

Demeara Plateau would again have been located above this same hotspot in the Cretaceous.

4.5. Evolution of the Demerara volcanic margin and the north eastern
and eastern margin

During the Cretaceous, the Demerara Plateau underwent, a second rifting phase, creating
its northern (transform or highly oblique) and eastern (divergent) margins (Basile et al., 2013;
Loncke et al., 2019). This specific polyphased history is at the origin of the difference
between a single-phased volcanic margin and the Demerara TMP volcanic margin.
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The extent of the Jurassic volcanic margin to the east corresponds to the easternmost
extension of the SDR complex, and is proposed to coincide with the actual location of the
eastern edge of the plateau. Prior to the second rifting phase and following the Jurassic margin
formation marked by a major Sinemurian unconformity (Mercier et al., 2016) the post-rift
subsidence is compensated by the sediment supply. This subsidence accelerated in the
Barremian/Aptian with the emplacement of a large delta forming the gravity-driven tectonics
west to the plateau (Figure 12 and Figure 13). Later, the plateau underwent major uplift and

deformation mainly during the Albian.

The narrow (<90 km) eastern margin of the plateau (Figu~e 13) is made of tilted blocks
controlled by eastward dipping normal faults cutting in Unit A. ~nu filled by Cretaceous ante-
Albian units. The first westward normal fault vertically coir~ic22 with the eastern edge of the
plateau. Remarkably, the eastern edge also corresponds tu th.e easternmost extension of the
SDR complex, which may then represent the extent o1 *he Jurassic volcanic margin (Figure
12). This may reflect preferential localization of ¢2fo.mation between blocks of different
rheologies. This location may alternatively resu t ircm inherited structures. In the transitional
domain (Figure 13), the velocity model dr.: net show evidence of an exhumed mantle dome
as proposed by Sapin et al. (2016) but the *=gion may correspond to the top of Lower Unit 2
(around 9 s TWT in Figure 13; about & s TWT in MCS data). Therefore, in the deeper part
below Unit A, Lower unit 2 reachcs its maximum thickness (4 sec TD) below the eastern
margin and vertically to the slor bredak. The unit thins eastward as do the upper and middle
crust (Unit A) and rises from ?5-22 km to about 13 km at the boundary between the transition

zone and the oceanic dom=in.

The northeastern micrgin appears wider (120 km) but is cut obliquely by the seismic
section. It looks more 11ke a horst and graben type structure controlled by normal faults
dipping alternatively toward the northeast or the south-west and filled by possibly Cretaceous
ante-Albian deposits (Figure 12). It appears that northeastern extent of the SDRs also
coincides with the internal limit of the margin. Nevertheless, continuity toward the north of
the SDRs volcanic complex has been proved at the Guinean Plateau (Mercier de Lépinay,
2016) which was north of Demerara before Cretaceous rifting (Moulin et al., 2010). At depth,
below Unit A, Lower unit 2 also appears distinct with a globally lower thickness (2-3 sec
TWT) and its depth remains stable around 27-32 km (Figure 12). It ends up before a rapid rise
of the Moho (30 to 20 km) within the middle crust (Unit A).
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Subsequently, interpretation of northeastern and eastern margins is not comparable. The
specific structure of the northeastern margin may be related to its position at the outer corner
corresponding to the intersection between the transform and divergent segments (Mercier et
al, 2016). The eastern margin is a more “standard” narrow divergent margin as imaged by
Sapin et al. (2016). Lower unit 2 (see 8 IV. A.) may result from a second (rifting related)
cretaceous volcanic event and correspond to an underplated unit due to the hypothetic hotspot
come back as suggested by Basile et al. (2020).

Conclusions

The interpretation of unpublished seismic data (.‘idz:-angle and reflection seismic
data) reveals the deep structure of the Demerara Plate au. T1.is paper provides new information
on the geometry of the layers and their physical propcrties. We imaged a crustal domain
composed of a three-layer crust: as already ob<erved by Reuber et al. (2016), the first layer
(from the top) is a large SDR complex, w¥:i~h = subdivided into four major units. Our result
demonstrates that this SDR complex is ~.esent from the west of the plateau (maximum
thickness) to the east. Below this unit, ‘ve observed another layer (Unit A) thanks to a clear
acoustic facies difference. This securd .art may correspond to an ante-SDR crust reworked
by the volcanic episode. SDR ¢ xmpi2x and Unit A present high velocities from 4.5 to 6.5
km/s, higher than “standard” ccntinental crust (Christensen and Mooney; 1995) at similar
depths. One important resin. is that the boundary between SDRs and Unit A, identifiable in
MCS, is not clearly chscrvzole in velocity models. This probably reveals similar physical
parameters (density, acot'stic impedance). The deeper crustal part is composed of two lower
units: Lower Unit 1 is imaged by MCS in the west of the plateau and Lower Unit 2 is imaged
by WAS (wide-angle seismic) data in the east. These units could be a high velocity lower
crust (HVLC), since Lower Unit 2 presents velocities from 7.2 to 7.6 km/s. As afore
mentioned, seismic velocities in the crustal domain differ from those of “standard” continental

margins but they are similar to those of other TMPs and volcanic margins.

The fan shaped massive SDR units and their internal reflectors are dip toward the west
indicating the presence of a volcanic rift axis westward during an intense Jurassic volcanic
episode. Consequently, the Demerara Plateau exhibits all aspects of a volcanic margin toward
the western Central Atlantic segment. Additional comparisons show similarities with other
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TMPs in the Atlantic. However, not all TMPs correspond to these characteristics, with
exceptions such as the Falklands-Malvinas and Agulhas TMP. In contrast, the comparison of
Demerara with the Namibian or Pelotas volcanic margin reveals once again a very similar
organization a 3-layers crust, with an upper SDRs crust and a HVLC. All of them show
relatively comparable velocities. These similarities emphasize the possibility of a hotspot

related formation for the Jurassic Demerara Margin.

Even though not all TMPs are imaged by such complete seismic data sets as
Demerara, some of them share similar characteristics, at least to first order. The major result
for Demerara is that this plateau corresponds to a large Jurassiz volcanic margin reworked in
its eastern part by a second rifting event: the Cretaceous trar=*ar>-dominated rifting. Many
questions remain concerning the northern margin: the rorur~ard continuity of the SDR
complex, notably beyond the conjugate of the northern raa. 2iv, which is the southern limit of
the Guinea Plateau. The influence of the establishmem >t a Cretaceous transform margin on
the structure of the Jurassic volcanic margin requires fui.her investigation. The exploitation of
supplementary data related to the northern trar sfor n border is imperative. This will be the
next step of this project. Moreover, futv e sw.ies of the structure and nature of different
TMPs are requisite in order to define con..>on processes, involving major thermal anomalies

such as hotspots and superposed tectoni.> ohases
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MARO1 profile Nb picks Trms Chi?2
Wat 3729 0,066 4,896
Sed 1 939 0,099 2,727
Sed 2 426 0,09 2,274

Sed refl 1 764 0,052 0,755
Sed refl 2 698 0,059 0,968
Uc 2538 0,088 0,952

Up crust refl 205 0,104 1,341
Mc 11205 0,154 2,914

Pn 2483 0,204 2,882
PmP 747 0,121 1,011
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Lc refl 340 0,368 9,411
MARO2 profile Nb picks Trms Chiz
Wat 2379 0,017 0,029
Sed 1 374 0,083 0,684
Sed 2 420 0,06 0,366
Sed refl 1 602 0,04 0,158
Uc 2479 0,106 1,13
Mc 5355 0,137 1,875

Lc 2210 0,263 6,904

Pn 199 0,183 3,369
PmP 200 0,35 9,258

Table 1: Summary Table of the main uncertainties for MARO1 and M. k<2 Velocity Models.
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