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Abstract 

 

Carbon and oxygen stable isotope compositions of carbonates are widely used to retrieve 

paleoenvironmental information. However, bias may exist in such reconstructions as carbonate 

precipitation is often associated with biological activity. Several skeleton-forming eukaryotes have 

been shown to precipitate carbonates with significant offsets from isotopic equilibrium with water. 

Although poorly understood, the origin of these biologically-induced isotopic shifts in biogenic 

carbonates, commonly referred to as “vital effects”, could be related to metabolic effects that may 

not be restricted to mineralizing eukaryotes. The aim of our study was to determine whether 

microbially-mediated carbonate precipitation can also produce offsets from equilibrium for oxygen 

isotopes. We present here δ18
O values of calcium carbonates formed by the activity of Sporosarcina 

pasteurii, a carbonatogenic bacterium whose ureolytic activity produces ammonia (thus increasing 

pH) and dissolved inorganic carbon (DIC) that precipitates as solid carbonates in the presence of 

Ca
2+

. We show that the 1000lnαCaCO
3
-H

2
O values for these bacterially-precipitated carbonates are up 

to 24.7‰ smaller than those expected for precipitation at isotopic equilibrium. A similar experiment 

run in the presence of carbonic anhydrase (an enzyme able to accelerate oxygen isotope 

equilibration between DIC and water) resulted in δ18
O values of microbial carbonates in line with 

values expected at isotopic equilibrium with water. These results demonstrate for the first time that 

bacteria can induce calcium carbonate precipitation in strong oxygen isotope disequilibrium with 

water, similarly to what is observed for eukaryotes. This disequilibrium effect can be 

unambiguously ascribed to oxygen isotope disequilibrium between DIC and water inherited from 

the oxygen isotope composition of the ureolytically produced CO2, probably combined with a 

kinetic isotope effect during CO2 hydration/hydroxylation. The fact that both disequilibrium effects 

are triggered by the metabolic production of CO2, which is common in many microbially-mediated 

carbonation processes, leads us to propose that metabolically-induced offsets from isotopic 

equilibrium in microbial carbonates may be more common than previously considered. Therefore, 
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precaution should be taken when using the oxygen isotope signature of microbial carbonates for 

diagenetic and paleoenvironmental reconstructions. 
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1. INTRODUCTION 

 

Oxygen isotopic composition in solid calcium carbonates (δ18OCaCO
3
) precipitated at isotopic 

equilibrium with water (e.g., Epstein et al., 1953; O’Neil et al., 1969; Kim and O'Neil, 1997; 

Chacko and Deines, 2008) is a widely used proxy to estimate paleotemperature and isotopic 

composition of water (e.g., Urey, 1947; McCrea, 1950; Mook, 1971; Erez and Luz, 1983). Among 

these carbonates, microbially induced carbonates (Dupraz et al., 2008) have been used for 

paleoenvironmental or diagenetic reconstructions when assumed to precipitate at isotope 

equilibrium with the precipitating fluid (Pazdur et al., 1988; Chafetz and Lawrence, 1994; Andrews 

et al., 1997; Burns, 1998). Microbial activities can induce carbonate precipitation in several ways (i)  

pH and/or ionic concentrations (including dissolved inorganic carbon (DIC) species and divalent 

cations) in the surrounding medium can be increased by the microbial metabolic activity which 

favors carbonate precipitation (Castanier et al., 1999; Van Lith et al., 2003), (ii) organic matrices in 

the form of cell membranes or extracellular polymeric substances can serve as templates controlling 

carbonate nucleation and growth (Aloisi et al., 2006) and (iii) the DIC involved in carbonate 

precipitation can partly derive from microbial metabolic activity (Mortimer and Coleman, 1997). 

Microbially induced carbonates are common in nature (e.g. Riding, 2000) and can be found in some 

sedimentary carbonate concretions (Coleman and Raiswell, 1995; Sass et al., 1991; DeCraen et al., 

1999), evaporitic carbonates (Guido et al., 2007), speleothems (Cacchio et al., 2004; Baskar et al., 

2006; Rusznyak et al., 2012), soil carbonates (Cerling and Quade, 1993), dolomite deposits 

(Vasconcelos et al., 2005; Wacey et al., 2007), and within a fair proportion of Precambrian 

sedimentary rocks (e.g., Grotzinger, 1989). 

However, it has become apparent that microbially induced carbonates may present 

disequilibrium δ18O values and it has been hypothesized that their δ18O values could reflect chiefly 

metabolic activity rather than environmental conditions (Mortimer and Coleman, 1997; De Craen et 

al., 1999; Gradzinski, 2003; Johnson et al., 2013). These isotopic shifts are similar to the “vital 
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effects” (Urey et al., 1951) identified in skeleton forming marine organisms. Several biological 

processes may result in vital effects but the underlying mechanisms remain controversial (e.g., 

McConnaughey, 1989a; Spero et al., 1997; Adkins et al., 2003; Weiner and Dove 2003; Ziveri et al., 

2003; Thiagarajan et al., 2011). Among these mechanisms, the ones controlling carbonate 

precipitation rate (Epstein et al., 1953; Erez, 1978) and DIC speciation have often been invoked 

(e.g., McCrea, 1950; Zeebe, 1999; Adkins et al., 2003). It has also been hypothesized that the 

observed isotopic disequilibria could originate from an isotopic disequilibrium between DIC and 

water within the organism (McConnaughey, 1989a, b; McConnaughey et al., 1997; Furla et al., 

2000), which could be induced by two major mechanisms: (i) the kinetic isotopic effect associated 

with hydration and/or hydroxylation of dissolved CO2 (CO2(aq)), that occur at the site of carbonate 

precipitation and can produce a DIC with δ18
O values in strong disequilibrium with water (Létolle 

et al 1990; McConnaughey, 2003; Rollion-Bard et al., 2003) and (ii) the metabolic production of 

DIC, which has been demonstrated to be responsible for most of C-isotope vital effects (Craig, 

1953; Grossman, 1987; McConnaughey, 1989a, b; McConnaughey et al., 1997; Furla et al., 2000), 

but is considered as irrelevant for O-isotope vital effects, since DIC is assumed to readily 

reequilibrate isotopically with water. These hypotheses, invoked to explain oxygen vital effects 

could also explain isotopic shifts in microbially induced carbonates, as microbial activity modifies 

carbonate nucleation and precipitation rate, and affects DIC concentration, speciation and isotopic 

composition. 

With the aim of further investigating this hypothesis, we performed biomineralization 

experiments using the ureolytic strain Sporosarcina pasteurii, a laboratory model microorganism of 

microbial carbonatogenesis (Ferris et al., 2003; Mitchell and Ferris, 2005; Dupraz et al., 2009a, b). 

S. pasteurii induces urea hydrolysis through the enzymatic activity of an urease enzyme and uses 

this reaction for energy generation (Mobley and Hausinger, 1989; Smith et al., 1993; Jahns, 1996) 

and in some cases for nitrogen assimilation (Nielsen et al., 1998; Swensen and Bakken, 1998). 

Ureolysis is performed in two steps (Andrews et al., 1984): (i) the production of ammonia and 
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carbamate from urea (Eq.(1)), which is catalyzed by urease and is rate limiting, and (ii) the rapid 

and spontaneous hydrolysis of carbamate into ammonia and CO2(aq) (Eq.(2)) (Krebs and Roughton, 

1948; Matsuzaki et al., 2013) or H2CO3 (Eq.(3)) (Mobley and Hausinger, 1989; Krajewska, 2009). 

H�N − CO − NH� + H�O → NH	 +H�N− COOH     (1) 

H�N − COOH + H�O → NH	 + CO�(��) +H�O     (2) 

H�N − COOH + H�O → NH	 + H�CO	      (3) 

The produced ammonia equilibrates with water to yield ammonium (Eq.(4)), hence 

increasing pH. As pH increases, CO2(aq) (when formed through Eq.(2)) will either be hydrated to 

form carbonic acid (Eq.(5)) or hydroxylated to form bicarbonate ion (Eq.(6)), both of which being 

eventually converted into CO3
2– at appropriate pH values. 

NH	 +H�O⇌ NH�� + OH�        (4) 

CO�(��) +H�O	⇌ H�CO	        (5) 

CO�(��) + OH� ⇌ HCO	�        (6) 

The overall ureolysis reaction can hence be written as follows (Eq.(7)) (Ferris et al., 2003): 

H�N − CO − NH� + 2H�O → 2NH�� + CO	��     (7) 

In the presence of calcium above a critical supersaturation level, calcium carbonate precipitation 

follows (Eq.(8)): 

Ca�� + CO	�� → CaCO	(�)        (8) 

Three of these reactions can potentially induce oxygen isotope disequilibria between precipitated 

carbonates and water, namely: 

(i) Ureolysis (Eqs.(1) and (2) or Eqs.(1) and (3)): The oxygen isotope composition of CO2(aq) 

or H2CO3 produced by ureolysis is expected to depend on both the oxygen isotope composition of 

urea and the oxygen isotope fractionations of the successive reactions expressed in Eq.(1) and 

Eq.(2) (or Eq.(3)). The δ18O of the ureolytically produced CO2(aq) (or H2CO3) will thus reflect its 

metabolic origin. 



  

 

Thaler et al., 

(ii) CO2(aq) hydration/hydroxylation (Eqs.(5) and (6)): Oxygen isotope composition of the 

produced DIC should vary as a function of the reactions involved (hydration or hydroxylation) 

(Létolle et al., 1990; McConnaughey, 2003; Rollion-Bard et al., 2003). At oxygen isotope 

equilibrium, the δ18OOH- value is a few tens of per mil lower than the δ18OH2O value (Green and 

Taube, 1963), so that the kinetic isotope fractionation associated with hydroxylation (favored at 

alkaline pH) is much higher than the one associated with hydration (Rollion-Bard et al., 2003).  

For both ureolysis and hydration/hydroxylation reactions, provided that the residence time 

of DIC in water before its precipitation as solid carbonates is too short to allow full O isotope 

equilibration (Beck et al., 2005), solid carbonates will inherit their oxygen isotopic signature from 

the disequilibrium δ18ODIC value. 

(iii) Carbonate precipitation (Eq.(8)): Kinetic fractionation can also occur during anion 

transfer from the solution to the growing crystal surface. Kinetic fractionation may be related to the 

precipitation rate (Dietzel et al., 2009; Gabitov et al., 2012; Watkins et al., 2013) or to a bacterially-

influenced effect such as an organic template influence on nucleation and crystal growth, and the 

precipitation of an amorphous precursor phase. 

In the following, we compare and discuss δ18O values obtained from two companion 

experiments of carbonate precipitation induced by bacterial ureolysis. The first experiment was 

performed by Millo et al. (2012), where only the carbon isotope systematics of bacterial ureolysis 

was dealt with. The 1000lnαCaCO
3
-H

2
O values between water and solid carbonates from the Millo et 

al. (2012) experiment are presented here for the first time. They are 24.7‰ smaller than the value 

expected at oxygen isotope equilibrium with water (Kim and O’Neil, 1997). The second experiment 

was conducted specifically for this study, with the aim of characterizing the mechanism responsible 

for the observed oxygen isotope disequilibrium. For this purpose, calcium carbonate precipitation 

induced by S. pasteurii was performed under experimental conditions identical to the ones 

described in Millo et al. (2012) but in the presence of the enzyme carbonic anhydrase (CA). CA has 

the ability to catalyze inter-conversion between CO2(aq) and HCO3
- in aqueous solution (Eq.(9)) 
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(e.g., Lindskog and Coleman, 1973; Lindskog, 1997) thereby inducing oxygen isotope equilibrium 

between H2O and DIC (Eq.(10)) (e.g., Uchikawa and Zeebe, 2012): 

CO�(��) + H�O	⇌ HCO	� +H�       (9) 

C��O��O + H���O	⇌ HC��O��O��O� + H�     (10) 

A detailed comparison of the mineral byproducts, chemical features and oxygen isotope 

compositions obtained in both experiments is given and discussed in terms of the mechanisms 

responsible for oxygen isotope disequilibrium. The carbon isotope systematics of the experiment 

with CA, which reproduces fairly well the results of the experiment performed by Millo et al., 

(2012) without CA, is detailed in Appendixes B3 to B7. 

 

2. EXPERIMENTAL SETTING AND SAMPLING PROTOCOL 

 

2.1. Growth of bacteria and preparation of inoculum 

 

S. pasteurii (strain ATCC 11859) was grown at 30°C in Brain Heart Broth (Merck) 

complemented with 0.3 M urea (Normapur, Prolabo). This inoculated growth medium was agitated 

for one day at 200 rounds per minute (rpm). An aliquot of this preculture was used for a second 

inoculation in the same medium, followed by agitation overnight under the same conditions, in 

order for bacteria to attain their stationary growth phase. 

Bacterial cells were collected by centrifugation (8500 rpm for 10 minutes) and washed in 

sterile ultrapure water (UPW; resistivity = 18 MΩ·cm). Bacterial cells were then suspended in 

UPW at an optical density of 0.200 ± 0.005 at 600 nm (OD600). The bacterial suspension was 

subsequently used to inoculate the assays of the batch experiment, as described in section 2.4.  

 

2.2. Artificial Ground Water  
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The precipitation experiments were performed in an artificial ground water (AGW) medium 

with a chemistry based on that of the groundwater of the Dogger aquifer (Paris Basin) (Azaroual et 

al., 1997). The rationale for this choice was to lay the basis for future field carbonation experiments 

in this French aquifer, a potential target site for CO2 geological storage (Dupraz et al., 2009a, b). 

We simplified the protocol described in Millo et al. (2012) for the preparation of AGW: instead of 

using carbonate salts (KHCO3 and NaHCO3) and then removing HCO3
-
 by HCl titration (and 

subsequent CO2 outgassing), we used non-carbonated salts (NaCl and KCl) to obtain an AGW 

devoid of any initial DIC. This procedural change did not affect the final ionic composition of 

AGW, which was similar in both experiments. AGW was prepared at double strength in order to be 

mixed in equal parts with the bacterial suspensions at the beginning of the precipitation experiment. 

Double strength composition of AGW was the following: NaCl (80 mM), KCl (4 mM), 

MgSO4·7H2O (16 mM), CaCl2 (40 mM), urea (Normapur, Prolabo) (66.7 mM). The same urea 

stock, with a δ13
C0 urea value of -48.9‰ (Millo et al., 2012), was used in both experiments. The 

solution was left to equilibrate freely with atmospheric CO2. Final pH was 6.0. The AGW ionic 

strength was 0.222 M, as calculated using the geochemical software JCHESS
©

 (version 2.0; default 

CHESS© database version 2.5; Van der Lee, 1998), based on the AGW chemical composition and 

assuming a closed system with no gas–solution exchange at ambient temperature. After sterilization 

by filtration (with 0.2 µm Isopore), AGW was stored at 4°C. Before the experiment, AGW was 

left to equilibrate thermically with ambient temperature. 2 mg/L of the CA enzyme was added to 

AGW before being mixed with the inoculum.  

 

2.3. Carbonic anhydrase enzymatic activity 

 

Commercial CA powder from bovine erythrocytes (C3934) was obtained from Sigma-

Aldrich Company (St Louis, MO, USA). CA enzymatic activity (i.e. its efficiency at converting 

CO2(aq) into H2CO3, thus favoring CO2(g) dissolution) was quantified using the modified version of 
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the Wilbur-Anderson assay (Wilbur and Anderson, 1948). One hundred mL of 20 mM tris sulfate 

buffer were prepared and pH was adjusted to 8.3 by adding 110 µL of (NH2)2SO4 at 25°C. The 

buffer was stored in ice. A CO2(aq)-saturated H2O solution was prepared by bubbling CO2(g) through 

200 mL of deionized water in ice for 30 minutes. Immediately prior to use, 1 mg/mL of CA was 

diluted to 0.01 mg/mL in cold deionized water. 

An assay was run, consisting of successive pH measurements in 3 mL of buffer after 

addition of 2 mL of CO2(aq)-saturated H2O, with or without simultaneous addition of 50 µL CA 

solution. The enzymatic activity of CA (in Units/mg of protein or U/mg) was calculated based on 

the comparison between the time intervals required for pH to decrease from 8.3 to 6.3, with and 

without CA.  

As Arashisar et al. (2004) demonstrated that ammonium and urea (both present in our 

experiments) can inhibit CA activity, we also performed the enzymatic activity assay in the 

presence of urea (at 2 g/L, i.e., the starting concentration in our experiments) or ammonium (at 1.2 

g/L, the maximum value of dissolved inorganic nitrogen, DIN, produced in our precipitation 

experiment as a result of urea hydrolysis). We observed that the enzymatic activity of CA was equal 

to 2787 U/mg in the absence of urea and ammonium, 2331 U/mg in the presence of urea, and 2314 

U/mg in the presence of ammonium.  

 

2.4. Batch experiment of bacterial ureolysis and associated CaCO3 precipitation  

 

Bacterial ureolysis and associated CaCO3 precipitation in the experiment with CA were 

conducted in 12 mL Exetainer


 vials (as in the experiment without CA of Millo et al., 2012). 

Exetainers


 were filled with 6 mL AGW aliquots (containing CA) and inoculated under sterile 

conditions with 6 mL of bacterial suspension at t0, so that no headspace remained. Vials were 

immediately capped with rubber septa, preventing any gaseous exchange with the atmosphere. 
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Inoculation resulted in a 1:1 mixing between AGW and bacterial suspension, decreasing OD600 

from 0.200 to 0.100 ± 0.010 and CA concentration from 2 to 1 mg/L in all experimental assays. 

Inoculated assays (initially at ambient temperature) were placed onto a gyratory shaker (200 

rpm) at a temperature of 30°C. Given that the first carbonate crystals appeared after ~ 30 minutes 

and that only 4% of the total carbonates precipitated after ~ 80 minutes, it is reasonable to assume 

that precipitation occurred at 30°C throughout the experiment.  

Sacrificial sampling was carried out every 10 minutes during the first 30 minutes, then every 

15 minutes during the following 2 hours, and finally every 30 minutes during the remaining 5h30. 

A control assay was also sacrificed in triplicate 24 hours after t0. 

At each sampling event, three 1 mL aliquots were syringed out through the vial cap rubber 

septum using sterile 0.22 µm filters (Minisart


, Sartorius) in order to clear the samples from 

bacterial cells and minute CaCO3 crystals. These aliquots were used for δ18O measurement of water, 

for δ13C measurement of DIC, and for Ca concentration analysis, respectively. The remaining 

solution was carefully decanted and divided into two aliquots for pH and dissolved inorganic 

nitrogen concentration (DIN = NH3 + NH4
+) measurements. Carbonate precipitates, formed at the 

bottom and on the wall of the vials, were immediately rinsed with a few drops of pure ethanol in 

order to dehydrate bacteria and prevent further ureolysis, further carbonate formation and/or 

dissolution–reprecipitation processes. After ethanol removal, vials were stored in an oven at 40°C to 

dry the precipitates overnight. The following day, vials were taken out of the oven, cooled to 

ambient temperature and weighed. The mass of precipitate was calculated either by weight 

difference relative to the empty vials or by calcium concentration measurements. The precipitation 

experiment in the presence of CA was repeated twice to confirm the results. 

 

2.5. Chemical analysis and geochemical modelling 
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 pH was measured using a HANNA HI 1131 (single junction) glass electrode calibrated 

following the three points procedure (HANNA Instruments PH210, precision = ± 0.01 pH unit) 

against certified pH buffer solutions (Fisher Chemical, precision = ± 0.01 pH unit) and without 

adjustments for the ionic strength. The electrode was rinsed with ultrapure water prior to and after 

each measurement, and stored in an acidic storage solution (KCl 3.5 M, pH ≈ 4.0) between each 

measurement to prevent solid carbonate deposition on the electrode itself.  

The concentration of DIN was measured with a Shimadzu spectrophotometer (UV–1650 

PC) with the Spectroquant
®
 kit 1.14752.0001 ammonium test at 690 nm. The analytical uncertainty 

on DIN concentration was ± 5% (1σ).  

In the experiment without CA (Millo et al., 2012), the concentration of Ca
2+

 remaining in 

solution for each assay was derived from the concentration of Ca precipitated as CaCO3 and the 

initial Ca
2+

 concentration in solution ([Ca
2+

]0 = 20 mM), while for the experiments with CA, Ca
2+

 

concentration was measured by ion coupled plasma atomic emission spectroscopy (ICP-AES) using 

an Icap 6200 Series Thermo Fisher, yielding [Ca
2+

] values with an analytical uncertainty of ± 0.01 

mM (1σ) ([Ca
2+

]0 = 20.6 mM). The molar quantity of precipitated calcium carbonate (CCaCO3
) was 

inferred (± 0.05% (1σ)) from [Ca
2+

] values, which yielded the percentage of carbonate precipitation 

(%Precipitation) achieved in the course of the experiment.  

The relative abundances of CO3
2–, HCO3

–
 and CO2(aq) in solution were computed with the 

geochemical code JCHESS
© 

(Van der Lee, 1998). AGW composition and experimental temperature 

(30°C) were chosen as input parameters assuming a closed system with no gas–solution exchange. 

Given that Ca
2+

 concentration decreases during the reaction, while those of total DIN and DIC 

increase, we adjusted the values of these input parameters at each computational step. We also 

adjusted the input concentrations of OH
- 

and H
+
 to model the measured pH variability and the 

concentration of Cl- in order to obtain electroneutrality. 

 

2.6. DIC quantification and isotope analyses 
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Oxygen and carbon isotope compositions are reported in the usual δ notation and expressed 

relative to the Vienna Standard Mean Ocean Water (V–SMOW) for oxygen and relative to the 

Vienna Pee Dee Belemnite (V-PDB) for carbon. Measured δ values of CaCO3 and DIC were 

converted to the V–SMOW and V-PDB scales through calibration against three internal laboratory 

calcite standards. Their isotope composition was determined according to the method of McCrea 

(1950) using a Dual Inlet Finnigan
TM

 Delta
Plus

 XP isotope ratio mass spectrometer (Thermo Fisher 

Scientific) (σ = ± 0.05‰). Internal laboratory calcite standards were calibrated against the V-PDB 

reference using the international carbonate standards IAEA–CO–1 and NBS 19. Measured δ18O 

values of water were converted to the V–SMOW scale using three internal laboratory water 

standards calibrated against the V-SMOW and V-SLAP (Standard Light Arctic Precipitations) 

international reference materials. When necessary, conversion between the V-PDB and the V-

SMOW scale was applied according to Coplen et al. (1983). Details of the procedure for δ13
C and 

δ18O measurements are given in Appendixes B1 to B2. The analytical precision for δ13C and δ18O 

measurements was ± 0.1‰ (1σ).  

In the following sections, the isotope fractionation between two chemical species (A and B) 

will be expressed either as αA–B, the fractionation factor, or as 1000lnαA-B , where : 

α��� = ����� 
�����!

         (11) 

[DIC] was quantified using the linear relationship between DIC concentration and intensity 

of the m/z 44 peak provided by the mass spectrometer. The precision for [DIC] measurements was 

of ± 5% of the measured values (1σ). 

 

2.7. Scanning Electron Microscope imaging and mineralogical characterization of precipitates  

 

 Three samples of carbonate precipitates (sampled at 180, 300 minutes and 24 hours) selected 
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from the experiment with CA were examined under a Zeiss Ultra 55 FEG Scan Scanning Electron 

Microscope (SEM) equipped with a Gemini Column and an energy dispersive X-ray spectrometer 

(EDS) from Bruker operated at 15 kV and a working distance of 7.6 mm. Observations were made 

in secondary electrons (SE) and backscattered electrons (BSE) mode to document crystals 

morphology and obtain semi-quantitative information on crystal chemical composition.  

We also performed X-Ray powder Diffraction (XRD) analysis on carbonate precipitates 

sampled at 240, 330, 450 minutes and 24 hours in the experiment with CA in order to characterize 

the carbonate mineralogy. The instrument (X'pert Pro MPD – diffractometer in theta-theta Bragg-

Brentano geometry using Cu Kα radiation) was operated with a step size of 0.017° 2 theta and a 

counting time of 400 s. Soller slits (0.04 rd) and anti-scatter slits were used. 

 

3. RESULTS 

 

3.1. Evaluation of ureolysis kinetics 

 

Urea consumption and hence ureolysis progress was quantified based on measured [DIN]. 

As shown in Table 1 and Fig. 1a, in the experiment with CA, [DIN] values increased at constant 

rate the first 200 minutes and then at a slower rate. The maximum measured [DIN] was 62.8 mM 

and was reached 24 hours after the beginning of the experiment whereas full urease consumption 

would have led to 66.6 mM of DIN. Therefore, over a time period of 24 hours, the ureolysis 

reaction did not proceed to completion in the experiment with CA as only 31.4 mM of urea were 

hydrolyzed at the end of the experiment while in the experiment without CA, all the urea (i.e., 33.3 

mM) was hydrolyzed (Millo et al., 2012). 

The kinetics of urea hydrolysis in the presence of ureolytic bacteria is often described by a 

first order rate law (Eq.(12)) (Ferris et al., 2003; Mitchell and Ferris, 2005; Fujita et al., 2008; 

Dupraz et al., 2009b): 
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"#$%&�'
"( = −k$%&�#urea'        (12) 

where brackets denote concentration, t is time, and kurea is the ureolysis rate constant. This law 

allowed kurea calculation and hence the comparison of both experiment kinetics (with and without 

CA). According to Eq. (7), [DIN] = 2 [urea]. The rate constant kurea (Eqs.(13) and (14)) was 

estimated from the temporal evolution of [DIN] and Eq. (12), according to: 

#DIN' = 2#urea'�/1 − 1(�23456()7       (13) 

k$%&� = −
89:�� #;<='

>#3456'?
@

(         (14) 

where [urea]0 is the concentration of urea at t0. 

The derived kurea value (Eq.(14)) determined with the least square method analysis was 4.8 ± 

1.0 day-1 (2σ) in the experiment with CA. It was much lower than the one obtained for the 

experiment without CA for which a kurea of 8.2 ± 1.2 day
-1 

(2σ) was calculated (Millo et al., 2012).  

[DIN] values exhibited some level of dispersion when plotted as a function of reaction time 

(Fig. 1a). For this reason, we followed the approach of Millo et al. (2012) and quantified the 

reaction yield by estimating the percentage of carbon from initial urea that was converted to 

inorganic carbon by ureolysis, a parameter hereafter referred to as Accumulated Carbon (referred to 

as Accumulated Product in Millo et al., 2012), the evolution of which, during the experiments with 

or without CA, is represented in Fig. 1b. The percentage of Accumulated Carbon (%AC) was 

calculated from the amount of carbon present in the DIC and in the CaCO3 precipitates, both 

deriving from urea carbon, following the equation: 

%AC = #CDE'�EF6FG�
#$%&�'?

× 100        (15) 

Fig. 1b shows that %AC evolution as a function of time was less scattered than [DIN], and 

%AC allowed us to monitor the progress of the ureolysis reaction with a better precision.  

 

3.2. Chemistry 
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3.2.1. pH  

 

The pH temporal evolution observed for the experiment with CA is reported in Table 1 and 

illustrated in Fig. 2a. At the beginning of the experiment (i.e., prior to microbial inoculation), pH of 

AGW was 6.0. After inoculation, pH rapidly increased to about 9.0 at a %AC value of 10%. Then, 

it decreased progressively to 8.4 (in correspondence to %AC = 60%) and finally increased again to 

around 8.7. The rapid pH increase at the onset of bacterial ureolysis is linked to the production of 

NH4
+ (Eq.(4)) and HCO3

– 
(Eqs.(5) and (6)), as observed in previous studies (Ferris et al., 2003; 

Mitchell and Ferris, 2005; Dupraz et al., 2009b; Tobler et al., 2011). The subsequent pH decrease is 

due to HCO3
–
 deprotonation and carbonate precipitation, the effect of which overwhelms the 

alkalinity increase induced by bacterial ureolysis. The slight pH increase at the end of the 

experiment (from %AC = 70% onwards) is induced by the continuation of the ureolysis reaction 

carried out by microbial cells having escaped carbonate encrustation and hence being still alive after 

precipitation (Dupraz et al., 2009a).  

The pH variations observed in the presence of CA enzyme are similar to those observed in 

the absence of CA and reported in Millo et al. (2012), but on average 0.2 pH units lower. This is 

most likely due to the slower ureolysis kinetics observed in the presence of CA (section 3.1). 

 

3.2.2. DIC and CaCO3 precipitation  

 

As expected and shown by black dots in Fig. 2b, [DIC] after inoculation increased in concert 

with %AC (at this stage only composed of DIC until the onset of CaCO3 precipitation). With the 

onset of CaCO3 precipitation, [DIC] reached a plateau between 5 and 7 mM when %AC = 30% and 

then increased again to reach 11.4 mM at the end of the experiment. Similar trends were observed 

in the experiment without CA (Millo et al., 2012), although in that experiment ureolysis proceeded 

to completion and thus produced more DIC (%AC = 100%; gray dots in Fig. 2b).  
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In the presence of CA, solid CaCO3 precipitation became quantifiable after 20 minutes of 

experiment, corresponding to a production of only 2% of AC, mostly as DIC (Table 1), whereas in 

the experiment without CA, solid CaCO3 precipitation became quantifiable after 100 minutes (Millo 

et al., 2012). In both experiments, the final CCaCO3
 value was comprised between 19.1 and 19.3 mM 

and was slightly lower than the initial calcium content of AGW. This indicates that only 90 to 95% 

of the AGW calcium content has precipitated as solid calcium carbonates during the experiments 

(Fig. 2c). As evidenced by the final [Ca2+] values of 1.3 to 1.4 mM, some residual calcium remained 

in the medium. Calcium may also have been trapped as intracellular calcium phosphates within 

bacteria, as previously shown by Dupraz et al. (2009b).  

 

3.3. Mineralogy of carbonate precipitates 

 

SEM images showed that both morphology and size of solid carbonates changed in the 

course of the experiment. The samples collected after 180 minutes consisted mostly of smooth half 

spheres (5 to 10 µm in diameter, more rarely 30 µm in diameter) and of prisms (30 to 50 µm edge 

length) (Fig. 3a). After 300 minutes of experiment, solid products were mostly made of aggregated 

crystals of intermediate shape ranging between spherical (70 µm in diameter) and prismatic. S. 

pasteurii cell pockmarks resulting from cell lysis are present at the crystals surfaces (Fig. 3b). After 

24 hours of experiment, carbonates consisted mainly of regular half spheres with smooth-cut faces 

(~70 to 100 µm in diameter), presenting small cracks. Some crystals were bigger and presented a 

more irregular rhombohedral shape (Figs. 3c and d). These crystal morphologies were similar to 

those observed in the experiment without CA (Millo et al., 2012). XRD analyses of the carbonates 

precipitated at 240, 330, 450 minutes and 24 hours indicated an overwhelming dominance of calcite 

and low-Mg calcite ((Mg0.064,Ca0.936)(CO3)), which represented 92 to 98% of the precipitates collected. 

Traces of vaterite (2 to 4%) were observed in all samples (except in the one collected 24 hours after 

the beginning of the experiment) and traces of aragonite (1 to 4%) were observed only in 
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precipitates collected 330 minutes to 24 hours after the beginning of the experiment (data not 

shown). This mineralogical composition was similar to that reported for the experiment without 

CA, where higher vaterite content was nonetheless observed during the initial stage of precipitation 

(Millo et al., 2012).  

 

3.4. Calculations of precipitation rate R  

 

The precipitation rates have been estimated in order to assess a possible effect of crystal 

growth rate on the  δ18
O values of solid carbonates (Dietzel et al., 2009; Watkins et al., 2013). The 

precipitation rate R, given in µmol/m
2
·h, is expressed conventionally as log R according to the 

formulas given in Romanek et al. (1992), Jiménez–López et al. (2001), Tang et al. (2008), and 

Millo et al. (2012). Because our aim was to investigate the effect of precipitation rate on carbonate 

 δ18
O values throughout precipitation, we calculated an instantaneous log R (Eq. (16)): 

logM = ∆OPQPR�
∆(×STF6FG�×UF6FG�

        (16) 

where ∆nCaCO
3
 corresponds to the incremental quantity of CaCO3 (in µmol) precipitated during ∆t 

(in minutes), mCaCO
3
 corresponds to the total mass of CaCO3 (in mg) accumulated at t, and Sp 

corresponds to the specific surface area of crystals, defined as follows (Eq. (17)). 

SpE�EX� =
SYZ[546\

]YZ[546\×^YZ[546\
        (17) 

Smineral, Vmineral and ρmineral are respectively the surface, volume and density of representative 

minerals of averaged size at time t. Surface and volume were derived from SEM observations, 

which allowed us to estimate the size and shape of the precipitated grains that were assimilated to 

spheres or cubes (see section 3.3). The dominant Ca-carbonate polymorph was identified by XRD 

analysis at each stage. From these observations, along with previously established systematics 

(Millo et al., 2012), we considered that the initial solid phase dominating during the first 50 minutes 

consisted in 5 µm diameter spherical aggregates of vaterite crystals. They were still visible on the 
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SEM images of carbonates collected at t = 180 minutes (Fig. 3a) but not in the SEM images of 

carbonates collected later. After 50 minutes of experiment, solid carbonates occurred mostly in the 

form of aggregates of calcite crystals, whose shapes were approximated to cubes. Such a successive 

vaterite and calcite precipitation stages were consistent with the evolution of the saturation index 

obtained for the different carbonate phases (Appendix A1). Saturation index showed in particular 

that after 50 minutes of experiment calcite became the most thermodynamically favourable calcium 

carbonate polymorph, followed by aragonite and vaterite.  

Considering that Figure 3a (displaying solid carbonates collected 180 min after the onset of 

precipitation) showed prisms of 30 to 50 µm edge length and that Figures 3b, c and d (displaying 

solid carbonates collected from 300 min to 24 h of experiment) showed bigger prisms of 70 to 100 

µm edge length, two different averaged calcite prism edge lengths were considered as 

representative of the experiment: 30 µm from 50 to 115 min, and 70 µm from 115 min up to the end 

of the experiment. Edge length estimates for the experiment without CA are given in Millo et al. 

(2012). 

Figure 4 shows precipitation rates obtained for the experiment with CA (black symbols) and 

compared to those observed in the absence of CA (grey symbols). In the experiment with CA, log R 

increased from 4.8 to 5.6 µmol/m
2
·h, then decreased to 4.4 µmol/m

2
·h. In the experiment without 

CA, log R increased from 3.9 at the beginning of precipitation to 5.0 µmol/m
2
·h, before decreasing 

to 4.6 µmol/m
2
·h. Except for the precipitation onset, log R values were thus similar for both 

experiments.  

 

3.5. δδδδ
18

O values of CaCO3 

 

The δ18
OCaCO

3
 values obtained in the presence and in the absence of CA are reported in 

Table 2 and the associated 1000lnαCaCO
3
-H

2
O values of are displayed in Fig. 5 as a function of the 

number of moles of accumulated CaCO3 (CCaCO
3
) in order to facilitate data interpretation (see 
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calculations in section 4.2). In the presence of CA, δ18
OCaCO

3
 values were equal to 4.3‰ at the 

beginning of precipitation and increased progressively, reaching a plateau around 19‰ when 70% 

of CaCO3 have precipitated. In the experiment performed without CA, initial δ18OCaCO
3
 values were 

equal to -5.4‰ and increased linearly with the amount of carbonate precipitated, reaching a 

δ18OCaCO
3
 value of 0.1‰ at the end of precipitation. δ18OCaCO

3
 values thus showed a marked 

difference between the experiments conducted with and without CA.  

The δ18OH2O values were -6.8 ± 0.1‰ in the experiment with CA and -7.4 ± 0.1‰ in the 

experiment without CA and remained constant during the course of the experiments. 

 

4. DISCUSSION 

 

4.1. Ureolysis kinetics 

 

Ureolysis exhibited slower reaction kinetics in the experiment with CA than in the 

experiment without CA (Fig. 1a). Since preliminary tests did not show any impact of the presence 

of CA on ureolysis kinetics (data not shown), the slower ureolysis kinetics observed in the 

experiment with CA reflects the fact that bacterial inoculum can be in a slightly different 

physiological state from one experiment to the other, as the AGW used for the experiments is not a 

growth medium but a minimum medium devoid of micronutrients and organic carbon (except for 

urea). As a consequence, bacteria inoculated in AGW can survive only during a limited time, during 

which they catalyse ureolysis. In the experiment with CA, the bacterial inoculum was in a slightly 

weaker physiological state as compared to the bacteria activity in the experiment without CA. 

Bacteria in a weaker physiological state at the time of inoculation have a weaker ureolytic activity, 

resulting in a slower ureolysis kinetics, a slower evolution of pH and a delayed onset of carbonate 

precipitation.  
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4.2. Comparing experimental δδδδ
18

OCaCO
3
 values to the values predicted at isotopic equilibrium 

 

The experimental and theoretical determinations of the oxygen isotope equilibrium 

fractionation between calcium carbonate and water (1000lnαCaCO
3
–H

2
O) converge toward values 

comprised within a 2‰ range at 30°C (Kim and O'Neil, 1997; Coplen, 2007; Chacko and Deines, 

2008). We compared the 1000lnαCaCO
3
-H

2
O values between calcite and water obtained in our 

experiments with the equilibrium oxygen isotope fractionation factor (at 30°C) of Kim and O’Neil 

(1997), the one from the field study of Coplen (2007), and the one from the theoretical study of 

Chacko and Deines (2008) (Appendix C1). The three fractionation factors were expressed in terms 

of 1000lnαCaCO
3
–H

2
O and reported in Fig. 5 for visual comparison. The lowest 1000lnαCaCO

3
–H

2
O 

value is the one after Chacko and Deines (2008) (26.7‰), whereas the highest 1000lnαCaCO
3
–H

2
O 

value is the one after Coplen (2007) (28.8‰). Among those three studies, we mostly compare our 

results to Kim and O’Neil (1997) equilibrium fractionation factor, as it has been determined with an 

experimental approach that is the most comparable to our precipitation setup. 

In the experiment without CA, initial 1000lnαCaCO
3
–H

2
O values were 24.7‰ smaller than 

expected for calcite at equilibrium with water (Kim and O’Neil, 1997) and remained at least 18‰ 

smaller than the value expected at equilibrium throughout the experiment. In the experiment with 

CA, 1000lnαCaCO
3
–H

2
O values were initially 16.0‰ smaller than predicted for calcite at equilibrium 

with water (Kim and O’Neil (1997) but increased progressively, approaching the equilibrium 

fractionation value predicted by Chacko and Deines (2008) at the end of the experiment (Fig. 5).  

Based on δ13
C data, Millo et al. (2012) demonstrated that after precipitation, solid 

carbonates did not reequilibrate their carbon isotopic composition with the continuously 

isotopically-evolving DIC (demonstration reproduced for the experiment with CA in Appendix B7). 

Given that carbon and oxygen isotope reequilibrations in solid carbonate occur through 

dissolution/reprecipitation processes (e.g., Mavromatis et al., 2015), it follows that in the present 
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experiments, solid carbonates did not undergo dissolution/reprecipitation. This, together with the 

fact that oxygen isotope equilibration within the carbonate system is slower than carbon isotope 

equilibration (Zeebe and Wolf-Gladrow, 2001) implies that, as for δ13
CCaCO3 values, δ18

OCaCO3 

values reflect the mass and isotopic balance of the progressive accumulation of instantaneously 

precipitated CaCO3 (δ18Oinst.CaCO3
) without any isotopic reequilibration. On this basis, we 

calculated δ18
Oinst.CaCO3

 values in order to verify that (i) carbonate precipitation occurred out of 

oxygen isotope equilibrium with water throughout the experiment without CA and (ii) carbonate 

precipitation occurred at oxygen isotope equilibrium with water at the end of the experiment with 

CA.  

As no isotopic reequilibration occurred after precipitation, the δ18
O value of accumulated 

CaCO3 (δ
18

Oacc.CaCO3
) can be expressed as: 

δ��O�``.E�EX� =
�

EF6FG��E?
b δ��Oc9�(.E�EX�dCE�EX�
EF6FG�
E?     (18) 

with C0 being the initial molar quantity of precipitated CaCO3 at the beginning of the experiment (in 

mM) and being equal to 0.  

This allows the calculation of δ18Oinst.CaCO3
 values, as follows:  

δ��Oc9�(.E�EX	 =
"e/EF6FG��E?7�fgX6hh.F6FG� i

"EF6FG�
      (19) 

In order to calculate δ18
Oinst.CaCO3

 values, the evolution of δ18
Oacc.CaCO3

 values was first modeled by 

using a best-fit curve of the measured δ18OCaCO
3
 values, in a δ18OCaCO

3
 versus CCaCO3

 diagram for 

both experiments (Fig. 5). For the experiment with CA, the relationship between δ18Oacc.CaCO3
 and 

CCaCO3
 was approximated by the following best-fit equation: 

 δ��O�``.E�EX� =
�

j/EF6FG�7
k + e       (20) 

with a = -1.5, b = 0.08, d = 0.17 and e = 30.4. Uncertainty for δ18
Oacc.CaCO3

 values was calculated to 

be of ± 1.3‰ with the least square method.  
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Combination of Eq. (20) with Eq. (19) yields:  

δ��Oc9�(.E�EX� =
��l.l�

/EF6FG�7
?.fm + 30.4       (21) 

Supposing that the main source of uncertainty in the calculation of δ18Oinst.CaCO3
 values comes from 

the calculation of δ18Oacc.CaCO3
 values, we estimated the uncertainty of δ18Oinst.CaCO3

 values to be of 

the order of ± 1.3‰. 

For the experiment without CA, the best-fit function for δ18Oacc.CaCO3
 values was: 

δ��O�``.E�EX� = ap/CE�EX�7
� + bp/CE�EX�7 + d′     (22) 

With a' = 0.0054, b' = 0.22 and c' = - 5.5. Uncertainty calculated from a least square regression for 

δ18Oacc.CaCO3
 values was ± 0.6‰. 

Eq. (19) and Eq. (22) allow calculating δ18Oinst.CaCO3 
values, according to: 

δ��Oc9�(.E�EX� = 0.0162/CE�EX�7
� + 0.44/CE�EX�7 − 5.5    (23) 

with an uncertainty of ± 0.6‰ evaluated from least square regression. 

We then established the evolution of the 1000lnαCaCO3inst–H
2
O curves (with or without CA) shown in 

Fig. 5 whose errors were ±1.4‰ for the calculation with CA and ±0.7‰ for the calculation without 

CA.  

In the experiment without CA, calculated 1000lnαCaCO3inst–H
2
O values increased from 1.9‰ to 

16.3‰ ±1.4‰ (1σ), while published equilibrium fractionation factors range from 26.7‰ to 28.8‰ 

at 30°C (Kim and O’Neil, 1997; Coplen, 2007; Chacko and Deines, 2008), indicating that CaCO3 

always precipitated out of oxygen isotope equilibrium in the absence of CA. In contrast, 

1000lnαCaCO3inst–H
2
O values calculated for the experiment in the presence of CA reached a final 

1000lnαCaCO
3

ins–H
2
O value of 27.6‰ ±1.4‰ (1σ), that lies between Kim and O’Neil (1997) and 

Coplen, (2007) equilibrium fractionation factors (Fig. 5).  

Overall, comparison of both experiments unambiguously showed that in the experiment 

without CA, a very strong oxygen isotope disequilibrium between precipitated carbonate and water 
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can be observed. This disequilibrium was suppressed in the experiment with CA as a result of the 

enzyme activity. Note however that, given the fact that our equilibrium value was calculated 

assuming that mineral precipitates were composed of 100% calcite, whereas traces of aragonite and 

vaterite have been evidenced using SEM and XRD, and given the relatively poor precision of our 

equilibrium 1000lnαCaCO
3
–H

2
O value, our study cannot bring accurate constraints on the oxygen 

isotope equilibrium fractionation factor values for calcite precipitation.  

 

4.3. Disequilibrium δδδδ
18

O recorded in calcium carbonates in the absence of CA 

 

Ureolysis-induced CaCO3 precipitation in the absence of CA resulted in initial 1000lnαCaCO
3
-

H
2
O values 24.7‰ smaller than the ones expected for oxygen isotope equilibrium with water (Kim 

and O’Neil, 1997) (Fig. 5). To the best of our knowledge, such a strong offset from equilibrium has 

never been reported for microbial carbonates. Several potential reasons could explain deviations 

from oxygen isotope equilibrium: 

(1) Kinetic fractionation of oxygen isotopes induced by a high CaCO3 precipitation rate, hence 

promoting the incorporation of 
18

O-depleted CO3
2-

 in the precipitated CaCO3 (Eq.(8)); 

(2) Changes in calcium carbonate mineralogy (polymorphisms) during precipitation; 

(3) pH effect; 

(4) Kinetic fractionation of oxygen isotopes during CO2(aq) hydration or hydroxylation (Eqs.(5) 

and (6) if CO2 is produced by ureolysis), thereby promoting the formation of 18O-depleted 

H2CO3 or HCO3
-
;  

(5) Kinetic fractionation of oxygen isotopes associated with the two successive steps of the 

ureolysis reaction (Eq.(1) and Eq.(2) or (3)) superimposed to the oxygen isotope ratio of 

urea, which could promote the formation of 
18

O-depleted H2CO3 or CO2(aq) (Eqs. (1), (2) and 

(3)); 
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If disequilibrium had resulted from a preferential entrapment of isotopically light oxygen in 

the solid carbonate due to fast crystal growth (hypothesis (1)), we should have observed offsets 

from the isotopic equilibrium range in the experiment conducted in the presence of CA, as this 

enzyme has no influence on the precipitation process.  In that case, we calculated that, for both 

experiments, precipitation rate would have led to a 1000lnαCaCO
3inst

–H
2
O value 1.5‰ smaller than the 

equilibrium fractionation factor according to Dietzel et al. (2009) and 0.8‰ bigger than equilibrium 

fractionation factor according to Gabitov et al. (2012) (Appendix C1). Kinetic fractionation of 

oxygen isotopes resulting from high CaCO3 precipitation rate can therefore be ruled out as a 

possible explanation for the 16.0‰ and 24.7‰ differences observed between our experimental 

1000lnαCaCO
3inst

–H
2
O values and equilibrium fractionation factors (according to Kim and O’Neil, 

1997) even though our precipitation rates are particularly high for a biologically-induced 

precipitation.  

Because the presence of CA does not induce neither mineralogical changes nor 

recrystallization processes, hypothesis (2) also appears unsuitable to explain the 

difference in δ18OCaCO3 values observed in the two experiments. Moreover, calcite, vaterite and 

aragonite precipitated at oxygen isotope equilibrium have relatively similar δ18O values. At 30°C, 

both aragonite and vaterite are enriched in 18O relative to calcite; aragonite by 0.6‰ to 0.8‰ and 

vaterite by 0.5‰ to 0.6‰ (Tarutani et al., 1969; Kim and O'Neil, 1997). While these differences 

may have been preserved in the oxygen isotope composition of the carbonate precipitates, they are 

far too small to account for the 16.0‰ and 24.7‰ differences observed between equilibrium 

1000lnαCaCO
3
-H

2
O values (according to Kim and O’Neil, 1997) and the 1000lnαCaCO

3
-H

2
O value 

obtained for the first precipitated carbonates in the experiments with and without CA, respectively.  

The magnitude of pH effect (hypothesis (3)) can be calculated following the approach 

proposed by Zeebe (2007) assuming that DIC species are incorporated into the solid carbonate 

according to their proportions in the aqueous phase (Zeebe, 2007; Kim et al., 2014). In order to do 
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these calculations it is necessary to know the isotopic composition of each DIC species, which is 

possible by assuming that DIC is in oxygen isotope equilibrium with water. The results of the 

calculations (detailed in Appendix C2) performed for all the pH values measured during the 

experiment with CA (Table 1) correspond to 1000lnαCaCO
3inst

–H
2
O values ranging from 27.9 to 

29.3‰, which is close to the 27.1‰ value estimated following Kim and O’Neil (1997). The pH 

effect would thus also be far too small to account for the -16.0‰ and -24.7‰ oxygen isotope 

disequilibrium observed between precipitated carbonate and water in the experiment with S. 

pasteurii..  

Our results thus definitively point to an oxygen isotopic disequilibrium between the DIC 

produced by ureolysis and water (hypotheses (4) and (5)). The disequilibrium was recorded in our 

solid carbonates because the DIC residence time in solution was short enough to prevent its full 

oxygen isotope equilibration with water before its precipitation as CaCO3. As an illustration, at pH 

9, in the absence of CA, the isotope equilibration between DIC and water requires ~ 44h (Zeebe and 

Wolf-Gladrow, 2001) whereas most of our carbonates precipitated in less than 4 hours after the 

onset of the experiments. Moreover, DIC was produced progressively over the course of these 4 

hours, hence further reducing the time available for isotopic equilibration. This disequilibrium 

between DIC and water is thus necessarily related directly or undirectly to ureolysis, the only source 

of DIC in the experiments. The disequilibrium may be inherited from the ureolysis reaction itself 

(hypothesis (5)) and/or from hydroxylation and hydration reactions if CO2(aq), rather than H2CO3, is 

produced by ureolysis (Eqs. (1) and (2)) (hypothesis (4)). 

If the ureolysis product is CO2(aq), the contribution of hydration and hydroxylation to 

disequilibrium  δ18
OHCO3- values can be estimated by isotopic mass balance calculations (Létolle et 

al., 1990; Usdowski et al., 1991; Clark et al., 1992): 

Hydroxylation: δ��OuEX�v =
�
	 δ

��OEX>(6w) +
�
	 δ

��OXuv     (24) 

Hydration:  δ��OuEX�v =
�
	 δ

��OEX>(6w) +
�
	 δ

��Ou>X     (25)  
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 As the δ18
OCO2(aq) value could not be measured during our experiment, the δ18

OHCO3- value 

cannot be directly calculated. But we can at least evaluate if hydration and hydroxylation alone can 

account for the observed disequilibrium, assuming that CO2(aq) produced by ureolysis is in oxygen 

isotope equilibrium with water. To determine δ18
OCO2(aq) at equilibrium with water we used the 

equilibrium 1000lnαCO
2(aq)

-H
2
O value (39.5‰ at 30°C) from Beck et al. (2005) and to determine the 

δ18
OOH- value, we used the equilibrium 1000lnαH

2
O-OH- value (36.8‰ at 30°C) from Green and 

Taube, (1963). With a δ18OH2O value of -7.4‰ as in the experiment without CA (Table 2), we 

obtained δ18OOH- = -44.2‰ and δ18OCO2(aq) = -32.1‰).  

 At pH 9, which corresponds to the pH of the main carbonate precipitation phase in our 

experiments, approximately 76% of CO2 undergoes hydroxylation and 24% hydration (see 

Appendix C2 for calculations after Zeebe and Wolf-Gladrow (2001)). δ18
OHCO3- can then be 

calculated by weighing Eqs. (24) and (25):  

δ��OuEX�v = 0.76 y
�
	 δ

��OEX>(6w) +
�
	δ

��OXuvz + 0.24y�	 δ
��OEX>(6w) +

�
	 δ

��Ou>Xz (26) 

δ��OuEX�v = 0.76 y
�
	 (32.1) +

�
	 (−44.2)z + 0.24 y

�
	 (32.1) +

�
	 (−7.4)z  

This leads to a final δ18
OHCO3- value of 9.6‰ and thus to a disequilibrium 1000lnαΗCO3--H

2
O 

value of 17.0‰ while the equilibrium 1000lnαΗCO3--H
2
O is 30.1‰ at 30°C (Beck et al., 2005). With 

equilibrium initial conditions, CO2(aq) hydration and hydroxylation can explain a 13‰ offset from 

equilibrium for the 1000lnαΗCO3--H
2
O value whereas the initial offset from equilibrium observed in 

solid carbonates was -24.7‰ in the experiment with CA. This demonstrates that CO2 cannot be in 

oxygen isotope equilibrium with water when it is generated by ureolysis. Part or all of the 

disequilibrium must hence be associated with oxygen isotopic fractionation during ureolysis 

(hypothesis 5) resulting in the production of CO2(aq) (or H2CO3) with δ18
O lower than their 

equilibrium values with water. 
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If the ureolysis product is H2CO3 (Eq. (1) and (3)), then the first precipitated carbonates 

before any DIC reequilibration with water have oxygen atoms directly inherited from the hydrolysis 

of urea, without any fractionation caused by hydration and hydroxylation. Because it was not 

possible to perform direct δ18O measurements of H2CO3 or CO2(aq) produced by ureolysis, we can 

only provide qualitative constraints for them. Four parameters must be considered to constrain δ18
O 

of H2CO3 or CO2: (i) the isotope composition of the parent urea which provide 1 out of the 2 or 3 

oxygen atoms in the CO2 or H2CO3 molecules, (ii) the oxygen isotope fractionation imparted to this 

oxygen by ureolysis, (iii) the oxygen isotope composition of water from which 1 or 2 out, of the 3 

to 4 oxygen atoms in CO2(aq) or H2CO3 molecules, come from and (iv) the oxygen isotope 

fractionation imparted to these O atoms by the hydration steps of ureolysis (Eq. 1,2 and 3).  

The oxygen isotope composition of urea (δ18
Ourea) is not measurable with our experimental 

setup. However, because the procedure used for urea synthesis from ammonia and CO2 (Kishimoto 

et al., 2008) generates strongly negative δ13
C values (a δ13

Curea of -48.9‰ was measured for the 

urea used in our experiments) it is likely that the δ18Ourea value is negative as well. Similarly, since 

ureolysis generates 12C-enriched H2CO3 with an enzymatic kinetic fractionation factor of -12.5‰ 

for carbon isotopes (Millo et al., 2012; see Appendix B6 for further information), ureolysis-derived 

H2CO3 (or CO2(aq))  is likely to be 16O-enriched. Finally, the two successive hydrations steps of urea 

molecules should also incorporate in the product of ureolysis light oxygen isotopes coming from the 

water molecules. Overall, a kinetic fractionation associated with ureolysis could easily account for 

the whole isotopic disequilibrium between water and CaCO3 (and by extension DIC) observed for 

oxygen isotopes.  

In the course of the experiment without CA, δ18
OCaCO3 values increased progressively, hence 

reducing the observed offset from oxygen isotope equilibrium values in the final stage of the 

experiment (Fig. 5). The δ18
OCaCO3 increase matched a comparable δ13

CCaCO3
 increase, resulting in a 

significant δ18OCaCO3 versus δ13CCaCO3
 correlation (Fig. 6) (R2=0.872 with a slope approximately 
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equal to 1). In our experiments, the only process suitable to account for the observed δ18
OCaCO3 

versus δ13
CCaCO3

 correlation in solid carbonates is Rayleigh distillation of urea during DIC-

producing ureolysis, which would lead to a progressive 18O enrichment of the residual urea as 

observed for carbon isotopes (Millo et al., 2012). The δ18OCaCO3
 increase during ureolysis may thus 

result from the production of progressively 
18

O-enriched H2CO3. However, the correlation between 

the δ18
OCaCO3

 and δ13
CCaCO3

 values may also results from two distinct mechanisms, both governed 

by the same process. This process could be reaction time, which could control both the evolution of 

δ13
CDIC values through Rayleigh distillation during ureolysis (see Appendix B6) and the evolution 

of δ18
ODIC values through oxygen isotope equilibration between DIC and water. To summarize, the 

progressive δ18OCaCO3
 increase observed in the course of the experiment may be due to oxygen 

isotope equilibration between DIC and water and/or to kinetic isotope fractionation during 

ureolysis. 

In conclusion, the initial δ18
OCaCO3 offset from isotopic equilibrium between water, solid 

carbonates and DIC is likely to result from a combination of hypothesis (4) and (5), which are 

directly or indirectly linked to the metabolic production of DIC by ureolysis. If ureolysis produces 

H2CO3 instead of CO2(aq), then all the oxygen isotope disequilibrium must be attributed to the 

ureolysis reaction. 

 

4.4. Implications for the interpretation of δδδδ18O values in microbially induced carbonates  

 

 Our results demonstrate that bacterial activity can produce calcium carbonates with an 

oxygen isotopic composition in disequilibrium with the ambient water. In our experiments, the 

disequilibrium gave 1000lnαCaCO
3
-H

2
O values 24.7‰ smaller than equilibrium and result from a 

combination of H2CO3 or CO2(aq) produced by ureolysis with a metabolic isotopic signature and 

kinetic isotope effect during potential CO2(aq) hydration and hydroxylation. For disequilibrium to be 
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recorded in microbially mediated carbonates, favorable conditions are required. Precipitation should 

occur in a confined space favoring the accumulation of metabolic DIC and limiting its dilution in 

the environmental DIC. Additionally, the oxygen isotope equilibration of metabolic DIC with water 

must not reach completion before carbonate precipitation. This would be favored by a short 

residence time of metabolic DIC in water before carbonate precipitation, facilitated by a relatively 

high local pH (as stated previously, the rate of isotope equilibration between DIC and water takes 

around 44 hours at pH 9 and less than one hour at pH 7 (Zeebe and Wolf-Gladrow, 2001; Watkins 

et al., 2013)). Additionally, hydroxylation of CO2 is favored over hydration at high pH, further 

enhancing disequilibrium DIC formation as hydroxylation presents the strongest oxygen isotope 

effect.  

Microbially mediated carbonates showing disequilibrium isotopic compositions for oxygen 

have already been identified and it was proposed that disequilibrium may result from metabolic 

activity (Coleman and Raiswell, 1995; Sass et al., 1991). Geological evidence is nonetheless still 

scarce, as carbonate exclusively precipitated by microbial activity are difficult to identify and 

isolate from other types of carbonates. In addition, the δ18O value of the water in which microbial 

carbonates precipitated is often poorly constrained or even unknown, as in the cases of some ancient 

lakes or ground waters. Because a small change in water δ18
O value causes large change in 

isotopically-predicted temperatures, the microbial record is rarely chosen for paleoenvironmental 

studies (Andrews et al., 1997). However, microbial carbonates were shown to be important in 

certain geological periods (e.g., Leinfelder et al. (1993) for the Jurassic period) and for some 

particular settings or carbonate types (i.e., Cacchio et al. (2004) for cave carbonate and Wacey et al. 

(2007) for dolomite formation). Moreover, microbial carbonates sometimes are the only carbonates 

available, in particular in the subsurface and during the Precambrian.  

Concretions produced during diagenetic processes are the most likely carbonated materials 

to record oxygen isotopic disequilibrium due to the involvement of microbes in their formation. 

Furthermore, their precipitation occurs in the relatively confined porosity of sediments, where fluid 
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circulations are strongly reduced compared to free water. pH is locally controlled and de facto high 

enough to allow rapid carbonate precipitation. A few authors have already suggested that a DIC of 

metabolic origin could be an explanation for the combined disequilibrium δ18
O and δ13

C values 

found in several carbonated cements and concretions associated with sediments. The fractionation 

mechanism invoked to account for these disequilibrium isotopic values was the incorporation of 

microbially produced HCO3
- in the precipitating carbonate (Coleman and Raiswell, 1995; Sass et 

al., 1991; Nielsen et al., 1998; Mortimer and Coleman 1997; DeCraen et al., 1999; Bojanowski and 

Clarkson, 2012). Our experimental results lend a strong support to the so far poorly supported idea 

that, due to their metabolic activity, microbes can precipitate carbonates with δ18O values in 

disequilibrium with water. This does not mean however that this is the case for all microbial 

carbonates. For example, carbonate precipitating in close contact to open waters relatively rich in 

ambient DIC, such as in microbialites (among which are the emblematic stromatolites), should be 

less prone to record oxygen isotope disequilibria. As an example, it has been shown that metabolic 

effects could only be imprinted below the stromatolites surface, in the finest carbonate grains, 

whereas the carbonate crust in contact with water was found to form at oxygen isotope equilibrium 

(Andres et al., 2006). Moreover, compared to other biogenic carbonates, microbial carbonates are 

often composed of small and poorly crystallized grains. They are thus more prone to dissolution-

reprecipitation with a consequent loss of the original disequilibrium oxygen isotope signature. Yet, 

the possibility that the oxygen isotope signatures of microbial carbonates may be offset from 

equilibrium with water should receive more consideration, in particular in diagenetic cements and 

sedimentary concretions. 

 

5. CONCLUSIONS 

 

We presented here an experimental study on the oxygen isotope systematics of carbonate 

precipitation induced by bacterial ureolysis. Based on the results of two experiments conducted with 
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a model carbonatogenic strain, respectively in the presence and in the absence of CA, we showed 

that the oxygen isotope composition of solid carbonates was controlled by the microbial metabolic 

activity. While, in the absence of CA, carbonates precipitated in strong oxygen isotope 

disequilibrium with water, this equilibrium was quickly reached in the presence of CA. The 

maximum offset from equilibrium observed in the carbonates precipitated without CA was -24.7‰, 

while carbonates eventually precipitated at equilibrium in the presence of CA. The fact that CA 

promoted oxygen isotope equilibrium between carbonate and water implies that the cause for the 

disequilibrium in the absence of CA was the disequilibrium between DIC and water rather than the 

disequilibrium between solid carbonates and DIC. This disequilibrium resulted from the 

combination of a source effect (i.e., H2CO3 or CO2(aq) generated by ureolysis) with a kinetic effect 

associated with hydroxylation/hydration of this CO2(aq), the respective contribution of which 

remains unknown. 

This finding gives credit to the long-standing but poorly supported hypothesis that in some 

cases oxygen disequilibrium recorded in microbial carbonate may, like in eukaryotes, result from 

the incorporation of variable proportions of metabolic CO2 within the solid carbonate. It is possible 

(but not demonstrated yet) that this metabolic CO2, initially out equilibrium with water, may 

undergo further 
18

O depletion through a kinetic effect associated with its conversion into 

bicarbonate or carbonic acid during hydroxylation or hydration reactions. Our experiment also 

suggests the hypothesis that CA activity in precipitation sites could lower or suppress the vital 

effects (i.e. oxygen isotope disequilibrium of carbonates with respect to water) in numerous species 

of skeleton-forming eukaryotes (Weiner and Dove, 2003). 

The main result of this study is that disequilibrium oxygen isotope ratios, which are widely 

recorded in carbonate mineralizing eukaryotes, can also occur in the case of microbially-induced 

carbonate precipitation. Such disequilibrium oxygen isotope ratios might complicate the 

interpretations of the δ18O signatures of microbial carbonates in terms of reconstructions of 

paleotemperature or δ18
O value of water, especially in subsurface environments where diagenesis 
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occurs, but they also might offer a new opportunity to identify biogenic carbonates in the 

subsurface. 
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Appendix A. Saturation index calculations 

 

The evolutions of the saturation indexes (Ω) (Eq. A1) of calcite, aragonite and vaterite in the 

course of the experiment, both in the presence and in the absence of CA, are displayed in Fig. A1. 

Saturations indexes were calculated as follows: 

{ }{ }
sp

2

3

2

K

COCa −+

=Ω          (A1) 

where {Ca
2+

} and {CO3
2–

} are the activities of dissolved Ca
2+

 and CO3
2–

 given by a truncated 

Davies model. Ksp is the solubility product of CaCO3 at the experimental temperature of 30°C and 

was calculated for each of the three CaCO3 polymorphs (calcite, vaterite and aragonite). The log of 

the formation constant of each polymorph, namely Kcalcite, Kvaterite and Karagonite, were those of the 

JCHESS© default database updated with logKvaterite after Plummer and Busenberg (1982) (logKcalcite 

= -8.51, logKaragonite = -8.37, logKvaterite = -7.96). Saturation indexes evolution indicated that in both 

experiments (with ou without AC) calcite was systematically the most thermodynamically 

favourable calcium carbonate polymorph, followed by aragonite and vaterite. 

 

Figure A1. Saturation index (Ω) of the solution with respect to calcite, aragonite and vaterite during the experiments 

with (in black) or without (in gray) carbonic anhydrase (calculated using JCHESS© and plotted versus the percentage of 

Accumulated Carbon). 
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Table A1. Temporal evolution of DIC speciation and saturation index calculated using the 

geochemical code JCHESS
©

for the experiment with AC. The reader is refered to Millo et al. (2012) 

for the data associated with the experiment without AC.  
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Reaction time (min) HCO3
- 
(%)  CO3

2- 
(%)  CO2(aq) (%) Ω (calcite) Ω (vaterite) Ω (aragonite) 

20 72.7 27.1 0.2 14.0 3.9 10.0 
27 65.3 34.6 0.1 38.0 10.6 27.2 

40 59.1 40.8 0.1 74.3 20.7 53.3 

50 58.0 42.0 0.1 78.9 22.0 56.6 
69 57.0 43.0 0.1 150.7 42.0 108.1 
83 56.7 43.3 0.1 188.8 52.6 135.2 

94 59.7 40.2 0.1 190.5 53.2 136.8 
116 68.3 31.6 0.1 166.7 46.5 119.7 

127 71.6 28.2 0.2 160.0 44.6 114.8 

142 68.5 31.4 0.1 183.2 51.2 131.5 

156 74.2 25.6 0.2 139.0 38.8 99.8 
186 79.7 20.1 0.2 117.5 32.8 84.3 

219 80.8 18.9 0.3 106.2 29.6 76.2 

247 83.0 16.7 0.3 102.8 28.7 73.8 
275 82.4 17.3 0.2 86.3 24.1 61.8 

303 85.3 14.4 0.3 67.3 18.8 48.2 

334 86.8 12.9 0.3 60.7 17.0 43.6 
369 86.8 12.9 0.3 52.7 14.7 37.8 
394 91.6 7.9 0.5 34.0 9.5 24.3 

404 90.5 9.1 0.4 32.5 9.1 23.3 

405 90.3 9.3 0.4 35.8 10.0 25.6 
424 90.5 9.1 0.4 35.8 10.0 25.7 

454 90.4 9.2 0.4 32.3 9.0 23.2 
481 90.2 9.4 0.3 31.3 8.7 22.4 
24 h 89.3 10.5 0.3 26.1 7.3 18.7 

24 h 89.3 10.4 0.3 21.9 6.1 15.7 

24 h 89.1 10.7 0.3 26.4 7.4 19.0 
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Appendix B. Isotopic measurements and carbon systematics 

 

B1. δδδδ
13

CDIC and δδδδ
18

OH2O measurements 

 

Aliquots of 2 mL of the experimental solution were collected for isotopic analysis at each 

sampling event. For δ18
OH2O analyses, a 1 mL aliquot was injected in an Exetainer


 vial filled with 

a mixture of 99.7% helium and 0.3% CO2 according to the water-CO2 equilibration method (Horita 

and Kendall, 2004). The remaining 1 mL was injected in a separate Exetainer


 vial loaded with 0.2 

mL of 100% H3PO4 and filled with helium for δ13
CDIC values analyses. Isotope equilibration 

between gaseous and aqueous CO2 was established for both by vial agitation overnight. 

Isotope analyses were performed with two gas chromatography isotope ratio mass 

spectrometers  (GC-IRMS) running under continuous helium flow, namely AP 2003 (Analytical 

Precision 2003, GV Instruments) or Gas Bench coupled to a Delta XP Thermo Finnigan. Raw δ18O 

and δ13
C values (obtained by averaging four consecutive measurements) were corrected for non–

linearity according to standard procedures (e.g., Assayag et al., 2006). The analytical uncertainty on 

δ18OH2O and δ13CDIC values was ± 0.1 ‰ (1σ).  

The concentration of DIC, linked to the molar quantity of DIC (CDIC) produced in each 

assay, was inferred from the linear relationship between the molar quantity of sample and the 

intensity of the mass 44 peak provided by the mass spectrometer (i.e., the 
12

C
16

O2
+ 

ion currents, 

henceforth referred to as I44). This linear relationship was established by repeated analyses of 

internal laboratory carbonate standards (100% calcite), run with different concentrations. The 

uncertainty in the CDIC quantification was ± 5% of the measured values (1σ).  

 

B2. δδδδ13C and δδδδ18O analysis of calcium carbonate precipitates 

 

Carbon and oxygen isotope compositions of calcium carbonate precipitates (δ18
OCaCO3

 and 

δ13
CCaCO3

) were measured using the AP 2003 GC-IRMS. Aliquots of 0.6 to 3.5 mg of precipitates 

along with calcium carbonate standards were loaded in Exetainer
 

vials, flushed with ultra–pure 

helium gas (at a pressure of 2.5 bar) and digested at ambient temperature in an excess of 100% 

H3PO4 injected through the Exetainer
 

rubber septa (refer to Assayag et al. (2006) for further 

details). Raw δ18OCaCO3
 and δ13CCaCO3 

values were measured after 15 to 20 hours acid digestion, 

corrected for instrumental non–linearity and converted to the V-SMOW or V-PDB scale as 
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described in Assayag et al. (2006). The analytical precision for both δ18
OCaCO3

 and δ13
CCaCO3

 

estimates was ± 0.1‰ (1σ). 

 

B3. Blank correction for DIC and Accumulated Carbon 

 

Pre-existing DIC in AGW and bacterial suspension prior to inoculation was identified and is 

hereafter referred to as blank DIC. The presence of blank DIC in the initial solutions probably 

results from the dissolution of atmospheric CO2(g) in solution prior to inoculation and/or to the 

release of metabolic CO2(aq) in the bacterial suspension prior to ureolysis in AGW.  

Carbon isotope analyses of the blank DIC in 12 mL of pure AGW and 12 mL of pure S. 

pasteurii inoculum suspended in UPW at OD600 = 0.100, respectively yielded the following results:  

(a) AGW: CDIC = 167 µmol/L; δ13
CDIC = -35.0‰. 

(b) S. pasteurii inoculum: CDIC = 156 µmol/L; δ13CDIC = -32.0‰. 

Mass and isotopic balance of the contributions (a) and (b) calculated for a mix of 6 mL of 

AGW plus 6 mL of inoculum yielded a total CDIC 
blank

 = 162 µmol/L and a δ13
CDICblank

 = -33.6‰. 

Some CO2 produced by the initial metabolic activity of bacteria in contact with urea may also 

contribute to the blank but it cannot be measured independently. 

Our calculations inicate that the contaminating blank DIC induces a ~ 4.6‰ 13C–enrichment 

at the onset of ureolysis when the contribution of ureolysis-generated DIC is still low. Once 

ureolysis progress, the impact of the blank DIC is reduced. In the experiment with CA, after 30% 

AC, the δ13
CDIC offset induced by the blank becomes as low as 0.5‰ (Fig. B1 and Table B1). 

Blank–uncorrected δ13
CDIC values exhibit an initial decrease from -48.5 to -58.3‰ (up to %AC = 

40%) followed by a final increase up to -48.9‰. Blank-corrected DIC values do not show this 

initial decrease, hence indicating that it was indeed linked to the initial presence of the blank DIC.  
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Fig. B1. Blank-uncorrected and blank-corrected δ13C values of the DIC as a function of ureolysis progress expressed 

using the accumulated product, with completion of the reaction at 100% (data obtained in the experiment with carbonic 

anhydrase). Black symbols refer to the experiment in the presence of CA (this study). Grey symbols refer to the 

experiment conducted without CA (Millo et al., 2012) and are plotted for comparison. 
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B4. Carbon systematics for the experiment with carbonic anhydrase  

 

Carbonates whose δ13
C values (δ13

CCaCO3
) are presented in Fig. B2b and have precipitated 

from the blank-uncorrected DIC (Fig. B2a), which is the rational for showing uncorrected data. In 

the experiment with CA, solid carbonate δ13CCaCO3
 values decreased from -55.6‰ to -56.5‰ (for 

%AC = 40%) and finally increase up to ~ -54.1 ‰ (Table B1).  

 

Fig. B2. (a) δ13C values of DIC (blank-uncorrected) and (b) δ13C values of precipitated CaCO3 plotted versus % 

Accumulated Carbon. Black symbols refer to the experiment in the presence of CA (this study). Grey symbols refer to 

the experiment conducted without CA (Millo et al., 2012) and are plotted for comparison. Vertical error bars in (a) and 

(b) are smaller than symbols. 
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B5. Determination of the carbon isotopic signature of the accumulated product, δδδδ
13

CAC 

 

During ureolysis, carbon from urea is converted into DIC or solid carbonate, which taken 

together constitute the accumulated carbon produced by ureolysis (AC). δ13
CAC values were 

calculated by isotope and mass balance of precipitated CaCO3 and DIC corrected from blank 

contribution following Eq. (B1). δ13CAC value is useful to determine the isotope fractionation factor 

associated with ureolysis and to assess the isotope balance at the end of the experiment. 

3

33

CaCODIC corrected

CaCO

13

CaCODIC corrected

13

DIC corrected

AC

13
CδCδ

Cδ
nn

nn

+

+
=   (B1) 

The initial δ13
CAC value was ~ -56.0‰ (Table B1 and Fig. B3). δ13

CAC value then progressively 

increased up to -52.3‰ as ureolysis proceeded, thus remaining lower than the δ13C value of starting 

urea (δ13
C0 urea = -48.9‰; Millo et al. (2012)). 

 

 

Fig. B3. δ13C values of Accumulated Carbon calculated by mass and isotope balance of DIC and precipitated CaCO3 

(blank-corrected). Blank-corrected δ13CAC strictly corresponds to the δ13C signature of inorganic carbon produced by 

ureolysis, without the contribution of the initial blank DIC. Black symbols refer to the experiment in the presence of CA 

(this study). Grey symbols refer to the experiment conducted without CA (Millo et al., 2012) and are plotted for 

comparison. Dashed line corresponds to the initial δ13C value of urea (δ13C0 urea = - 48.9‰). Vertical error bars are 

smaller than symbols. 
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As shown in Figs. B2 and B3, where data of both experiments with (this study) and without 

CA (Millo et al., 2012) are displayed for comparison, despite the fact that ureolysis did not reach 

completion in the experiment performed with CA (Fig.1), the patterns of  δ13
CDIC, δ13

CCaCO3
, and 

δ13
CAC values in both experiments are similar.  
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B.6. Determination of the ureolysis kinetic fractionation factor for C isotopes 

 

 The chemical system under study is closed with respect to atmosphere (i.e., no headspace in 

the Exetainer vials capped with rubber septa). Urea is thus the only source of inorganic carbon 

during the whole course of the experiment (except for the blank DIC which is proportionally 

important in the first minutes only). As previously defined, during ureolysis, carbon from urea is 

converted into DIC or solid carbonate, which taken together constitute the accumulated carbon 

produced by ureolysis (AC). Note that AC was referred to as accumulated product (AP) by Millo et 

al. (2012). At the end of the experiment without CA, δ13CAC (B1) value reached -48.9‰, which 

equals the initial δ13
C value of urea and confirms full conversion of carbon from urea into both DIC 

and CaCO3 (i.e., %AC = 100; Table B12 and Fig. B3). In the experiment with CA, considering that 

ureolysis did not proceed to completion (Fig.1) (%AC = 91.4%), a lower final δ13
CAC value of -

52.3‰ is coherently observed (Table B1 and Fig. B3).  

Millo et al. (2012) modeled the evolution of the δ13CAC values as a function of ureolysis 

yield using a Rayleigh distillation equation (e.g., Mariotti et al., 1981): 

3
α

3

urea 0

13

Rayleigh AC

13 10
)(11

)10C(δCδ
ureaAC

−
−−

×+=
−

f

f
  (B2) 

where δ13
C0 urea value is the initial carbon isotopic composition of urea, f is the fraction of DIN 

produced (f = [DIN] / 2[urea]0), and αAC-urea is the kinetic isotope fractionation factor associated 

with ureolysis. From this modeling, a 1000lnαAC-urea value of -12.5‰ was obtained (Millo et al., 

2012).  

In the presence of CA and similarly to what was observed for the experiment without CA 

(Millo et al., 2012), the evolution pattern of δ13CAC values was also best modeled assuming that 

1000lnαAC-urea = -12.5‰. Such a negative kinetic fractionation factor value denotes preferential 

incorporation of 12C into the ureolysis product, in line with what is generally reported for 

bacterially-catalyzed reactions, (e.g., Coleman et al., 1981; Heraty et al., 1999; Miller et al., 2001, 

2004; Brungard et al., 2003). 
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B7. Determination of 1000lnααααCaCO
3
-HCO

3
- for carbon isotopes 

 

If precipitation occurred at carbon isotope equilibrium between DIC and solid carbonate, 

then 1000lnαCaCO
3
-HCO

3
-
 
would be equal to 0.96‰, as established for calcite at 30°C (Zhang et al., 

1995; Romanek et al., 1992). Isotopic fractionation between CaCO3 and DIC is expressed as the 

isotopic difference between CaCO3 and HCO3
-, which is the most abundant DIC species in our 

experiment at the encountered pH.  δ13CHCO3
- values were derived from the measured δ13CDIC value 

by considering the carbon isotope fractionation factors given for the equilibrium reactions between 

the DIC species, as proposed by Zhang et al. (1995). δ13
CHCO3

- values for each sample were 

calculated based on the relative abundances of H2CO3, HCO3
-
 and CO3

2-
. Coherently, the pH–

dependent speciation of DIC (calculated with JCHESS©) indicated a dominance of HCO3
–
 (56.7 to 

91.6% of the total DIC) over CO3
2–

 (7.9 to 43.3% of the total DIC), whereas CO2(aq) was negligible 

(≤ 0.5%) (Table B1). 

(i) The trend of the calculated δ13
CHCO3

- values plotted as a function of CCaCO3
 can be approximated 

by a δ13
CHCO3

- BF value derived from a best-fit curve equation (Fig. B4a), as follows: 

δ13CHCO3
- BF = a·(CCaCO3

 )
2 + b·(CCaCO3 

) + d  (B3) 

where BF stands for “best-fit”, a = 0.06, b = - 0.9 and d = -54. 

(ii) The δ13C value of CaCO3 instantaneously precipitated during ureolysis (δ13Cinst.CaCO3
)

 
is 

expressed by the following equation: 

δ13
Cinst.CaCO3

 = δ13
CHCO3

- BF +1000lnαCaCO
3
-HCO

3
-  (B4) 

where 1000lnαCaCO
3
-HCO

3
- is the carbon isotope fractionation factor between CaCO3 and HCO3

-
 

during carbonate precipitation.  

 (iii) Considering that no reequilibration between solid CaCO3 and DIC occurred, the δ13
Cacc.CaCO3

 

value, being the cumulative sum of δ13Cinst.CaCO3
 values weighted by molar CaCO3 accumulation, is 

then computed as the integral of the instantaneous CaCO3 function (δ13Cinst.CaCO3
) for the whole 

precipitation interval that is from the beginning through the end of CaCO3 precipitation: 

n
nn

n

n
dCδ

1
Cδ

0
33 inst.CaCO

13

0

acc.CaCO

13

∫−
=   (B5) 

where n0 = 0 and n is the nCaCO3
 value measured at the end of the experiment.  

Combining Eqs. B3, B4 and B6 yields: 
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The resulting δ13
Cacc.CaCO3 

value curve calculated assuming precipitation at carbon isotope 

equilibrium for calcite yielded an imperfect match with measured δ13
CCaCO3

 values, especially at 

the beginning of precipitation (Fig. B4).  

 

δδδδ13C error calculation model 

Errors for δ13
CHCO3

- BF, and hence δ13
Cinst.CaCO3

, were estimated by comparing the δ13
CHCO3

- BF best-

fit curve to the experimental δ13
CHCO3

- values with a non-linear regression. The uncertainty was 

found to be ± 1.6‰ (1σ). Error for δ13
Cacc.CaCO3

 (which is a weighted average of δ13
Cinst.CaCO3

) was 

calculated from errors on δ13
Cinst.CaCO3

 (± 1.6 (1σ)) and on nCaCO3
 (deduced from error on Ca

2+
 

concentrations from ICP-AES measurements which was of ± 0.001 (1σ)). The main source of 

uncertainty being that on δ13
Cinst.CaCO3

, the error on δ13
Cacc.CaCO3 

values can be simplified as: 

n

6.1

acc.CaCO3
13Cδ

≈σ          (B7) 

with n the number of samples in the experiment from which we build the best-fit.  

Considering n varying from 1 to 27, the error on δ13
Cacc.CaCO3 

values ranged from ± 1.2‰ to ± 

0.3‰. 

 

    

Fig. B4. Carbon isotope data obtained in the experiment with carbonic anhydrase and plotted against CCaCO3
. 

Horizontal error bars are smaller than symbols. (a) δ13C values of precipitated CaCO3 (measured) and HCO3
- 

(calculated) and its best-fit curve (thin black line); δ13CHCO3
- BF displays an error of ± 1.6 ‰; (b) Modeling of the 

evolution of the instantaneous δ13C values of precipitated CaCO3 calculated from with δ13CHCO3
- BF values assuming 

b a 
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carbonate precipitation at isotopic equilibrium with a constant carbon isotope fractionation factor 1000lnαCaCO
3
-HCO

3
-
 

of 0.96‰ (Equil. δ13Cinst.CaCO3
; light gray curve). Also shown is the modeling of the δ13C values of CaCO3 

accumulated over the course of the batch experiment (Equil. δ13Cacc.CaCO3
; bold black curve); the dashed line 

corresponds to the upper and lower limits of error propagation. Data points are the same as in (a).  

 

Assuming that the 1000lnαCaCO
3
-HCO

3
-
 
value may deviate from equilibrium at the beginning 

of precipitation, we thus recalculated the evolution of δ13
Cacc.CaCO3 

values using variable 

1000lnαCaCO
3
-HCO

3
-, until we found a good match between the obtained δ13

Cacc.CaCO3 
curve and the 

trend defined by measured δ13
CCaCO3

 values. The best-fit between newly calculated δ13
Cacc.CaCO3 

values and measured δ13
CCaCO3 

ones shown in Fig B5a was obtained assuming an initial out of 

equilibrium fractionation factor of ~ -2‰. Values for 1000lnα CaCO
3
-HCO

3
- then converged toward the 

carbon isotope equilibrium fractionation value of 0.96‰ as precipitation proceeded to completion 

(Fig. B5b). This range of  values coincides with that found in the experiment without CA (Millo et 

al., 2012) where an offset from carbon isotope equilibrium of -1.9 ‰ was also identified at the 

beginning of the experiment. This offset from equilibrium for carbon isotopes is probably linked to 

a kinetic isotope fractionation associated with the high precipitation rate at the beginning of the 

experiment, as suggested by Millo et al. (2012). Alternatively and not mutually exclusively, it could 

be due to the probable predominance of vaterite compared to calcite and aragonite at the beginning 

of precipitation. 

 

 

Fig. B5. Carbon isotope data obtained in the experiment with carbonic anhydrase and plotted against nCaCO3
. 

Horizontal error bars are smaller than symbols. (a) Modeling of the evolution of δ13Cinst.CaCO3
 and δ13Cacc.CaCO3

 

a b 
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performed assuming that precipitation initiates out of isotopic equilibrium with HCO3
-. Symbols and data points are the 

same as in Fig. B4. (b) The model prescribed a variable carbon isotope fractionation factor between CaCO3 and HCO3
- 

whose evolution is shown by the dashed black line. Initial fractionation was of ~ -2‰ and increased progressively to a 

value of +0.96‰ where it remained constant for the rest of the precipitation sequence. 

 

Overall, these calculations demonstrated that precipitation occurred mainly at carbon isotope 

equilibrium between solid carbonates and DIC and without isotopic reequilibration between CaCO3 

and DIC in the experiment with CA, as it was also the case in the one without CA (Millo et al. 

2012). The carbon isotope systematics of both ureolysis and carbonate precipitation was thus 

similar in the presence and in the absence of CA. This indicates that CA activity exerted no 

influence on the carbon isotopes systematics of bacterially-induced ureolysis and associated 

carbonate precipitation, similarly to what was observed during abiotic carbonate precipitation 

experiments performed by Uchikawa and Zeebe (2012).  

 

Table B1. Carbon isotope data obtained during the batch experiment of ureolysis and CaCO3 precipitation induced by  
S. pasteurii. with carbonic anhydrase. For carbon isotope values of the experiment performed without CA, the reader is 
referred to Millo et al. (2012). 

 

Reaction time 
(min) 

 

%AC 

(σ = ±5%) 

 

Blank–uncorrected  

δ13CDIC (‰ vs. V–
PDB) 

(σ = ±0.1‰) 

 

Blank–corrected  

δ13CDIC (‰ vs. V–
PDB) 

(σ = ±0.1‰) 

 

Blank–uncorrected  

δ13CHCO3
-
a (‰ vs. V–

PDB) 

(σ = ±0.1‰) 

 

δ13CCaCO3
 

(‰ vs. V–
PDB) 

(σ = ±0.08‰) 

 

Blank–corrected  

δ13CAC 
b(‰ vs. V–

PDB) 

(σ = ±0.1‰) 

20 2.1 -48.5 -56.7 -48.0 -55.3 -56.0 

27 5.1 -51.4 -54.9 -50.8 -55.6 -55.2 

40 7.3 -53.4 -55.6 -52.7 -51.7 -54.2 

50 4.7 -53.8 -56.0 -53.1 -54.5 -56.0 

69 9.9 -55.3 -56.4 -54.5 -54.6 -56.4 

83 14.7 -56.2 -57.1 -55.4 -55.1 -56.8 

94 22.0 -55.4 -56.2 -54.7 -55.9 -56.1 

116 22.1 -56.1 -56.9 -55.6 -55.8 -56.5 

127 29.6 -57.4 -58.1 -56.9 -54.9 -56.7 

142 32.5 -56.8 -57.5 -56.3 -55.9 -56.7 

156 39.7 -56.3 -56.9 -55.8 -56.0 -56.4 

186 49.0 -54.1 -54.7 -53.8 -55.9 -55.4 

219 40.4 -58.3 -59.0 -57.9 -56.5 -57.6 

247 53.6 -56.8 -57.4 -56.5 -55.7 -56.4 

275 53.4 -56.3 -56.9 -56.0 -56.0 -56.3 

303 60.8 -55.5 -56.1 -55.2 -55.9 -55.9 

334 66.4 -54.1 -54.6 -53.9 -55.6 -55.3 

369 64.6 -54.4 -55.0 -54.2 -55.6 -55.4 

394 70.5 -53.9 -54.4 -53.7 -55.7 -55.3 

404 67.4 -54.4 -55.0 -54.2 -55.4 -55.3 

405 71.9 -53.8 -54.3 -53.7 -55.3 -55.0 

424 69.6 -54.1 -54.6 -53.9 -56.0 -55.6 

454 71.2 -53.0 -53.5 -52.8 -55.3 -54.8 
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(a) δ13CHCO3
- values were calculated as indicated in Appendix B7 

(b) δ13CAC denotes δ13C value of the accumulated Blank-corrected DIC+CaCO3 (Eq.B1). 

 

Appendix B references  

Assayag N., Rivé K., Ader M., Jézéquel D. and Agrinier P. (2006) Improved method for isotopic 

and quantitative analysis of dissolved inorganic carbon in natural water samples. Rapid 

Commun. Mass Spectrom. 20, 2243–2251. 

Brungard K. L., Munakata–Marr J., Johnson C. A. and Mandernack K. W. (2003) Stable carbon 

isotope fractionation of trans–1,2–dichloroethylene during co–metabolic degradation by 

methanotrophic bacteria. Chem. Geol. 195, 59–67. 

Coleman D. D., Risatti J. B. and Schoell M. (1981) Fractionation of carbon and hydrogen isotopes 

by methane–oxidizing bacteria. Geochim. Cosmochim. Acta 45, 1033–1037. 

Heraty L. J., Fuller M. E., Huang L., Abrajano, Jr., T. and Sturchio N. C. (1999) Isotopic 

fractionation of carbon and chlorine by microbial degradation of dichloromethane. Org. 

Geochem. 30, 793–799. 

Horita J. and Kendall C. (2004) Stable isotope analysis of water and aqueous solutions by 

conventional dual-inlet mass spectrometry. In Handbook of Stable Isotope Analytical 

Techniques (eds P. A. d. Groot)  Elesevier, Amsterdam, pp. 1–37 

Mariotti A., Germon J. C., Hubert P., Kaiser P., Letolle R., Tardieux A. and Tardieux P. (1981) 

Experimental determination of nitrogen kinetic isotope fractionation: Some principles; 

illustration for the denitrification and nitrification processes. Plant Soil 62, 413–430. 

Miller L. G., Kalin R. M., McCauley S. E., Hamilton J. T. G., Harper D. B., Millet D. B., Oremland 

R. S. and Goldstein A. H. (2001) Large carbon isotope fractionation associated with 

oxidation of methyl halides by methylotrophic bacteria. P. Natl. Acad. Sci. USA 98, 5833–

5837. 

481 78.4 -52.0 -52.4 -51.8 -54.9 -54.1 

24h 90.8 -48.9 -49.1 -48.7 -54.1 -52.3 

24h 87.4 -49.2 -49.5 -49.0 -54.4 -52.7 

24h 91.4 -49.6 -49.9 -49.4 -54.7 -52.9 



  

 

Thaler et al., 

Miller L. G., Warner K. L., Baesman S. M., Oremland R. S., McDonald I. R., Radajewski S. and 

Murrell J. C. (2004) Degradation of methyl bromide and methyl chloride in soil 

microcosms: Use of stable C isotope fractionation and stable isotope probing to identify 

reactions and the responsible microorganisms. Geochim. Cosmochim. Acta 68, 3271–3283. 

Millo C., Dupraz S., Ader M., Guyot F., Thaler C., Foy E. and Ménez B. (2012). Carbon isotope 

fractionation during calcium carbonate precipitation induced by ureolytic bacteria. Geochim. 

Cosmochim. Acta 98, 107–124. 

Romanek C. S., Grossman E. L. and Morse J. W. (1992) Carbon isotope fractionation in synthetic 

aragonite and calcite: Effects of temperature and precipitation rate. Geochim. Cosmochim. 

Acta 56, 419–430. 

Uchikawa J. and Zeebe R. E. (2012) The effect of carbonic anhydrase on the kinetics and 

equilibrium of the oxygen isotope exchange in the CO2–H2O system: Implications for δ18O 

vital effects in biogenic carbonates. Geochim. Cosmochim. Acta, 95, 15–34. 

Zhang J., Quay P. D. and Wilbur D. O. (1995) Carbon isotope fractionation during gas–water 

exchange and dissolution of CO2. Geochim. Cosmochim. Acta 59, 107–114. 



  

 

Thaler et al., 

Appendix C.  

        

C1. 1. 1. 1. δδδδ
18

OCaCO
3
 and 1000lnααααCaCO

3
-H

2
O equilibrium values calculations 

 

We have calculated possible equilibrium δ18
OCaCO

3
 values for calcite precipitated in our 

experiments based on three different sets of equations from the literature (Kim and O’Neil, 1997; 

Coplen, 2007; Chacko and Deines, 2008) and also use Zeebe (2007) Dietzel et al., (2009) and 

Gabitov et al., (2012) to discriminate different fractionating processes. When it is not specified, we 

made calculation using T= 30°C and δ18
OH2O = -6.8 ± 0.1 ‰. In all calculations, the temperature T 

is in Kelvin. Equilibrium δ18
OCaCO

3
 values for our experiment are calculated with the δ18

OH2O in the 

experiment with CA in order to compare them with the measured δ18
OCaCO

3
 and are given with 

respect to V-SMOW. 

 

According to Chacko and Deines (2008): 

The equation has been established for temperature ranging from 0 to 900°C. 

Equation used: 1000lnαCaCO
3
-H

2
O = 1000lnβCaCO

3
 - 1000lnβH

2
O  

1000lnβ = C0 + C1·x - C2·10
-1

·x
2 
+ C3·10

-2
·x

3 
- C4·10

-3
·x

4 
+ C5·10

-5
·x

5 
- C6·10

-6
·x

6
 

with x = 106/T 

Constants C0, C1, C2, C3, C4, C5, C6 are for calcite and water, respectively: 

Calcite: 0; 11.75; 4.6655; 3.1252; 1.8869; 7.4768; 1.3404 

Water: 12.815; 6.237; 1.254; 0.2419; 0; 0; 0 

1000lnαCaCO
3
-H

2
O  = 26.65 

δ18OCaCO
3
equilibrium = 20.07‰ 

 

According to Coplen (2007): 

The equation gives satisfactory results for temperature ranging from 13 to 40°C. 

Equation used: 1000lnαCaCO
3
-H

2
O = 17400/T - 28.6  

1000lnαCaCO
3
-H

2
O = 28.80 

δ18
OCaCO

3
equilibrium = 22.26‰ 

 

According to Kim and O’Neil (1997): 

The equation has been established for a temperature range from 10 to 40°C. 

Equation used: 1000lnαCaCO
3
-H

2
O = 18030/T - 32.42  
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1000lnαCaCO
3
-H

2
O = 27.06 

δ18
OCaCO

3
equilibrium = 20.48‰ 

 

 

According to Zeebe (2007): 

We used the Excel routine given in the auxiliary material of the manuscript and working from 0 to 

50°C. Input data are temperature, pH and salinity. We obtained salinity values for each samples 

thanks to JCHESS
©
 modeling. pH are displayed in Table 1. 

27.9 < 1000lnαCaCO
3
-H

2
O < 29.3 

21.38‰ < δ18
OCaCO

3
equilibrium < 22.85‰ 

For the final pH 8.7, we obtain 1000lnαCaCO
3
-H

2
O = 28.8 

 

According to Gabitov et al. (2012): 

The equation has been established for temperature ranging from 15 to 25°C. We extrapolated it at 

30°C. It gives 1000lnαCaCO
3
-H

2
O for calcite grown at 0.2 nm/s that are not supposed to be at 

equilibrium because of their precipitation rate. 

Equation used: 1000lnαCaCO
3
-H

2
O = 17746/T - 30.238  

1000lnαCaCO
3
-H

2
O = 28.30 

δ18
OCaCO

3
equilibrium = 21.75‰ 

 

According to Dietzel et al. (2009): 

The equation has been established at 25°C and 40°C; we have chosen the equation at 25°C. 

Equation used: 1000lnαCaCO
3
-H

2
O = -1.094 log R + 30.87, with R displayed in Table 1. 

4.41< log R < 5.57 

24.9 < 1000lnαCaCO
3
-H

2
O < 26.0 

18.14‰ < δ18
OCaCO

3
equilibrium < 19.44‰ 
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C2. Calculation of the relative proportions of hydration and hydroxylation  

 

The proportion of hydrated and hydroxylated CO2 in aqueous solution depends on pH (that 

controls DIC speciation), but also on temperature and solution salinity, both influencing the reaction 

rates. All the equations here used to calculate the proportion of hydration versus hydroxylation are 

described in Zeebe and Wolf-Gladrow (2001). k1 and k2 reaction constants as a function of salinity 

and temperature can be found in Millero et al. (2002); kw (water dissociation constant) can be found 

in Millero (1995). For our experimental conditions (temperature of 30°C and salinity of 6.4 kg/L) 

we obtain the distribution shown in Fig. C1. 

  

Fig. C1. Proportion of hydrated and hydroxylated CO2 at 30°C and for a salinity of 6.4 kg/L. At pH 9, 23.6% of CO2 

is hydroxylated and 76.4% is hydrated. We evaluated these proportions at pH 9 because it corresponds to the pH at the 

beginning of the precipitation when the most important isotopic disequilibrium is observed for oxygen between solid 

carbonates and water. Note that at the end of the reaction pH is lower and the percentage of hydroxylation should be 

lower, hence decreasing the overall isotope effect. 
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FIGURE CAPTIONS 

 

Fig. 1. Comparative evolution of the experiments performed with and without carbonic anhydrase 

(CA): (a) Time course evolution of ureolysis yield expressed in terms of Accumulated Dissolved 

Inorganic Nitrogen (DIN) in mM (see section 3.1); (b) Evolution as a function of time of % 

Accumulated Carbon (see section 3.1) representing the quantity of carbon from urea converted 

during ureolysis. Black symbols refer to the experiment with CA conducted specifically for this 

study. Grey symbols refer to the experiment conducted in the absence of CA by Millo et al. (2012). 

Horizontal error bars in (a) are smaller than symbols, the horizontal error bar presented in figure 1b 

is the same for figure 1a.  

 

Fig. 2. Comparative evolution of the chemical parameters measured in the course of the 

experiments performed with and without carbonic anhydrase (CA): (a) pH versus % Accumulated 

Carbon (%AC); (b) DIC concentrations (CDIC) versus %AC; (c) Precipitation yield (relative to the 

initial Ca
2+

 content in solution) versus %AC; Black symbols refer to the experiment with CA 

conducted specifically for this study. Grey symbols refer to the experiment conducted in the 

absence of CA by Millo et al. (2012). Vertical error bars are smaller than symbols in (a) and (c). 

 

Fig. 3. SEM images of the calcium carbonate precipitates obtained in the experiment with CA 

(conducted for this study) at different reaction times: (a) backscattered electron image after 180 

minutes of experiment; carbonates consisted mostly of half spheres of 5 to 10 µm in diameter (more 

rarely of larger ones of 30 µm in diameter) and of prisms of 30 to 50 µm edge length; (b) 

backscattered electron image after 300 minutes of experiment; carbonates were aggregated rounded 

prisms of 70 µm in size. Bacterial pockmarks can be seen on the surface; (c) and (d) secondary 

electron images after 24 hours of experiment; carbonates were regular half-spheres whose size 

mostly ranged from 70 to 100 µm in diameter;  
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Fig. 4. Time course evolution of the carbonate precipitation rate expressed as log R. Solid 

carbonates are assumed to be 100% vaterite (diamonds) at the onset of precipitation, and 100% 

calcite (circles) afterwards. Data of the experiment without CA (Millo et al., 2012) were reported 

for comparison. 

 

Fig. 5. Evolution of 1000lnαCaCO3-water values of carbonates precipitated during bacterial ureolysis 

plotted as a function of the molar quantity of precipitated CaCO3 (CCaCO3). Black symbols refer to 

experiment with CA; grey symbols refer to experiment without CA. Solid curves are best-fit 

functions of measured 1000lnαCaCO3-water data points. Dashed curves represent the evolution of 

1000lnαCaCO3-water values when considering an instantaneously precipitated CaCO3 (Section 4.3, 

Eq.26). Horizontal lines represent equilibrium values of 1000lnαCaCO3-water calculated for our 

experimental temperature, according to the authors indicated next to each line. An equilibrium 

range encompassing these values was established in accordance.  

 

Fig. 6. Correlation between δ13
C and δ18

O values of CaCO3 precipitated in the experiment without 

CA (δ18CCaCO3
 are from Millo et al., 2012). The correlation could either be explained by a Rayleigh 

distillation involving both C and O isotopes, or a Rayleigh distillation involving only the C 

isotopes, combined with an oxygen isotope equilibration between DIC and H2O. δ13
C data are given 

in the appendix. Error bars are smaller than symbols. 
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Fig.6. 
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TABLES 

Table 1. Chemical data and reaction parameters obtained for the experiment of CaCO3 precipitation induced by S. 

pasteurii ureolysis in presence of carbonic anhydrase. 

(a) Details on the blank correction procedure are given in Appendix B.3 

(b) No data (precipitation had already ended) 
 

 

Reaction 

time 

(min) 

 

[DIN] 

(mM) 

(σ = ±5%) 

 

Accumulated DIN 

(%) 

 (σ = ±5%) 

 

nCaCO3
 

(mM) 

(σ = ±0.01) 

 

% 

Precipitation  

(σ = ±0.05%) 

 

log R 

(µmol/m2h) 

 

nDIC 

(mM) 

(σ = 

±5%) 

 

Blank–corrected 

nDIC
a  

(mM)(σ = ±5%) 

  

%AC 

(%) 

(σ = 

±5%) 

 

pH 

(σ = 

±0.01) 

20 0.0 0.0 0.4 1.8 4.8 0.49 0.32 2.1 8.70 

27 0.2 0.4 0.8 4.1 4.8 1.05 0.88 5.1 8.86 

40 3.5 5.3 0.8 4.1 5.0 1.75 1.58 7.3 8.98 

50 3.3 4.9 0.0 0.0 5.0 1.79 1.61 4.7 8.99 

69 5.9 8.9 0.1 0.6 5.3 3.36 3.19 9.9 9.02 

83 8.5 12.8 0.8 4.0 5.5 4.23 4.06 14.7 9.04 

94 21.4 32.2 2.7 13.3 5.4 4.75 4.58 22.0 9.02 

116 21.7 32.6 2.3 11.0 5.6 5.25 5.08 22.1 8.85 

127 16.6 25.0 4.2 20.5 5.5 5.80 5.63 29.6 8.81 

142 23.3 35.0 4.9 23.7 5.4 6.10 5.93 32.5 8.89 

156 29.6 44.5 7.4 35.9 5.3 5.99 5.82 39.7 8.81 

186 33.4 50.1 9.6 46.4 5.2 6.92 6.75 49.0 8.72 

219 25.8 38.7 7.5 36.2 5.0 6.17 6.00 40.4 8.64 

247 36.8 55.2 10.5 51.0 4.9 7.53 7.36 53.6 8.65 

275 40.9 61.4 11.6 56.1 4.8 6.39 6.22 53.4 8.69 

303 39.7 59.6 13.7 66.3 4.7 6.75 6.58 60.8 8.65 

334 36.9 55.4 14.8 71.8 4.7 7.48 7.31 66.4 8.63 

369 56.5 84.8 15.0 72.6 4.6 6.72 6.54 64.6 8.64 

394 45.7 68.7 15.9 77.2 4.6 7.74 7.57 70.5 8.43 

404 51.6 77.4 16.0 77.9 4.6 6.56 6.39 67.4 8.50 

405 49.2 73.9 16.5 80.3 4.6 7.59 7.42 71.9 8.53 

424 43.1 64.7 16.1 78.1 4.5 7.25 7.08 69.6 8.50 

454 47.0 70.6 16.7 81.2 4.5 7.13 6.96 71.2 8.53 

481 50.2 75.3 17.8 86.4 4.4 8.47 8.30 78.4 8.59 

24 h 58.0 87.0 19.2 93.0 ndb 11.26 11.09 90.8 8.71 

24 h 62.8 94.2 19.3 93.5 ndb 10.03 9.86 87.4 8.71 

24 h 59.9 90.0 19.2 93.2 ndb 11.42 11.25 91.4 8.72 
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Table 2. Oxygen isotope analysis of the two experiments of CaCO3 precipitation induced by S. pasteurii ureolysis, with 

and without carbonic anhydrase. 

 
(a) No data (precipitation had not yet become quantifiable).  
(b) No measurements 

 

 

 

       

 

Reaction time 

(min) 

 

%AC  

(σ = 

±5%) 

 

δ18OCaCO3 
(‰ vs. V–

SMOW)  

(σ = ±0.1‰) 

 

δ18OH2O (‰ vs. V–

SMOW) 

(σ = ±0.1‰) 

 

Reaction 

time 

(min) 

 

%AC 

(σ = 

±5%) 

 

δ18OCaCO3
(‰ vs. V–

SMOW) 

(σ = ±0.1‰) 

 

δ18OH2O(‰ vs. V–

SMOW) 

(σ = ±0.1‰) 
15 2 nda -7.5 20 2 4.3 nmb  

20 2 nda -7.5 27 5 6.3 -7.0 

25 3 nda -7.5 40 7 4.4  nmb  

45 11 nda -7.4 50 5 9.0  nmb  

50 12 nda -7.4 69 10 11.0 -6.8 

55 10 nda -7.5 83 15 7.9  nmb  

105 28 -5.1 -7.5 94 22 15.5 -6.8 

110 38 -5.4 -7.4 116 22 14.2 nmb   

115 26 -4.6 -7.6 127 30 15.3 nmb   

165 76 -2.7 -7.4 142 32 15.4 nmb   

170 78 -3.4 -7.1 156 40 17.1 nmb   

175 59 -3.6 -7.6 186 49 17.5 nmb   

225 82 -2.0 -7.4 219 40 17.9 nmb   

230 76 -1.4 -7.5 247 54 18.3 -6.8 

235 97 -1.3 -7.2 275 53 18.5 nmb   

285 100 0.5 -7.3 303 61 18.3 -6.8 

290 98 0.1 -7.4 334 66 18.4 nmb   

295 92 0.2 -7.6 369 65 18.9 nmb   

345 102 -0.7 -7.8 394 71 18.9 nmb   

350 104 -0.4 -7.3 404 67 18.6 nmb   

355 108 1.0 -7.3 405 72 18.9 -6.7 

405 107 0.9 -7.3 424 70 19.0 nmb   

410 103 1.6 -7.6 454 71 18.9 -6.6 

415 109 0.4 -7.2 481 78 18.8 nmb   

465 104 0.9 -7.2 24 h 91 19.1 -6.6 

470 99 0.6 -7.6 24 h 87 19.2 -6.7 

475 114 -0.8 -7.6 24 h 91 19.1 -6.8 

24h 112 -0.3 -7.6      

24h 108 0.7 -7.5      

24h 110 0.1 -7.5      

Without carbonic anhydrase With carbonic anhydrase 


